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FOREWORD 

The need for teaching aids, particularly compendia of lecture notes, for 
the training of the higher categories of meteorological personnel has been expressed 
on many occasions by the various constituent bodies of the Organization. The WMO 
Executive Committee and its Panel of Experts on Education and Training agreed that 
the Organization should take the necessary steps to prepare a series of compendia 
of lecture notes in different branches of meteorology for use by Class I and Class 
II meteorological personnel. The series now consists of two Volumes each comprising 
several Parts. 

Volume I consists of three Parts dealing with dynamic meteorology (published 
in 1973), physical meteorology (published in 1973) and synoptic meteorology (pub
lished in 1978) respectively. Volume II, which covers the lecture notes in the 
applied meteorological fields, is now being prepared. Three Parts have already been 
published, namely, general hydrology (1977), aeronautical meteorology (1978) and 
marine meteorology (1979). 

This present text constitutes Part 4 of Volume II; it deals with tropical 
meteorology and has been prepared by Professor T.N. Krishnamurti to whom I wish to 
express my sincere appreciation for the excellent work he has carried out. 

I feel confident that the material contained in this publication will be an 
invaluable training aid to students and instructors alike. 

Geneva, December 1979 

~-. . 

(D. A. Davies) 
Secretary-General 





PREFACE 

The lecture notes on Tropical Meteorology are prepared for the needs of 
Class I and Class II meteorological personnel. The 21 chapters cover a wide range 
of topics from the sea breeze to the planetary scale. The lecture notes are based 
on my lecture course on tropical meteorology at Florida State University. A number 
of ideas have come from my own research group over a 10-year period. I am indebted 
to Drs. Gene Bierly, Richard Greenfield and Jay Fein for their support. A word of 
thanks also goes to Dr. H. Taba and Professor G. 0. P. Obasi for the support of this 
effort through WMO sponsorship. Finally, thanks also go to Professors R. P. Pearce, 
A. Wiin-Nielsen and Dr. Y. Ramanathan for a careful review of the manuscript. 

Tallahassee 
May 1, 1979 

T. N. Krishnamurti 





INTRODUCTION 

The first chapter considers the zonally averaged tropical circulation, but 
in doing so, presents an over-simplified view of the tropics. We ask: What does a 
typical meridional cross section of time and zonally averaged wind, temperature, 
moisture or any other property look like? This kind of a view generally appeals to 
climate modellers who wish to parameterize the overall circulation pattern (Gestalt). 
The recent essay on the General Circulation of the Atmosphere by Lorenz (1967) 
includes a large number of excellent diagrams which illustrate the meridional vari
ation of zonally averaged atmospheric properties. It is of interest to note that 
this famous essay on the general circulation of the atmosphere does not broach the 
question of maintenance of any of the individual zonally asymmetric elements - the 
so-called Gestalt - of the general circulation. The general atmospheric circulation 
means different things to different people. To some, the understanding of prominent 
time-averaged gyres such as the Icelandic low, the Aleutian low, the Subtropical 
highs, the Siberian high, the Tibetan high and prominent convergence zones such as 
the ITCZ, the monsoon troughs, etc. is essential to an understanding of the general 
circulation of the atmosphere. In this text, we shall consider all such time
averaged properties (zonally averaged or not) in our definition of the general 
circulation. 

The first two chapters of this text deal respectively with the zonally 
symmetric and zonally asymmetric aspects of time-averaged tropical flows. The 
zonally symmetric aspect has many limitations. Some of these will become more 
apparent as we go into the following chapters. It is easy to see that the zonal 
averaging does not permit us to distinguish between, for example, places such as 
the equatorial Amazon belt, equatorial east Africa and equatorial Indonesia. These 
three regions possess quite different properties. If we were to describe the tropics 
of a planetary atmosphere, some 10 million miles away via remote sensing, then per
haps we would be satisfied by an over-simplified zonally symmetric description based 
on a few numbers. The tropical Gestalt usually included elements such as subtropical 
highs, trade wind belts, trade wind inversions, trade wind clouds, oceanic and land 
area convergence zones (ITCZ), monsoon lows, heat lows, equatorial waves, easterly 
waves, tropical depressions, tropical jet streams, cross-equatorial impulses, upper 
cold lows, quasi-stationary disturbances, hurricanes, typhoons, monsoon westerlies, 
monsoon surges, floods, droughts, tropical squall lines over land and oceanic areas, 
dust storms, sea breezes and so on. The question therefore arises as to whether 
such phenomena are an over-exaggeration of the Gestalt which could perhaps be de
scribed more simply. Possibly this latter view emerges from the idea that quasi
geostrophic physics is capable of providing an adequate description for much of what 
goes on in the middle and high latitudes. It is, however, becoming quite clear that 
even in the middle and high latitudes, there exists a vast degree of complexity in 
the components of the motion systems, and they are in fact not adequately handled in 
day-to-day numerical weather prediction. The problems in low, as well as high, lati
tudes are all far more complex than they might seemingly appear. The tropical 
systems depend crucially on convection which is sensitive to a number of factors such 
as sea-surface temperature, the heat balance of the land areas, the mountains and 
scale-interactions. 
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The tropical phenomena presented above have very varied structures. The 
problems of maintenance, as far as we understand them at present, also seem to vary 
considerably from one phenomenon to the other. In some cases, subsidence and shallow 
convection play a dominant role while in others, large scale vertical motions and 
deep convection is crucial. Somewhat different physical processes usually take pre
cedence in one region as compared to another, and thus the Gestalt that emerges pro
vides a fairly complex tropical general circulation. This does make one wonder if a 
satisfactory theory of the general circulation can yet be presented taking into account 
the role played by the Gestalt. The state of the art has not gone far enough to 
permit any such unified theory of the tropical general circulation. 

A number of tropical field experiments have taken place in recent years. 
The focus has been towards understanding convection, air-sea interaction, the struc
ture of hurricane rain areas, atmospheric radiation, the tropical boundary layer and 
monsoonal circulations. We shall see later that even a seemingly simple problem 
such as an understanding of the westward propagation of a non-deepening tropical wave 
disturbance is not a simple matter. We shall find that the large scale disturbances 
whose scale is of the order of a few thousand km coexist with embedded cumulus and 
cumulonimbus clouds. Their seemingly innocuous westward motion is tied to a large 
number of subtle balances of mass, moisture, momentum, heat and kinetic energy. 
These balances are achieved by the large scale as well as by the embedded cumulus 
scale motions. Large-scale field experiments have been designed to provide answers 
to some of the questions raised in preliminary studies. Many more such field ex
periments are needed however to obtain further understanding of tropical motion 
systems. 

Frequently, a student of tropical meteorology wishes to study an episode 
of intense rainfall or floods or droughts in his or her country. It soon becomes 
evident that what seemed to be a simple episode is, in fact, a complex story of 
scale interactions. The experience can, at times, become somewhat frustrating. 
There are those who feel that a few simple and salient principles describing the 
episode should be extracted. There is no question that in the maze of complex in
teractions such an approach is desirable. This, of course, requires good intuition 
and a knowledge of the problem. The ultimate understanding of the governing physical 
processes of a phenomenon would enable one to provide a description via a physical 
model. This in turn should be valuable in predicting similar phenomena. Un
fortunately, understanding and prediction do not seem to go hand in hand. Even, if 
one knew the simplified picture of the salient dynamical and thermodynamical processes 
for, say, an African wave disturbance, one might still be far from having the ability 
to predict whether or not it would rain over northern Nigeria 24 to 36 hours ahead. 
The prediction problem is an entirely different one and entails more than a knowledge 
of the physical processes - e.g. computational procedures, initial data and adequate 
computer storage. It is also subject to the inherent limitations of predictability. 

In Chapter 3, we present an overview of some typical large-scale tropical 
disturbances. Here the student should try to contrast their structures with those 
of extra-tropical weather systems. 

In the following three chapters (4, 5 and 6) we present some background of 
the relevant radiative processes, boundary layer processes and convective processes 
that are important for understanding the details of tropical weather systems. In 
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Chapter 7 we present the sea breeze problem and the diurnal changes over the tropics 
and introduce concepts of tropical dynamics in a simple form. 

Oceanic disturbances of the Atlantic, Pacific and Indian oceans are dis
cussed in Chapters 8, 9 and 10. Chapter 11 is devoted to the typhoon problem, going 
into the question of formation, motion and structure as well as the current status of 
the modification efforts by man. The trade wind inversion which is ever present over 
tropical oceans is separately discussed in Chapter 12. The continents of Asia, Africa 
and South/Central America are reviewed in Chapters 13, 14 and 15. Here more details 
on rain-producing weather &ystems of the monsoon-affected regions of the world and 
tropical rainforests are examined. A discussion of tropical cloud cover, rainfall 
and satellite meteorology is presented in Chapter 16. Phenomena of the tropical 
upper troposphere and of the lower stratosphere are examined in Chapters 17 and 18. 
A miscellany of other tropical phenomena not highlighted above are reviewed in 
Chapter 19. The descriptions are more sketchy and illustrate a host of unsolved 
problems deserving further study. In many instances these are perhaps the very 
problems that students from tropical countries wish to study but about which, un
fortunately, very little is known at present. 

As stated earlier the general lack of meteorological observations has led 
to a number of field experiments over the tropics in recent years. Chapter 20 pre
sents a review of these from the point of view of modern observing systems and 
illustrates the kinds of problems they seek to solve. 

The final Chapter 21 of these notes is on numerical weather prediction 
techniques for the tropics. The outline here is designed to provide the background 
for some simple forecast models on relatively small electronic computers. 

An appendix provides useful mathematical frameworks for the studies of 
tropical weather systems. 





Chapter 1 

THE ZONALLY AVERAGED .TROPICAL CIRCULATION 

1.1 Introduction 

A long term averaging (over a seas·on or a month) is usually carried out 
to portray the zonally symmetric distributions of theatmosphericvariables. We 
shall use the notation: 

[~ = 
to denote a zonal average of Q around a latitude· circle, .and the notation: 

u ~ 1TQdt jr 
to denote a time average of Q over a period T • 

[o] is a function of y, p, i.e. it varies in the meridional vertical plane. 

(1.1) 

(1.2) 

In this section we shall first examine the geometry of the isopleths of the 
following quantities in this vertical plane. 

(a) 
(b) 
(c) 
(d) 

zonal velocity [DJ 
mean meridional circulation 
te~peraturr~- [r] 
mo~sture lq] 

One of the main purposes of this depiction is to take a quick look at the vertical 
structure of the tropical atmosphere as a function of latitude. In the next section 
we shall examine the important question of the zonal asymmetry of the tropical atmos
phere. References may be made to Newel! et al.,(l972) and Oort and Rasmussen (1971) 
for the diagrams in the following section-s-.---

1.2 Zonal velocity 

The easterly-westerly distribution of the zonal velocity [u]for the four 
seasons is illustrated in Figure 1.1. Over the Equator, easterlies prevail from the 
surface up to lOO mb. The climatological westerly jet, strongest near 200 mb during 
winter, should be noted. The latitude of strongest westerlies shifts from roughly 
30°N during winter to roughly 45°N during the summer season. Other interesting aspects 
of these flows are the vertical shear distributions. During summer over the belt 0 
to 20°N, easterlies increase with height. In this belt, during the northern winter, 
easterlies increase in intensity between the surface and 850 mb and decrease with 
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altitude above that level. The easterly, westerly shears at different latitudes have 
important dynamical implications. During the autumn, the tropical easterlies are 
strongest near the 300 mb surface whilst during spring this level is in the lower 
troposphere near the 700 mb surface. 

1.3 Mean meridional circulation 

This is usually depicted via the use of a streamfunction [~].-
The mass continuity equation for these zonally symmetric motions can be 

written as: 

___JY}· [~I tan <P + a [n] 0 (1.3) - -- = a il<J- a ilp 

or 
a 1-v] Cos 4> _a [n] + Cos 4> 0 (1.4) = a il<j. a P 

It is convenient to define the streamfunction for the mean meridional circulation by 
the relations: 

a [~J [n] 2Ila Cos 4> (1.5) = 
a a

8 
4> [¥] [v] 

g 

= 2Ila Cos 4> (1.6) 
a P g 

Note that [n] and[v] satisfy the continuity equation and [~J has the dimensions kg s -1 . 
What is generally available are t~ wind observations which are used first to 

construct the field of the meridional wind~]. Next the vertical motion f:QJ is 
co~struct~d from the continuity equation (1.3). Instead of looking at the fields of 

[V]and [n] we shall merely look at the field of the streamfunction [~] . Its geometry, 
via equations (1.5) and (1.6) tells usthe fields of the meridional and vertical 
velocities. 

Figure 1.2 shows the seasonal values of the mean meridional ci9culation. The 
interval between adjacent isopleths of[~] denotes the amount of mass (10 kg s-1) 
circulating in these channels. 

It should be noted that these are the diagrams that one uses to illustrate 
the so-called Hadley, Ferrel and Polar cells, the three cells of the mean meridional 
circulation. From the point of view of the tropics, the Hadley cell is the one of 
most interest and we shall examine that in Figure 1.2. The ascending and the descend
ing branches of the cell are easy to identify here. The winter and summer Hadley cells 
are more intense than those during t~e other two seasons. This diagram is based on 
studies of Newell et al.,(l972). There is an interesting seasonal shift of the lati
tude of the ascending branch of the Hadley cell, near l0°N during N summer, near 5°S du
ring N winter and near the Equator during spring. In the ascending branch of the 

Hadley cell, the intensity of rising motion is of the order of 0.4 c~1s-l, while the 
north-south component attains a magnitude of the order of 1 to 3 m s • We shall note 
from the distribution of temperature ['f]that these Hadley circulations are thermally 
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direct i.e. the r1s1ng branch is at a slightly warmer temperature compared to the 
descending branch which is at a relatively colder temperature (at the same pressure 
level). This has important implications fur the generation of zonal kinetic energy 
from the zonally available potential energy. 

1.4 Tem~rature field 

The field of zonally averaged temperature [fj (seasonal mean) is presented 
in Figure 1.3. The thermal field illustrates the strong meridional gradient in the mid
dle latitudes, and the lack of it over the tropics. Other features such as the annual 
cold tropical tropopause and warm subtropical lower tropospheric temperatures 
during the northern summer are worth noting .. It should be note.d too that the zonal 
average smooths out the land-ocean contrasts, since it does not represent either land 
or ocean. This is especially significant during the northern summer, where the zonal 
asymmetries are quite large, and the symmetric component, such as shown in Figure 1. 3, 
is not very representative of the meridional variation, except perhaps in the context 
of the generation of zonal kinetic energy by the Hadley cell. · 

1.5 Moisture field 

The field of speci fie humidity [q] is illustrated in Figure 1.4. Largest_ 
values around 18g kg-1 are found near the Equator. These should be compared with values 
of about 6 g kg-lin the middle latitudes near 45°N. An interesting consequence of such 
large magnitudes of moisture in low latitudes is the so-called virtual temperature 
correction. For a surface temperature of 20°C the corresponding correction is of the 
order of 3°C which is substantial in thermodynamical calculations. The meridional 
gradient of moisture in the tropics is large (see Figure 1.4) and gives rise to a 
considerable meridional gradient of the virtual temperature, although the meridional 
gradient of temperature (Figure 1.3 ) is smaller. 

The zonally symmetric component of moisture is again quite smooth and the 
land-ocean contrasts are not represented. 

1.6 Meridional transports by the zonally symmetric circulations 

It is well known that the Hadley 
fluxes and we shall illustrate this here. 
Lorenz (1967), we consider a variable Q. 

Let Q = Q + Q' 

cell plays an important role in poleward 
In this context, using the notation of 

where Q is a time average, and Q' a departure from a time average. We may also write: 

o = [o] + O* 

where[Q] is a zonal average and Q* is a departure from a zonal average. Using the 
above two relations the total meridional transport of Q. can be written in the form: 
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In Tables 1.1 through 1.5 we show the following meridional transports for 
January and July, from Oort and Rasmussen (1971): 

(i) 
(ii) 
(iii) 
(iv) 
(v) 

momentum 
sensible heat 
potential energy 
latent heat, and 
kinetic energy. 

The transports by the three processes are identified by the following letters: 

TE Transient eddies 
SE Standing eddies, and 
MMC Mean meridional circulation. 

The calculations here are only for the northern hemisphere. Of interest 
for the tropical atmosphere are the entries at the Equator, l5°N and 30°N. During 
the northern winter the mean meridional circulation is fairly intense between the 
Equator and 30°N. We note that at the Equator and 15°N a large proportion of the 
transport is carried out by the mean meridional circulations. This is especially 
large for the sensible heat, potential energy and latent heat. As regards fluxes 
of momentum and kinetic energy, the transports by transient eddies begin to become 
large at 15°N and polewards. During the summer season the Hadley cell between the 
Equator and 30°N is considerably weaker and transports by the mean meridional circula
tions dominate only at the Equator in these tables. 

TABLE 1.1 - Meridional trans~ort of momentum* 
(units in m2s- ) 

Month Eq. 15oN 30°N 45°N 60°N 

January 
TE -0.1 3.4 13.3 11.2 2.8 
SE -0.7 0.1 4.6 0.9 -11.8 
MMC -0.8 4.9 -1.7 -2.3 0.5 

July 
TE 1.4 l.l 4.4 7.2 -0.4 
SE 0.7 2.5 3.1 0.3 -0.4 
M~1C 2.4 -0.2 -0.0 -0.9 -0.1 

*Numbers represent averages for the layer between 1012.5 mb and 
75 mb. For conversion to angular momentum transfer, 
multiply by (2~a2 cos2 ~) (p -p )g-1 

o r 
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TABLE 1.2 - ~eridional transpo:1 of sensible heat* 
(units in °C m s ) 

Month Eq. 15°N 30°N 45°N 60°N 

January 
TE 
SE 
MMC 

July 
TE 
SE 
MMC 

*Numbers 
75 mb. 
by (21ra 

-0.4 -0.8 4.7 6.9 8.6 
-0.0 0.0 2.2 10.3 7.8 

-27.0 -23.0 4.0 7.0 -3.0 

0.1 -0.3 0.3 4.1 4.8 
0.1 0.1 0.2 0.7 -0.6 

26.0 -1.0 2.0 4.0 1.0 

represent averages for the layer between 1012.5 mb and 
For conversion to units of energy transfer, multiply 
cos ~)cp(p -p )g-1 

o r 

TABLE 1.3- Meridional transport of lotential energy* 
(units in 102 gpm m s- ) 

Month Eq. l5°N 30°N 45°N 60°N 

January 
TE -0.0 -0.1 -0.2 -0.4 0.2 
SE -0.0 -0.0 -0.1 0.1 0.2 
MMC 40.0 37.0 -6.0 -14.0 6.0 

July 
TE 0.0 -0.0 -0.0 -0.2 -0.0 
SE 0.0 -0.1 -0.0 0.0 0.1 
MMC -40.0 2.0 -4.0 -7.0 -1.0 

*Numbers represent averages for the layer between 1012.5 mb and 
75 mb. For conversion to units of energy transfer, 
multiply by (27ra cos ~)(p0-pr)g-l, (1 gpm = 10m2 s-1) 
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TABLE 1.4 - Meridional transport of latent heat* 
(units in g kg-1 m s-1) 

Month Eq. 15°N 30°N 45°N 60°N 

January 
TE 0.3 0.8 2.1 1.5 0.9 
SE -0.0 0.2 0.4 0.7 0.2 
MMC -3.8 -3.5 0.1 0.5 -0.1 

July 
TE -0.1 0.3 0.5 1.6 1.3 
SE 0.0 0.4 1.3 -0.0 -0.0 
MMC 5.0 0.1 o.1 0.6 0.2 

*Numbers represent averages for the layer between 
1012.5 mb and 75 mb. For conversion to units of 
energy t:ynsfer, multiply by (2~a cos ~) L x 

( Po-Pr )g 

TABLE 1.5 - Meridional transport of kinetic energy* 
(units in m3 s-1) 

Month Eq. 15°N 30°N 45°N 60°N 

January 
TE 20 30 360 170 lOO 
SE -0 -10 180 80 20 
MMC 30 50 -50 -50 10 

July 
TE -30 -10 10 70 -0 
SE -10 -10 0 -0 0 
MMC -30 0 -0 -20 -0 

*Numbers represent averages for the layer between 
1012.5 mb and 75 mb. For conversion to units of 
energy transfer, multiply by (2~a cos ~) x 
(po-pr)g-l 



Chapter 2 

ZONALLY ASYMMETRIC FEATURES OF THE TROPICS 

2.1 Introduction 

Seasonal or monthly mean weather maps are particularly important in the 
tropics. The following example illustrates this point. Over the North American 
continent, the January mean sea level isobar map (i.e. ~ (x,y)) consists of a large 
continental anticyclone extending southwards from the Ar~tic and Canada towards the 
southern United States. This monthly mean pattern does not reveal any of the mi
grating polar front cyclones that cause much of the weather there during the winter 
season. The reason for this is that climatological charts in middle latitudes do 
not display the transient disturbances. A similar exercise carried out over the 
global tropical belt shows that daily as well as monthly mean charts both carry much 
the same information. The subtropical highs, the equatorial troughs, the monsoon 
troughs, the trades of the two hemispheres are common in both the daily and the mean 
charts. Another way of expressing this is that climatological means carry much of 
the variance of the total motion field in the tropics. Thus an understanding of the 
maintenance of the time averaged zonally asymmetric feature of the tropics is im
portant. A student of tropical meteorology should know tropical climatology well. 

A detailed description of the time-averaged zonally asymmetric feature of 
the tropics entails knowledge of a number of variables, such as the motion, tempera
ture, pressure and moisture, at a large number of levels in the atmosphere. Much of 
the information on the time-averaged state of the tropical atmosphere is still not 
properly documented. It is a voluminous task to describe 5 or 6 variables around 
the global tropics at some 10 levels of the atmosphere for 4 different seasons. 
Instead of presenting 240 such maps we shall present some salient features of the 
zonal asymmetries of the tropics. A number of atlases of the tropical mean state 
providing this kind of information are listed in Table 2.1. 

2.2 Gradient level winds (Atkinson, 1970) 

One of the best sources of reference for time averaged low level flows 
over the tropics is the atlas by Atkinson (1970). It represents the flow field near 
the 1 km level. This atlas contains the monthly mean flows over the global tropics 
for the entire year. The observations include many decades of wind data. In this 
section, we present two of these charts, Figures 2.1 and 2.2. It is quite clear from 
these charts that the tropical flows are quite asymmetric in the zonal and meridional 
directions. The principal asymmetric features are: 

(i) The subtropical highs 
(ii) The tropical convergence zones 
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TABLE 2.1 - A list of some tropical atlases 

YEAR 
PUBLISHED 

1970 

1975 

1974 

1970 

1972 

1970 

1972 

1966 

1971 

1974 

PARAMETER PERIOD COVERED 

200 mb winds daily June 1 to August 
maps global tropics 31, 1967 

200 mb winds daily June 1 to August 
maps global tropics 31, 1972 

Mean maps of winds, All months 
temperature, all 
levels 

Mean winds, gra
dient level, 
3000 feet 

Mean winds, 
eastern Paci fie 
200, 250, 300 mb 

Mean winds, all 
levels, S.E. Asia 

Mean streamlines, 
Indian Ocean 

Streamlines, ~so

bars SFC, 200 mb 
Atlantic Ocean 

Mean streamlines, 
isotherms, all 
levels Africa 

Mean streamlines, 
isotherms, all 
levels Africa 

All months 

All months 

All months 

All months 

Summer, 1963 
Daily maps 

All months 

All months 

INSTITUTION 

Florida State 
University 

Florida State 
University 

Royal Observa
tory, Hong 
Kong 

Air Weather 
Service 
Scott, III 

Navy Postgra
duate School 
Monterey, 
Cali f. 

University of 
Hawaii 

National 
Science Found. 
Wash. 

Florida State 
University 

Florida State 
University 

Florida State 
University 
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( iii) 
(iv) 
(v) 
(vi) 
(vii) 

(viii) 

(ix) 
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The southeast and northeast trade wind systems 
The Asian monsoon flows of the summer and winter seasons 
The monsoon trough of the summer season 
The heat lows over the deserts 
The cross-equatorial flow over the Indian Ocean - Arabian Sea 
during northern summer. The intensity of this flow attains 
values close to 35 knots in the mean · 
The slightly stronger intensity of the trades over the winter 
hemisphere (Krishnamurti et al. 1 1975) 
A strong zonal asymmetry in the location of the vortices and 
stream-line convergence zones (near the ITCZ) over the oceanic 
and land areas. This is quite pronounced during the northern 
summer. During the northern winter this zone remains north of 
the Equator over the Atlantic and the eastern Pacific Ocean; 
elsewhere it is located south of the Equator. During the 
northern summer this zone is north of the Equator everywhere 
reaching as far as 25°N over northern India. 

All of these features exhibit seasonal changes. The various atlases mentioned in 
Table 2.1 provide more complete information. 

2.3 The motion field in the upper troposphere 

The depiction of the mean motion field at 200 mb has received far more 
attention in recent years because of the availability of high level cloud motion 
vectors and commercial aircraft wind reports. 

Figures 2.3 and 2.4 illustrate two typical winter and summer maps respec
tively over the global tropical belt. The salient features of the winter season 
(Krishnamurti, 1961; Sadler, 1965) are summarized in the following paragraphs. 

The subtropical westerly jet stream exhibits a quasi-stationary 3-wave 
pattern with maximum velocity off the southeastern United States, the Mediterranean 
Sea and the coast of Japan. The strongest winds are found in the latter region. The 
quasi-stationary geometry of the wind-speed field is an unexplained phenomenon. Al~ough 
there is some evidence of its relation to intense convection over three continental 
regions of the equatorial tropics, i.e. the northwestern part of South America, 
central Africa and the Indonesia/ Borneo area, these relationships have not been 
adequately exploited. The latitude of the subtropical jet streams during the north
ern winter is roughly 27°N (Krishnamurti, 1961). During this period the flows over 
the southern tropical oceans, at 200 mb, exhibit mid-oceanic troughs in the motion 
field. These troughs are found in the middle of the Atlantic and in the Indian and 
the Paci fie Oceans (Krishnamurti et al.

1 
1973). These are quasi-stationary troughs 

and their analogous counterparts are found over the northern tropical oceans during 
the northern summer, see Figure 2.4. The zonal asymmetry of the 200 mb flows during 
the r1orthern summer has been discussed at some length in the literature 
(Krishnamurti, 197la, 197lb, Krishnamurti ~J~., 1973, 1974). The salient clima
tological features of tl1ese flows are: The Tibetan and West African high pressure 
areas, the mid-Pacific trough, the mid-Atlantic trough, the tropical easterly jet 
over Asia and equatorial Africa, and the Mexican high. We shall discuss some 
dynamical aspects of these features in another section. 
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These large amplitude features of the time-averaged motion field carry 
about 50 per cent of the total variance of the total horizontal motion field. Thus 
one would see most of the above-mentioned features on daily upper-level maps during 
the northern summer (Krishnamurti et al.

1 
1970, 1975). As stated earlier, it is im

portant to appreciate and obtain a good understanding of the time-averaged large
scale zonal asymmetry of the flows. 

2.4 The temperature field 

The most conspicuous aspect of the thermal field is the zonal asymmetry 
evidently related to the land-ocean distributions. Over the summer hemisphere the 
air over the land areas is much warmer than that over the oceanic tropics, the con
verse being the case over the winter hemisphere. The most pronounced zonal asymmetry 
is found near the Earth's surface and near the 300mb surface. The former is related 
to the sensible heat flux from the land areas and the latter to deep convective and 
subsidence warming. Because of the large heat capacity of the oceans, the seasonal 
change of temperature over the oceans is small whereas the seasonal change in the 
temperature of the Earth's surface is very large. This is reflected strongly in the 
air temperature. Reference should be made to Table 2.1 for regional and global details 
of the thermal field. Figures 2.5 and 2.6 show the temperature distribution at 300 mb 
for the winter and summer seasons. The most pronounced zonal asymmetry occurs during 
the northern summer (Figure 2.6) and is due primarily to the influence of the elevated 
Asian land mass. The highest temperatures are found over the Tibetan Plateau. The 
200 mb anticyclones (Figure 2.4) over Tibet, West Africa and Mexico are warm while the 
mid-oceanic troughs are cold. During the northern winter, the thermal field at 300 mb 
shows relatively smaller temperatures over the land areas of the northern hemisphere 
(Figure 2.5) while the oceanic areas are somewhat warmer. During this period the mid
dle oceanic troughs (Figure 2.3) over the southern oceans are colder and the anti
cyclonic circulations near the land areas of the southern hemisphere are relatively 
warm. It should be noted that the amplitude of the zonal asymmetry decreases rapidly 
with height and that the phase reverses above the tropical tropopause, the troughs be
coming warm and the ridges becoming cold in the lower stratosphere. An interesting 
illustration of the zonal asymmetry of the thermal field was presented by Flohn (1968). 
This is illustrated here in Figure 2.7. This diagram shows a vertical structure of 
the temperature anomaly field at 32°N where the zonal average is removed from the 
temperature distribution at each pressure level. The high temperature region over 
the Tibetan Plateau and relatively colder regions over the oceanic tropics are clearly 
evident. These time-averaged zonal asymmetries should be viewed along with the geo
metry of the divergent east-west circulation (presented in the next section) since they 
have important dynamical implications. The temperature observations over the global 
tropical belt are still far from what is desirable to describe large-scale weather 
systems. During 1978-79 we expect to see the first global tropical data collection 
during the First GARP Global Experiment (FGGE). 
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Figure 2.7- July temperature anomalies along 32°N (Flohn) 

Positive anomalies in the upper troposphere between 30°E and 130°E; monsoon 
region. 
Positive temperature anomalies (>°C) over Tibet near 300mb. 
Low-level positive anomalies over Africa and western North America. 
Oceanic negative anomaly centres. 

2.5 East/west circulations in the tropics 

The time-averaged east/west circulations are essentially divergent motions 
and are quite analogous to the Hadley type vertical overturnings described in 
Chapter 1. 

---+ 
Here we decompose a horizontal velocity vector V into the rotational part 

and a divergent part-y+ i.e.: 
X 

---+ ---+ ---+ 
V = V '.Ir + Vx 

A time mean velocity potential X is defined by: 
-==:;: 
V = 

X 
V' X 

(2.1) 

(2.2) 
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We define the intensity of the Hadley and east/west circulations by the respective 
relations: 

1 f a x 
IH = L 

dx 
a Y (2.3) 

IE = - 1 

l: 
()X 

dy 
(y2 - yl) ax (2.4) 

where L is the length of a latitude circle and y and y
2 

are the southern and northern 
limits of a tropical channel of interest. Note lhat IH vari1s along y, while IE varies 
along x. A proper geometrical depiction of the Hadley cell can be presented on a 
meridional vertical plane while that for the east/west cell would be a zonal plane. 
The velocity potential X for a seasonal mean is obtained from a solution of the 
equation: 

(2.5) 
~ 

where V is a seasonal mean horizontal velocity vector and is assumed to be known. 
In this study there are no east/west boundaries as the latitude band of interest 
encompasses the globe, and X is set to zero at the north and south boundaries. 

It is important to recognize that most of the variance (about 80 per cent) 
of the motion field is described by the rotational part (Krishnamurti, 197la). 
However all circulations in vertical planes such as the Hadley and east/west type 
circulations are divergent circulations and are not explicitly described by the 
rotational part of the wind. These divergent circulations are extremely important 
for the understanding of the time--averaged motion field. In the following section we 
present a framework of dynamical equations that may be useful for studies of the time
averaged motions. 

The geometry of the velocity potential X and typical streamlines of the diver
gent part of the motion field are'illustrated in Figures 2.8 and 2.9 for the summer 
and winter seasons, respectively. These are based on 3-month averages for a particular 

year at the 200mb surface. As stated earlie~one could portray such fields at many 
vertical levels and for many different seasons. Furthermore, one could examine the 
interannual variability of the functions. It is quite clear from Figures 2.8, 2.9 
that the divergent circulations are present in the zonal as well as the meridional 
planes. The major centre of the east/west circulations during the northern summer 
is found on the northern part of the Bay of Bengal. This centre shifts towards 
Indonesia-Borneo during the northern winter season. The streamlines of the divergent 
part of the flows converge to the mid-oceanic troughs in these two examples for the 
summer and winter seasons. During the northern summer the divergent outflow regions 
are the region of the Asian summer monsoons and the Pacific coast of southern Mexico 
while for the northern winter season there are three such regions: the northwestern' 
part of South America, central Africa and Indonesia. These three regions of high-level 
divergent outflow coincide roughly with the three intense rainfall belts during the 
northern winter. This geometry may have some important bearing on the three waves of 
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the quasi-stationary subtropical jet stream of winter, discussed earlier. A proper 
numerical simulation of the subtropical jet streams during winter should take into 
consideration these rainfall belts, the southern ocean troughs and the geometry of the 
east/west and Hadley type vertical overturnings. We shall discuss this aspect further 
in our discussions of the dynamics of these jet streams. Figure 2.10 shows a schemat
ic vertical section of these vertical circulations for the summer and the winter 
seasons. The vertical cells are time-averaged east-west circulations, somewhat analo
gous to the geometry of the Hadley, Ferrel ann Polar cells frequently portrayed 
to depict the circulations in north/south planes. Furthermore, it should be noted 
that these are thermally direct circulations (see Figure 2.7 from Flohn's study of 
the thermal field). As a consequence, these vertical circulations are capable of 
generating eddy kinetic energy on the scales of these circulations. It is felt that 
tropical planetary scale quasi-stationary waves acquire kinetic energy by this process~ 

2.6 The moisture field 

This is by far the most important scalar field in the tropics. The dis
tribution of the moisture, although to a large extent dynamically controlled, still 
determines the evolution of many smaller scale disturbances, The presence of desert 
and oceanic areas makes this field zonally asymmetric. The climatology of the moisture 
field is very important for the general circulation of the atmosphere. Observational 
inadequacies make it difficult to obtain any very reliable sources of references in 
this area. The data sources that will become available during 1979 from the First 
GARP Global Experiment are expected to be the most reliable for a description of the 
global moisture field. Scientists have asked how important the definition of the de
tailed moisture field is. Some feel that a simple zonally-symmetric geometry of the 
moisture field would adjust to a reasonable geometry in a matter of a few days of 
numerical integration in global general circulation models. This was, in fact, 
demonstrated' by Mintz in some early runs with a two-level general circulation model. 
It seems from these studies that the spatial distribution of the time-averaged 
planetary scale moisture distribution can be explained from simple formulations of 
sources and sinks and a reasonable simulation of the advection. However, the 
assumption that the moisture variable is passive and its details somewhat dynamically 
redundant, could be a disastrous one for studying the short range evolution of tropical 
weather systems. We shall discuss this further in later sections. It is felt that 
the climatology of the global moisture is an important study and hence we present here 1 

in Figures 2.11 and 2.12, two moisturf fields for January and July at 850 mb, i.e. the 
isopleths of specific humidity (g kg- units). During the northern winter, three 
regions of large specific humidity (12 g kg-1) over the northwestern part of South 
America, equatorial Africa and over Indonesia may be noted. These regions were 
earlier emphasized in the discussion of the northern winter east/west circulation 
and tropical rainfall belts. During the northern summer the regions of high moisture 
are found over the monsoon belts near the foothills of the Himalayas (14 g kg-1 ) and 
over the equatorial eastern Pacific, again closely related to the location of the 
divergent out-flows shown in Figure 2.9, Large zonal asymmetries are found during 
the northern summer near 20°N. Because of the dynamical influences of the motion 
systems, the specific humidity distribution over the tropical oceans is not uniform. 
Gradients in the east/west and north/south directions over the oceans are primarily 
associated with weather systems with ascending and descending motions. The seasonal 
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changes in the distribution of specific humidity are large. The largest values of 
specific humidity are found over the land areas and not over the oceanic tropics. 
This is related to larger temperatures of land areas which can hold large amounts 
of moisture prior to saturation, the monsoon belts being the moistest in this sense. 

2.7 Sea*level pressure 

Here we shall present sea-level isobars for January and July (see Figures 
2.13, 2.14 from the Atlas of Crutcher and Davies, 1969). The January features are 
dominated by the strong pressure gradient near 100°W over Asia, i.e. south of the 
Siberian surface anticyclone. The subtropical highs are better organized over the 
northern oceans during the northern summer and less so during the northern winter, 
The descending branch of the Hadley Cell is more intense near 30°N during northern 
winter compared to the northern summer (Figure 1.2). The subtropical highs have 
intense descending motion towards the eastern part of the anticyclonic circulations. 
The descent is in part contributed by the east/west circulations of the northern sum
mer (Figures 2.8 and 2.9), which would account for the intensity of the subtropical 
high during the northern summer. The equatorial trough (low pressure belt near the 
Equator) is found as far as 20°N during the summer monsoon season over the Asiatic 
land mass. The pressure field has frequently been described in meteorological 
literature. It should, of course, be said that the various references show some 
differences in the distribution of pressure for the same month for different years. 
The zonal asymmetries of the pressure field are consistent with the asymmetries of 
the other time-averaged fields discussed in the previous sections. 

2.8 Other parameters 

The tropical climatologist should have a ready source of reference on the 
zonal asymmetries of several other observed and derived variables that cannot be 
easily presented in this kind of text. Among these,one of the most important fields 
is that of sea-surface temperature. One of the best sources of reference on this is 
a new data set compiled by the Rand Corporation in Santa Monica, California (Alexander 
and Mobley, 1974). This compilation contains a global ocean temperature distribution 
for a one degree latitude by one degree longitude mesh of grid points. Values of 
monthly averages for all twelve months are available. 

Th~ following 1s a list of some other useful parameters: 

(i) 

(ii) 
(iii) 
(iv) 
(v) 
(vi) 
(vii) 

Height of base and of the top of the trade wind inversion (Riehl, 
1945, Neiburger and Chien, 1957) 

Monthly mean cloud amounts (Sadler, 1970) 
Satellite digital cloud brightness charts (Taylor and Winston, 1968) 
Orography, mountain heights (Gates, 1973) 
Albedo of the Earth's surface (Katayama, 1967a) 
Tropical monthly rainfall (Wernstedt, 1972) 
Monthly mean total solar radiation reaching the Earth's surface 
(Katayama, 1966, 1967a, b) 
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JANUARY 

Figure 2. 13 - Mean sea-level pressure in millibars (after Crutcher and Davis) 

JUlY 

Figure 2.14- Mean sea':' level pressure in millibars (after Crutcher and Davis) 



(viii) 
(ix) 
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Net outgoing longwave radiation {Winston, 1967) 
Monthly mean net solar radiation absorbed by the 
troposphere (Katayama, 1966, 1967a,b). 

There are, furthermore, charts of dynamical parameters such as 
energy, momentum and moisture transports and fields of convergence of fluxes, 
etc.; these again exhibit large zonal asymmetries in the tropical atmosphere. 
We shall refer to these in the discussions of transient motions of the 
atmosphere. 



Chapter 3 

A SURVEY OF TROPICAL DISTURBANCES 

3.1 Introduction 

In the previous two chapters we have considered the time-averaged 
climatology of the tropics. The transient motions in the tropics occur on a 
wide range of scales from cumulus clouds and sea-breeze phenomena to plane
tary waves and transient Hadley cells. There have been two approaches to 
the study of tropical transient disturbances. The first of these consists of 
the classical synoptic analysis techniques developed by Palmer, Sadler and 
others. In thes~ one portrays the two-dimensional analysis of scalar and 
vector fields for several map times and at several vertical ·levels of the 
atmosphere. Aids such as vertical cross-sections, time sections, satellite 
photographs, past history and dynamic redundancy usually play an important 
role in such analyses. The second approach uses a space-time filter to iso
late dominant disturbances, e.g., up to 1000 km and 3 to 5 day time scales. 

Streamline-isotach analysis is a very useful aid in the identifi
cation of tropical disturbances. The analysis of the temperature field is 
not always an easy task, but it should be carried out whenever possible. The 
thermal amplitude of synoptic scale disturbances is generally large (> lOC) 
over land-area tropics, and in the upper troposphere over most of the tropics. 
Sea-level pressure is also a desirable field to analyse and this should also be 
attempted, especially for land-area disturbances. The field of relative 
humidity is important for defining the moisture distribution in synoptic 
scale disturbances. This should be analysed first at the surface and then at 
850 and 700mb. The use of microwave radiometric information from polar 
orbiting satellites can be useful in providing a vertical constraint on such 
analyses, i.e., the field of total precipitable water. However, its avail
ability in operational time is virtually non-existent in most developing 
countries. 

The tropical analyst should also have access to the monthly mean 
climatology for his region. This should include detailed maps of most of 
the fields discussed above. 

Far more important than any of the above are satellite images. 
In order to follow the life cycle and passage of tropical disturbances ef
fectively, a ground station with picture receiving capability is essential. 
Pictures from satellites, with day and night imagery (visible and infra~red) 
are received by a number of developing countries. 

Other analysis aids include construction of time sections and 
vertical cross-sections. The availability of information from radar sets at 
airports and at weather services is also extremely useful for tropical ana
lysis. Many disturbance lines are essentially mesa-scale and it is not 
always possible to locate these in operational practice without the aid of 
radar imagery. 
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The disturbances of the so-called "synoptic scal~0 have their maximum in
tensity in the lower, middle or upper troposphere. A variety of tropical disturbances 
is usually found in different parts of the world. Figure 3.1 lists some salient 
tropical transient phenomena of the lower troposphere" In this list there are a 
number of westward propagating wave disturbances whose vertical structure is not 
quite the same in different regions. This category includes the near equatorial ITCZ 
waves which can be seen over the entire tropical oceanic belt. There are tropical 
oceanic depressions, monsoon depressions, easterly waves, equatorial waves, African 
waves, and monsoon cyclones among the major disturbances. There are also some other 
phenomena such as the low level jet and trade inversions. These latter are very 
important. A separate discussion of hurricanes and typhoons is presented later. 

3.2 Some selected disturbances 

We shall next review some observational aspects of certain wave type disturb
ances. Figure 3.2 shows the structure of the surrounding (environmental) zonal wind 
where such disturbances have been observed. The season is northern summer and the 
latitudinal belt is between 5°N and 25°N. In the Caribbean, there are low level east
erlies and high level westerlies (during the early summer season), The depth of the 
monsoon westerlies increases from Africa to India and decreases east of that. In 
most of this part of the global belt,easterlies increase with height in the upper 
troposphere. Farther to the east over the central Pacific, the lower tropospheric 
monsoon westerlies are absent and easterlies increase somewhat with height in the 
middle troposphere. 

Figure 3.3 illustrates the vertical structure of some typical disturb-
ances that are found in these five regions. The abscissa in these drawings is a 
west/east co~ordinate. These are based on synoptic studies of Baumhefner (1968), 
Pedgley and Krishnamurti (1976), Krishnamurti et al., (1975) and Reed and Recker (1971). 
The last two are based on composite methods. In these, the approximate horizontal 
scales of the disturbances are as follows: 

Caribbean Easterly Wave 1000 km 
African Monsoon Cyclone 2000 km 
Monsoon Depression 2000 km 
Western Pacific ITCZ Wave 2000 km 
Central Paci fie ITCZ Wave 2000 km 

It should be noted that a wide range of scales can be found in observations and the 
true appreciation of these can be obtained by examination of daily weather maps at 
different regional meteorological forecast centres. All of these disturbances are 
known to propagate westward at a speed of roughly 5° to 7° longitude per day. We shall 
comment further on this later. 
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The three panels in the vertical (Figure 3.3) show respectively the 

Top: 
Middle: 
Bottom: 

Temperature anomaly (°C) 
Meridional wind (m s-124 _1 
Absolute vorticity (10 s ) 

We note significant differences in the structure of these disturbances. The thermal 
amplitude of the oceanic disturbances is small (abou't 1°C) compared to the land 
area monsoon disturbances (2°to 3°C). The West African monsoon cyclone is a shallow 
disturbance and above 500 mb the thermal field does not seem to have much definition. 
The Indian monsoon depression does seem to have a well-defined cold core in the lower 
troposphere and a warm core in the upper troposphere. The thermal structure of the 
oceanic disturbance shows a very weak cold core near the sea surface in the sub-cloud 
layer below 900 mb. The meridional wind structure is usually quite variable in these 
disturbances, and the amplitude in most instances lies between 4 and 8 ·m s-1. E~cept for 
the West African monsoon cyclone, the wave structure of most of these disturbances 
seems to extend up to 400 mb. The vorticity isopleths of the lower panel show a gra
dual decrease of cyclonic vorticity with height for the Caribbean easterly wave. The 
West African monsoon cyclone has negligible cyclonic vorticity above 600 mb. The 
Indian monsoon depression extends all the way up to 300 mb, and the west central 
Pacific composite ITCZ waves have an anticyclonic circulation in the upper troposphere. 
However, the magnitudes are extremely small in the Pacific ITCZ waves. This may be 
a consequence of the compositing procedure of many individual waves. The intensity of 
these five disturbances can also be viewed from the point of rainfall rates. In these 
examples the observed rainfall rates were as follows: 

Caribbean waves 2.5 -1 cm day_1 West African monsoon cyclone 2 cm day_1 
Indian monsoon depression 20 cm day_1 
Pacific ITCZ waves 2 cm day 

The land area monsoon depressions(and also oceanic tropical depressions) are the more 
vigorous disturbances. They come next in class to hurricanes and typhoons in their 
rainfall intensities. The structure of the oceanic tropical depression is not illus
trated here. They usually form in the tropical oceans from waves and vortices in 
shearing currents in the region of the intertropical convergence zone. 

The life cycle of these disturbances is roughly 3 to 6 days. Wind observa
tions suggest that the frequency of the disturbances is roughly one in about five 
days, except for the land area monsoon depressions,which are found to occur one in 
roughly two weeks during the monsooh months. 

The dynamics of these disturbances are not too well understood. Selected 
case studies suggest the following barotropic energy exchanges: 

Caribbean region Barotropically stable, energy exchange primarily 
from eddies to zonal (Krishnamurti et al., 1973, 
Tripoli and Krishnamurti, 1975) ~ 



West Africa 

Monsoon depression 

Western Paci fie 
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Barotropically unstable (Tripoli and Krishnamurti, 
1975, Burpee, 1972, Reed et al., 1977) 

Weakly barotropically unstoble, (Krishnamurti et al., 
1975) 
Barotropically unstable (Nitta and Yanai, 1969). 

The information presented above is based on a number of regional studies ·utilizing 
the lower tropospheric data. Not much information is available on the generation of 
eddy kinetic energy from eddy available potential energy. There is, however, reason 
to believe that cumulus convection would generate substantial amounts of eddy availa
ble potential energy in these rain producing systems and hence might be an important 
source of eddy kinetic energy. In order to carry out detailed observational energe
tics experiments one would need observations on the mesoscale where the rain produ
cing disturbances may have large energy conversions. Except for a few field experi
ments, such as BOMEX, GATE and ATEX,such observations are simply not available. Much 
of. these data sets remain to be analysed in this context. Next we shall make some 
remarks on the westward motion of these disturbances. 

3.3 Westward motion of the tropical disturbances 

As stated earlier, tropical disturbances all seem to propagate westward with 
a speed of roughly 5°to 7° longitude per day. As shown in Figure 3.1, the basic zonal 
current in the lower troposphere is quite asymmetric in the zonal direction. It turns 
out that this is an important feature for some aspects of the dynamics of these systems. 

Studies of the Caribbean easterly waves suggest that their westward motion 
may be P.rimarily dominated by barotropic dynamics, i.e. to the west of the trough 
line ~ >0 because of the beta effect and the advection of cyclonic relative 
vorticity. The divergence term of the vorticity equation has the opposite effect s~nce 
convergence and upward motion are found east of the trough line in this case. 

In the case of West African disturbances, their westward motion may be 
described by quasi-geostrophic physics. In this situation advection of the warm dry 
desert air gives rise to substantial ascent and convergence west of the trough 
line. The westward motion is found to be, in some cases, primarily due to the beta 
effect and the convergence term. The relative vorticity advection at low levels tends 
to be negative west of the trough line and it has an opposite effect. 

The westward motion of the monsoon depression is a complex problem. The 
depression moves westwards in a broadscale southwesterly current. Some recent studies 
on. the westward motion of a depression suggest that the barotropic and quasi-geostro
phic dynamicsare found to be inadequate to describe its westward motion. We shall 
discuss this in some detail in the section on monsoon disturbances. We note here that 
the influence of mountains and the convergence associated with the monsoon cloud 
clusters all have a significant influence on the westward motion of the disturbance. 
The student of synoptic meteorology should recall the following equations for the phase 
speed of Rossby .waves and divergent waves respectively : · 
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c ~ u -------~1--------------~a~o~ 
+ '1.3 + '14 

(3.1) 

a-x 
The latter formula is due to Petterssen (1956) where n1, n?, n3, and n4 are 

functions of the zonal velocity, the width of the current, the curvalure of flow and 
the latitude. In a westerly trough 112 > 0, and the effect of convergence (D stands 
for divergence) ahead of the trough is to speed up the motion of the trough. This 
formula is useful for investigating the influence of convergence and divergence on 
the phase speed of wave disturbances. In the tropics westward propagating disturb
ances would speed up if low level convergence occurs ahead of (i.e. west of) the 
trough line. In this situation 

u ~ 0, 
2 2 

- i3L /4n ~ 0 , 112 aD < 0 
ax 

The denominator is positive since n3 and n
4 

are positive and "(<1. Hence c <0 and the 
divergence term n2~ contributes to a faster westward propagation. One should 
ask in a given situation which factors contribute to the magnitude of divergence D. 
Many factors such as quasi~eostrophic physics, mountains, and convection need to be 
examined to determine their influence on the divergence distributions. Tropical 
disturbances usually tend to set off local east/west overturnings on the scale of the 
disturbance. This overturning is accompanied by lower tropospheric convergence and 
divergence distributions. These in turn may at times give a sizeable magnitude for 
. ..!D. and thus the local east/west overturnings have an influence on the speed of 
pt~pagation of the disturbance. A word of caution is necessary here with regard to 
this review of some salient disturbances. The variability of the structure of disturb
ances is quite large from one case to another. As a result, a blind application of 
the ideas expressed above may prove to be disastrous in some situations. Each event 
should first be examined in detail in its own light,and diagnostic models can be 
extremely useful in revealing the mechanics of each. Only by examining a vast number 
of disturbances can one learn about the atmosphere. One simple reason for this high 
degree of variability is that there are several scales of motion present ''simultane
ously~ along with the disturbances one is interested in. The physics that govern the 
different scales is quite different,and scale interactions make it an extremely hard 
problem. 

3.4 Composite tropical disturbances 

This introduction would not be complete without a reference to some recent 
attempts to obtain composite structures of tropical disturbances. In this area promi
nent contributions were made by Williams (1970), Reed and Recker (1971), Yanai et al., 
(1973), Reed et al., (1977), and many others. 

This approach is primarily necessitated by the lack of observations over the 
tropics. It goes well beyond the determination of a structure of the mass, motion, 
thermal and moisture variables of the composite storms. It is, in fact, designed to 
ask questions regarding the parameterization of cumulus scale motions which are not 
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easily obtainable from observations on the synoptic scale. Being truly diagnostic 
approaches, they assume that the time tendency terms of the large scale are known and 
the cumulus scale properties are unknown. In particular, such approaches are designed 
to provide information regarding the vertical mass flux by an ensemble of cloud popu
lations, the vertical distribution of cumulus-scale heating and the distributions of 
fluxes of momentum, vort ici ty and moisture. The preparation of a composite of observa
tions over many days,which provides the fields of large scale variabies and the mean 
speed of propagation of the disturbance, is not an easy proposition. Many assumptions 
that 1'border on details of cloud physics~ need to be made in order to close these sys
tems. Several of these assumptions are not fully justified at the present state of the 
art. 

3.5 Western Pacific Ocean cloud clusters 

Williams and Gray (1973) placed a rectangular mesh of grid points (4 degree 
squares) on satellite photographs of cloud clusters classified into various different 
categories. The upper air network of weather stations is located in these composite 
coordinate squares, the(O, 0) square being at the centre of a cloud cluster. Some 
results of their compositing for a so-called 1'composite cloud cluster~ are illustrated 
in Figure 3.4. The major message is that the conservative cluster over the western 
Pacific carries a cyclonic relative vorticity of the order of 0.7 x lo-5 s-1 in the 
troposphere below 400mb, and it is capped by an anticyclonic vorticity centre in the 
upper troposphere. The corresponding divergence profile shows that there is a deep 
layer of convergence which extends all the way to 400 mb with divergence prevailing 
in the upper troposphere. The magnitude of convergence is about 0.4 x lo-5 s-1. This 
is a very weak disturbance. The upward large-sca~e vertical motion is of the order 
of 150mb day-l (or roughly 1 to 2 cm day-1), The new information is the rather high 
level of non-divergence and the middle tropospheric convergence. In the pas~much 
emphasis had been placed on boundary layer convergence and high level divergence in 
tropical disturbances. The middle tropospheric convergence is considered to be a 
feature of the cluster-dynamics. Its full implications are not quite clear as yet. 
This study of William and Gray (1973) and an earlier study by Riehl and Malkus (1961) 
emphasize a vorticity and a heat imbalance problem which is well illustrated by these 
data sets. 

If we consider only the large scale convergence (such as illustrated here), 
it is easy to note that an accumulation of vorticity would result below 400 mb and a 
depletion above 400mb. In order to illustrate this, consider the vorticity equation; 

!.£ = at 
v. (~V) - _a_ 

a a P 
V, V- k. 

-
---? 

Vw X 
av 
ap 

Integrating this equation between 1000 and 400mb, -~(~aV) would give a net conver-
gence of flux of vorticity, since inflow correlates with cyclonic vorticity. -: ~a 
would be small since w vanishes near the ground and ~a is very small at 400 mb.Th~ term 

~ v.~ would give a net increase of vor~ity because convergence correlates 
with ~yclonic vort ici ty below 400 mb. - k.v.w x ~ would be a small term for the large 
scale, since the vertical shear of wind is quite small below 400mb. As a consequence, 
a vorticity budget belo~ 400 mb yields: 

1 1000 
r if dp > o ( 3 • 3) g )400 
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The converse is the case above 400 mb. In this discussion, no mention is made of 
cumulus scale motions which would have to provide a balance for these slow moving 
conservative cloud clusters. The role of the cumulus scale would be to remove the 
excess vorticity from the lower levels and deposit it at the upper levels where a 
deficit is being created by the large scale motions. The precise manner by which this 
is accomplished is an unsolved problem. 

The heat balance paradox is a similar story. Consider the following heat 
budget equation: 

...!.E 
at m 

= - \7. ( EmVH) - ....!. (wE ) + H + LEs + HR ap m s 
(3 .4) 

= Lateral convergence + Vertical convergence + Boundary fluxes + Radiation 

where Em is the moist static energy, 
Hs ~s the sensible heat flux from the ocean, 
Es is the evaporative flux of moisture from the 
HR is the net radiative warming. 

The moist static energy E contains three parts: 
m 

E =gz +CT+Lq 
m P 

= Potential energy + Enthalpy + Latent heat 

ocean, and 

(3.5) 

The vertical profile of moist static energy has a minimum value generally near the 
700 mb surface in the tropics. This is related to the large-scale conditional 
instability of the tropics, If a large scale three-dimensional mass of air is defined 
by a relation~ 

1000 

M = ~ J J J dxdydp (3.6) 

p = 700 y X 

where the limits on x and y are of the order of several hundred km and the mass enclo
ses the centre of the disturbance, then upon integration of the heat balance equation 
over the mass of the domain, we would note that boundary fluxes would supply energy 
to the box, lateral convergence - \7~m would bring in larger values of heat compared 
to what goes out at the top (i.e. - ~ (wEm),the vertical flux term), and as a 
consequence a net accumulation of heat results in the lower box and the converse occurs 
above the 700 mb level. A near steady-state tropical disturbance cannot be maintained 
by the large scale mass inflows and outflows under these circumstances. Here again, 
one views the cumulus scale motions playing the role of removing the excess heat from 
the lower troposphere and depositing in the upper troposphere where there is a deficit. 
The precise manner by which this is accomplished in nature is a current major problem 
under the heading of "Parameterization of cumulus convection". This problem is receiv
ing much attention in tropical meteorology today. We shall discuss this separately. 
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3.6 The Reed and Recker composite wave 

This is another major study of the composite structure of some 18 disturb
ances in the west central Pacific over the Marshal! Island network. Their reference 
for compositing was obtained by constructing a mean trough line (meridional wind 
V = 0) for the layer from the surface to 500 mb. For each day, a line was so identi
fied and all the weather stations located relative to it. The structure yielded a 
composite which was divided into some 8 categories, i.e. from the ridge line to the 
trough line and on to the next ridge line. The raw data was first.smoothed via a 
wide band pass filter that removed high frequency information below 2-day inter
vals and also removed low frequency informaticin beyond 20 days. This procedure 
produced a data set that is currently much used by many research meteorologists. 

Figure 3.5 illustrates the structure of Reed and Recker's composite 
wave. The salient features are quite similar to those noted by Williams and Gray. 
The composite wave was travelling at a speed of roughly 9ms-l or about 7° longitude 
day-1. Its wave length was roughly 2000 km. The thermal amplitude of the wave is 
very small (0.5°C). This is probably an underestimate due to the compositing process. 
Likewise it seems that the relative vorticity is somewhat underestimated. An exami
nation of the v-component and the relative vorticity suggests that the wave below 
500 mb is cyclonic and above 300 mb has an anticyclonic circulation. There is a deep 
layer of convergence that extends to nearly 400 mb and in the upper troposphere there 
is divergence. As stated earlier, rainfall rates of the order of 1-2 cm day-1 were 
noted in this disturbance. Contrasted with other tropical disturbances, this is a 
very weak disturbance. One of the major accomplishments of this study was the de
termination that the vertical mass flux is in the cloudy part of the wave. An 
attempt was made to determine the vertical distribution of the heating function in 
the wave. We shall describe this elsewhere. 

3.7 A composite West African wave 

In a recent study (Reed et al., 1977), the observations from the GARP 
Atlantic Tropical Experiment (GATE) were used to derive the composite structure of 
the West African wave disturbance. Figures 3.6a and b show the west/east vertical 
structure of the African wave during the northern summer months. The structure 
diagram contains the following parameters: 

(i) 
(ii) 
(iii) 
(iv) 
(v) 
(vi) 
(vii) 

Meridional wind departure 
Zonal wind departure from 
Vorticity (lo-5 s-lf 
Divergence (lo-6 s- ) _

1 Vertical motion (mb h ) 

from a latitudinal average(m ~1 j 
a latitudinal average(m 51) 

Temperature deviation from latitudinal 
Relative humidity (per cent). 

Here the latitudinal average refers to a distance equivalent to that of the wave
length of this composite disturbance. 

The abscissa in these diagrams denotes the categories of the wave 
(e.g. categories 2, 4, 6 and 8 are northerly (N), trough (T), southerly (S) and 
ridge (R) respectively). 
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Composite diagram of meridional wind 
speed (m s-I) for KEP. The letters 
R,N,T and S refer to the ridge, north 
wind, trough and south wind regions, 
respectively, of the wave as defined 
by its structure in the lower tropo
sphere 

Composite diagram of temperature de
viations (OC) at various levels from 
their respective mean values at KEP 
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The meridional wind of the composite African waye has its largest amplitude 
near the 650 mb level, and the intensity is around 5 m s- . The zonal wind structure 
shows westerlies and easterlies which correlate respectively with the southerlies and 
northerlies. This implies an Equatorward transport of westerly momentum ~·v·~o). 
The relative vorticity also has a maximum cyclonic value near the 650mb level. An 
interesting aspect of the study made by Reed et al., is the presence of an anti
cyclonic relative vorticity maximum at 200 mb. This shows that the composite disturb
ance is very deep in the vertical and must extend through the entire depth of the 
troposphere. The vertical structure of the convergence/divergence field in the illus
tration shows large convergence just ahead of the surface position of the trough. 
The largest horizontal mass divergence is naturally found near the 200 mb level over 
the same region. At the intermediate levels the vertical distribution of horizontal 
mass divergence is not too well defined. The associated vertical motion distribution 
illustrated in panel (v) shows a maximum vertical velocity at 700 mb and the intensity 
is around 5mb h -1 (or 1 to 2 cm s-1). The largest upward motion occurs just ahead 
of the trough line of the West African disturbance. These results are in accordance 
with the findings of Pedgley and Krishnamurti (1976). However, this has been question
ed by West African meteorologists who find satellite cloud cover on many occasions, 
and hence perhaps rising motion to the east of the trough line. This is a point that 
deserves further careful study. The thermal field exhibits a cold core below 700 mb 
for the West African composite wave disturbance, and a relatively warm core in 
the general area of 300 to 400 mb. At still higher levels, cold anomalies are 
again noted. The last structure diagram is that of the relative humidity. The dry 
air at low levels tends to be associated with northerlies and the moist air is located 
behind the trough in the southerlies. However, at higher levels, relatively moister 
air is found over the dry air of the lower troposphere, the converse being the case 
above the low level moist air. The reasons for this are not clear at present. 

The composite African wave has a wavelength of roughly 2500 km and has a west
ward phase speed of roughly 5°to 7° longitude per day. Roughly one disturbance passes 
westward one~ every 3 to 4 days. This result is in accordance with the annual sum
maries of West African disturbances that pass Dakar (Frank, 1975). According to 
Fran~roughly 50 disturbances pass Dakar in a 7-month period (May through November) 
every year. This gives a frequency of one disturbance passage every 3 to 4 days. 

There are several important reasons why the African wave disturbance has a 
significant place in tropical meteorology. One of these is the importance of the 
African wave in West African rainfall. Another reason is that some of these become 
hurricanes upon passage into the Atlantic ocean. These will be further discussed in 
the section on Atlantic disturbances. 

This chapter giving a broad survey of synoptic disturbances has highlighted 
some salient structures. In the individual chapters relating to different regions we 
shall go into further detail on many other tropical systems. 



Chapter 4 

RADIATIVE PROCESSES IN THE TROPICS 

4.1 Introduction 

Radiative processes play a very important role in tropical weather systemso 
For an understanding of systems such as trade inversions, monsoons, heat lows, Hadley 
cells, African disturbances, tropical upper cold lows, etc., it is becoming clear that 
the role of radiation must be understood. Generally speaking, some measure of the 
total differential heating on the scale of disturbances or on domains of interest 
should be determined. The various components include heating at the Earth 0 s surface 
and in the atmosphere. Short- andlong-wave radiative processes are important in main
taining the quasi-steady thermal state of the tropical atmosphere. The temperature 
from one day to the next hardly changes, although the long-wave cooling may be of the 
order of a few degrees Celsius per day. The large scale tropical lapse rate is a 
consequence of both radiative and convective processes; the zonally asymmetric motion 
field also contributes significantly via advective processes towards the maintenance 
of the observed large-scale lapse rates. Without the radiative processes, the tropical 
weather systems cannot be maintained for time scales of the order of a week. In fact, 
for some phenomena such as sea breezes and low level jets, the radiative processes on 
much shorter time scales are important. 

Summer-time tropical desert areas tend to be very hot, with ground 
temperatures rising to near 60°C (140°F). Night-time values of ground temperature 
over deserts are known to fall to near l0°C (50°F). The Hadley and east/west cells 
have a descending branch in the tropics and subtropics where the observed air 
temperatures cannot be maintained without substantial radiative cooling. The ever 
prevalent "tropical large scale conditional instability" is also maintained by 
substantial radiative cooling above the low-cloud layers. This latter phenomenon 
is also closely linked to the maintenance of the trade wind inversion. Diurnal 
change is not only observed over land areas near the Earthvs surface, but also in 
the upper troposphere and over the oceanic tropicso 

Many of these phenomena are discussed in some detail elsewhere in these 
notes, In this chapter we shall present an outline of the important processes and 
indicate how they may be measured and/or estimated. 

4.2 Numerical calculations of radiative processes 

This is one of the most important areas of Tropical Meteorology and its 
relevance to studies in many areas will be pointed out in later chapterso 
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In dealing with tropical weather systems, the following calculations are 
important. 

(i) Short-wave rate of warming of the atmosphere as a function of 
position and time (x, y, z, t). 

(ii) ,Long-wavenet :rate of warming/cooling of the atmosphere as a 
function of (x, y, z, t). 

(iii) Heat balance of the Earth 0 s surface, as a function of (x, y, t). 

In such calculations, prevailing conditions such as the vertical distri
bution of temperature and moisture, the surface temperature of the underlying sur
face, the cloud cover, cloud heights and depth and vertical extent of dust if avail
able must be taken into account. Furthermore, soil properties such as the albedo 
of the Earth 0 s surface, ground wetness and surface roughness are also important. 
Specific examples to illustrate the many possible tropical applications are not pre
sented here; these will be considered in subsequent chapters where they are more 
relevant. 

4.3 Short-wave radiation 

-2 + The accepted value of the solar constant, S
0

, is 1360 W m = 1.997 _ 0.04 
cal cm-2 min -1 The zenith angle t is defined as the angle between the zenith 
direction and the sun. It is given by the relation: 

Cos t = Sin f/J Sin o + Cos et> Cos o Cos h 
r 

where et> is the latitude, o is the declination of the sun and hr is the hour angle 
of the sun (measured from local solar noon, e.g. six hours = 90°). The declination 
of the sun is its angular distance north (+) or south (-) of the celestial equatoro 
The optical depth of the atmosphere is a function of the mixing ratios of the 
atmospheric constituents, the pressure and the temperature distributions. It is 
usually expressed by the relation: 

w (p) = 1 
g f 

0 

p 
0.85 0.5 

q (p/p ) (T /T) dp 
0 0 

(4.3.2) 

where the path length is estimated from the top of the atmosphere (ioe. p = 0) to a 
reference level p. In radiation flux calculations W(p) is frequently regarded as a 
vertical coordinate increasing downwardso For tropospheric tropical problems water 
vapour m the principal constituent and may be incorporated using the specific 
humidity. The empirical coefficients are due to Kuhn (1963). The solar radiation 
incident at the top of the atmosphere is nowadays broken into a scattered and an 
absorbed part, Katayama (1972) and Joseph (1966). Short-wave radiation is depleted 
due to absorption by water vapour and Rayleigh scattering by aerosolso The treatment 
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of aerosols is poor in the present state of the art. Following Katayama we write: 

Scattered part = 
Absorbed part = 

0.651 S Cos ~ 
0 

0.349 S Cos ~ 
0 

(4.3.3) 

It should be noted that we are primarily interested in illustrating a 
computational procedure for estimating the role of short-wave radiative warming of 
the atmosphere (or the Earth 0 s surface). However, in discussing practical pheno
menological problems in tropical meteorology, this kind of approach is also most 
useful. The above partition of the total radiation into two parts comes from the 
theory of Rayleigh scattering, 

In the following analysis we shall first omit the attenuation of short
wave radiation by clouds. From empirical studies, Joseph (1966) has defined an 
Absorptivity function A [W] • This function tells us how much of the incoming solar 
radiation is depleted by the absorbing constituent, i.e. water vapour. Here W is the 
path length through which the radiation has to pass. He defines A [W] by the relation: 

= 0.271 (W Sec~ ) 
0.303 (4.3.4) 

The direct solar radiation reaching a reference level i may hence be written as: 

(4.3.5) 5° ( 1 - A h Sec'J) 
Note that only the Nabsorbed part1

' is attenuated by this process. In order to 
estimate the net downward flux of short-wave radiation at a reference level of the 
atmosphere we should take into account the amount of diffuse radiation that comes 
up from the Earth's surface. For this we should take into account the albedo of the 
Earth's surface, and also consider the abso~ptivity of the layer between the Earth's 
surface and the reference level i. sa { 1 - A [WJ } a is the amount of diffuse 
short-wave radiation reflected by the Earth's surface. sNote that the diffuse radia
tion is not a function of the zenith angle. Here a denotes the albedo of the Earth's 

s 
surface. 

The diffuse radiation experiences, in general, a longer path length compared to direct 
solar radiation. Joseph (1966) proposes that the absorptivity for diffuse radiation 
be written as A [ 1.66 (W) J instead of A [W] . The factor 1.66 was shown to account 
for the increased path length. Hence, we can now write an expression for the diffuse 
radiation that reaches a level i from the Earth's surface, i.e.: 

a 
s { 1 - A (4.3.6) 
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The total downward flux of shortwave radiation is then given by the relation: 

s. = sa ( 1 -A [ W i Sec ~]) - sa 11 -A [ W 0 Sec ~J } a 
~ s 

X ~ 1- A [1.66 (W w i)J~ 0 
(4.3.7) 

Next we shall outline what one can do to include clouds. 

We shall consider only one layer of clouds. 

Sa is the amount of absorbed short-wave radiation at the top of the atmosphere. 

Sa ( 1 - A [wi Sec ~ J ) 
is the amount of short-wave radiation reaching a reference level i just above the 
cloud level. The diffuse radiation emanating upwards at the cloud level is given by 
Sa ( 1- A [WeT Sec ~ J )a where WeT is the path length at the cloud top level and 

ac is the albedo fur the c~oud. Part of this diffuse radiation would be absorbed 
prior to its arrival at the reference level i. The upward diffuse radiation reaching 

· the level i is expressed by: 

Sa ( 1 - A [WeT Sec ~ J ) ac (1 - A [ 1.66 (WeT - Wi ~) 
The net absorbed downward flux of short-wave radiation passing through 
level i when there is a cloud layer present below, is given by; 

's~ "S0 
(1- A b Secs} - S0 

(1- A [weT SecS]) "c 

x (1 -A [1.66 (WeT - w)} 

a reference 

(4.3.8) 

The next logical step is to examine the amount of short-wave radiation passing through 
a cloud layer. For this purpose the absorptivity of the cloud must be defined. Since 
there is both liquid water and water vapwr within clouds, Katayama (1972) defines the 
absorptivity of the clouds by a function A [W .*] where W .*is the augmented path 
length which takes into account the equivalen¥~amount of e~tervapour within the cloud. 
If Sa is the absorbed part of the~short-~ave radiation reaching the top of the 
atmosphere, we write sa (1 - A WeT Sec~ ) as the amount reaching the cloud top. 
The amount reaching below the clo d is w itten as; 

S0 
(1- A rcT Secs]) (1- o 0 ) (1- A ~cd ) 
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To determine the downward flux of net short-wave below a single cloud in the 
atmosphere, the upward flux of the diffuse short-wave radiation rising from the tarth's 
surface must be considered. This latter calculation should be carried out as for the 
cloud-free case. The total downward flux of absorbed short-wave radiation at a re
ference below a single cloud atmosphere is thus given by: 

S~ = S
0 

(1- A rcT Sec-]) (1- •c) { 1_ A [we• + 1.66 (Wi- Web)~ -

(1- A re'+ 1.66 (W0 - Wcb)p,, (1- A [1.66 (W0 - Wi~)~ 4
•
3

•
9

) 

where w. is the path length at the reference level, 
~ 

w is the path length at the ground, 
0 

web is the path length at the cloud base, and 

w * ~s the equivalent path length of cloud. 
c 

If there is more than one cloud layer, a simple logical extension of the above 
analysis must be carried out (see Katayama, 1972 ). 

Thus far we have not addressed the scattered part of the short-wave radiation. 
The student is recommended to read scattering theory. In general it can be said that 
the rate of warming of the atmosphere by the scattered part of the short-wave radiation 
is very small. This scattered part canno~ howeve~ be neglected in the heat balance of 
the Earth's surface. The theory of scattering is too involved. Hence, we shall 
present two empirical formulae frequently used to define the scattered part of the 
short-wave radiation: 

a = 0.085 - 0.245 log (p /p Cos~) Chang (1977), for cloudless atmosphere, 
0 s 0 

where a is the albedo of the atmosphere, p is the surface pressure and p is 1000 mb. 
The sca¥tered part of the solar radiation r~aching the Earth's surface is ~iven by; 

s~ = ss (1 - a ) {1 - a .as ) 
~ 0 0 

(4.3.10) 

where Ss is the scattered part at the top of the atmosphere and a is the albedo of 
the £arth's surface. It can be shown that over periods of the or~er of several days 
this is not a negligible effect. We shall come back to this in our discussion of 
the heat balance of the Earth's ~urface. 
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4.4 Long-wave radiation 

Here, again, the approach is one that emphasizes the computational aspects. 
We shall not review here the well-known Elsasser chart although the student unfamiliar 
with it should refer to a standard text on radiation. Whereas solar radiation is 
centredaround_the 0.474 micron wavelength band, we are referringhere to emission 
centred around the 11.5 micron band. All of the long~wave radiation originates at 
the Earth's surface or from the atmosphere (and clouds). The atmosphere absorbs 
long-wave radiation much more strongly than solar ,radiation. The .fundamental laws 
such as Wien's displacement law and Kirchoff's law are central to our discussions here. 
The concept of black-body radiation is implicit in much of our present analysis of 
long-wave radiation. Among ozone, water vapo..tr and carbon dioxide, the absorption by 
water vapQE is most important for tropospheric tropical meteorological problems. The 
water vapcur absorption is strong around 6 and 20 microns (in the vibrational and the 
rotational bands respectively). The atmosphere both absorbs and re-emits long-wave 
radiation. We shall now consider the so-called Schwarzchild's equation: 

dFX = KX [ <P (X, T) - EX J du (4.4.1) 

where KX is the absorption coefficient, dFx is the change in flux in a layer of 
optical thickness du, <P (X,T) is the black-body emission as given by Planck's equation 
and EX is the flux density at wave length X , By Kirchoff's law, the emissivity of 
the layer is equal to the absorptivity ( KX du ) • This equation expresses the d.ifference 
between absorption and emission in a layer. In principle, this equation can be used 
for a model atmosphere. Howeve~ it is not well-suited for line absorbers since Kx 
varies considerably. We shall therefore describe some simple calculation procedures 
for the evaluation of long-wave radiative flux divergence, the aim being to evaluate 
the rate of long-wave heating (or cooling) at the tarth's surface and in the atmosphere~ 
Calculations for both clear- sky and cloudy situ at ions are desirable. 

First, we shall consider the cloud free case and describe the so-called 
emissivity method for estimating long-wave radiative effects. We shall examine the 
upward flux of long-wave radiation at a reference level i. This can be divided i_n_to 
two parts, part up to the level i from the earth's surface (whose temperature is T9), 
which can be written as: 

Fg t = a Tg
4 

(1- E [ws- wi] (4.4.2) 

and the part emitted by the layer between the reference level and the ground: 

where (J is 

WB is 
w. is 
~ 

E ~s 

4 a 
uT -aW 

the Stefan-Boltzman constant 
the path length at the ground, 
the path length at the reference 
the emissivity. 

(4.4.3) 

level, 
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It is possible to make use of tables of emissivity as a function of path length to ob
tain reliable estimates of the long-wave fluxes (Kuhn, 1963 ). Rodgers (1967) has shown 
that emissivity tabulations yield results almost as good as those obtained by exact 
integration of the transfer equation. The error estimates are of the order of 0.1° 
day-1 in the atmosphere,which is tolerable for most purposes. The total upward flux 
of longwave radiation at a reference level in the cloud free case is given by the sum 
of the two terms~ 

r.t = 
~ 

u Tg 
4 

( 1 - e: [ w8 - W i} + /'s 
w. 

(4.4.4) 

~ 

Here:~ is a measure of the change of emissivity with respect to the path length. 
The downward flux in the cloud free case is given by just one term, i.e.: 

F .t = 
~ r [wi - w] dW + o (4.4.5) 

If we have one cloud layer above the reference level, then the cloud will affect the 
downward flux at the reference level. Here D stands for the incoming longwave radia
tion at the top of the model. In this case we write: 

F .t = u T b4 
~ c [ J /

wi 4 ae: 
( 1 - e: W i - W cb ) - aT aW (4.4.6) 

web 
where Tcb is the temperature at the cloud base and Web is the path length at that level. 

If there is one cloud layer below the reference level, then the formula for 
the upward flux of longwave radiative flux is: 

F .t = 
~ 

T4 !!.£. 
(]' aw 

Multiple cloud layers require a logical extension of the above principle. 
The question as to what one should do within a cloud.remains an ~nsolved problem at 
this stage. In principle one could set the net heat~ng (or cool~ng) equ~l ~o zero 
if the reference level falls within a cloud layer. The net longwave rad~at1ve flux 
at any level may be written as: 

r = r.t- r.t 
~ ~ 

(4.4.8) 

and the warming (or cooling) would be determined by the divergence (or convergence) 
of flux, i.e.: 

iiT) c -
P il t longwave 

= (4.4.9) 
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The emissivity technique is fairly straightforward and can be used easily for 
evaluating the vertical profile of the long-wave radiative cooling rates. The specifi
cation of the vertical distribution of cloudiness is, however, a difficult problem. 

4.4.1 The specification of cloudiness 

The estimation of both shor~ and longwave fluxes requi~s a specification of 
cloudiness. If one is interested in a local vertical distribution of the cooling rate, 
then observations of cloudiness should be used as far as is practically possible. 
Aircraft and satellite observations are, of course, very useful. There are inherent 
problems if more than one layer of cloud cover is present. Climatology of a local 
region may be extremely useful at times. Alternate ways of specifying cloud cover 
depend on empirical formulae relating vertical distribution of relative humidity and 
cloudiness. Such formulae have been presented by Smagorinsky (1960), Danard (1969), 
and Chang (1977). It should, however, be stated that none of these are very satis
factory for the whole of the tropics. According to Chang {1977), the following 
relations between cloud-cover and relative humidity may be used: 

Low cloud 
CL = 3.3 X RH 900 - 1. 98 

amounts (4.4.10) 

Middle cloud 

CM = 2.0 X RH 700 - 0.70 amounts (4.4.11) 

High cloud 

amounts CH = 1.8 x RH SOO - 0.50 (4.4.12) 

where RH 900, RH700 and RH500 respectively denote the relative humidities at the 
900, 700 and 500 mb surfaces. These formulae are defective if the cloud amounts come 
out negative or exceed unity, in which case Chang sets the cloud amounts to zero or 
unity respectively. Some simple improvement on this is possible. 

Finally, we shall show (Figure 4.1) a comparison of several calculated and 
observed profiles from a recent study of Ellingson (1972) for the tropics. In general, 
the agreement is within l°C. Here "lOO interval" utilizes many points in the 
vertical (i.e. ~10mb resolution), based on Ellingson°s calculation. The radio
metersonde ascents made during BOMEX were available for this study. The radiometer
sonde is described later in this chapter. The Elsasser-Culbertson (1960) curve shown 
here is based on another well-known technique for the estimation of long-wave cooling 
rates. 
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Figure 4.1 - An intercomparison of different model·-point cooling-rate compu
tations with the filtered cooling rates from the radiometersonde 
ascent from Discoverer on June 3, 1969 
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4.5 Heat balance of the Earth's surface 

For most tropical meteorological problems the ocean is assumed to have an in
finite heat capacity. Since the ocean 1 s diurnal temperature changes arenot as large as 
those for land areas, one does not address the problems of the heat balance of the ocean 
surface when small time-scales of atmospheric changes are considered. When one is 
concerned with monthly or seasonal changes, the oceanic problem becomes very important. 
The land-surface heat balance problem is very important from the point of view of 
both meteorology of motion systems and agriculture. As an example, the land surface 
of desert areas exhibitsdiurnal changes of the order of 30° to 40°C. The elements of 
the heat balance at the Earth's surface are the following: 

(i) Net incoming short-wave radiation at the Earth's surface: 

d = (1- a ) 
s s 

(S s + S a) 
0 0 

(4.5.1) 

where a is the albedo of the Earth's surface and S0 s and S0 a are respectively the 
scatter~d and absorbed part of the solar radiation reaching the Earth's surface. 

(ii) Net downward flux of long-wave radiation at the tarth's surface: 

4 
- u T 

g 
(4.5.2) 

where F! is the downward flux from the atmosphere and the clouds and' T is the 
tempera~ure of the ground surface. g 

(iii) 

(iv) 

Upward (or downward) sensible heat flux over land areas, H • 
s 

Upward (or downward) flux of latent heat over land areas, HL. 

The heat balance condition may be expressed by: 
aT 

C a{ = F J+ FJ- Hs - HL (4.5.3) 

where C is the heat capacity of the soil. We shall describe methods of estimating H 
s 

and HL in the next chapter on the boundary layer. They depend on a number of para-
meters such as ground wetness and surface roughness. If the heat capacity of the 
ground ~s assumed to be zero, then we can write; 

(4.5.4) 
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This equation is used to solve for the diurnally varying surface temperature. Surface 
temperature appears generally in the formulations of Ft, Fct, H and HL• This is a 
transcendental equation for the surface temperature, a~d numer~cal methods such as the 
Newton-Raphson method may be very useful in its determination. The diurnal change is 
incorporated by the inclusion of a varying zenith angle of the sun. In balanced 
state,diurnal variation over warm land areas is accompanied by substantial diurnal 
changes in the fluxes of Ft, FJ, H and HL• The formulae should be tested against 
ground-based measurements 5f surfac~ temperature, The energy-balance relation is also 
frequently used to estimate the maximum temperatures over land areas, The heat balance 
of the Earthus surface is central to our understanding of heat lows, monsoons, droughts 
and breaks in monsoons and deserts and we shall make further reference to this in other 
chapters. Here we shall present one example of this balance over West Africa based on 
recent observations and the above-mentioned calculations for the GARP Atlantic Tropical 
Experiment (GATE). 

Figures 4.2 a, b, c show some observations over the Sahara desert based on 
the unpublished studies of Professor P. De Felice of the University of Paris. 
Professor Felice measured the surface temperature of the soil during the course of a 
day. Figure 4.2a shows the diurnal change of the soil temperature which varies . 
between 45°C and 7°C during April. The atmospheric temperature at 5 cm and land temper
ature at the surface to 20 cm below the ground are shown in Figure 4.2b. This diagram 
may also be used to compare the diurnal change at the surface (7°C to 45°C) with that 
of the air at 5 cm height (between 8°C and 28°C) and at other depths (where the diurn
al change decreases). 

Professor Feliceus measurements of conductive and convective heat flux over 
the Sahara are shown in Figure 4.2c. A marked diurnal change is evident; as much as 
400 W m-2 goes up from the desert to the atmosphere during the noon hour with a re
versal of the direction of heat flux at ni~ht. The values at night are around 
40 W m-2 and the mean heat flux during the day is around 120 W m-2. This heat is 
generally transferred by dry convection higher inTo the atmosphere. The surface
based radiation network is an important observing system over Africa (the surface
based instruments are discussed later in this chapter). We shall now show numerical 
calculations of the heat balance of the Earthus surface over the Sahara which yield 
similar results. 

Figures 4.3a, b illustrate the diurnal cycle of the heat balance of the 
Earth's surface calculated from GATE observations at two selected sites over West 
Africa. The calculations are based entirely on the methods shown in these notes. 
Of interest in these calculations are the values taken for the surface albedo which 
are based on estimates by Posey and Clapp (1964); Figure 4.4 illustrates a map of 
surface albedo based on their study. As stated earlier, the albedo of West African 
deserts is around 0.3 (or 30%). At night-time there is a near balance between the 
incoming and out-going long-wave radiation, the other fluxes being small. During the 
daytime, the large fluxes of reflected short-wave radiation, the outgoing long-wave 
radiation and the sensible heat flux all add to the net warming of the air near the 
Earth's surface. This frequently results in the formation of superadiabatic lapse 
rates in the lowest lOO metres. Dry convection results in the removal of this excess 
heat. The importance of the surface albedo will be considered in the chapter on 
African disturbances. A detailed study of the heat balance of the Sahara desert is 
desirable. We have only presented the gross features of the surface diurnal change. 
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Figure 4.2a- Ground temperature of a sand dune (near Beni Abbes, Algeria) 
April 1-2,1967 
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Figure 4. 2b - Vertical profile of soil and air temperature near the surface 
.during April 1, 1967 for a sand dune 
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Figure 4. 2c _ Heat exchange at the ground/air interface by conduction and 
convection 
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Figure 4. 4 - "Surface albedo'' during July based on Posey and Clapp (%) 
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4.6 Radiative heat balance at the top of the atmosphere 

Measurements of the emitted long-wave radiation and the reflected solar 
radiation for the entire Earth/atmosphere system can be obtained by remote sensina 
from satellites. Sun•synchronous satellites pass over the same point of the Earth 
at the same local time each day. These measurements enable us to map the Earth's 
radiation budget and this type of mapping is very useful for climatic studies. Promi-
nent studies in this area have been carried on by Professors Von ~ Haar, E. R. Raschke, 
V. Suomi and Dr. Jay Winston. Since Nimbus II was launched in 1966, reliable measures 
of these parameters hav~ been mapped from the satellites. A knowledge of the solar con
stant (1.95 cal cm-2 min-1) enables one to compare the incoming with the outgoing short
wave radiation. This in turn provides a mapping of the albedo of the planet. It is 
important to recognize that the atmospheric structure at any instant of time is a con
sequence of many non-linear feedback processes. The cloud cover is a consequence of 
dynamical processes and moisture distribution. The cloud cover has an important 
effect on the Earth's radiation budget. Here we shall illustrate some examples of 
the ~rth's radiation budget during the northern summer season from a study of 
Raschke and Bandeen (1970). 

Figure 4.4a illustrates the albedo for the first fifteen days of July 1966. 
The large values of albedo tend to occur over cloudy areas and over the deserts, while 
the clear oceanic areas tend to have small values. The two trade wind belts over the 
Atlantic and Pacific oceans show values as low as 10 %; low values are also found in 
the region of the monsoonal low level flows off the east African coast over the Indian 
ocean. The cloudy region of south-east Asia shows high values around 40 % to 50 % 
and the Sahara and Arabian desert regions also show high values,around 40 %. It should 
be noted that the patterns such as those shown here would change with the weather 
systems. In general, high-level cloudy overcasts have an albedo 40% to 50~. 
Deserts have similar high values. Clear oceanic areas have an albedo of around 7 %. 
Fractional cloud cover increases the values over the oceans. 

Figure 4.4b illustrates the field of outgoing radiation for the same period. 
This radiation leaves the Earth and reflects a net cooling of the Earth/atmosphere 
system as a whole by this effect. There are two major subtropical belts, one around 
30°N and the other around 20°S where large values are found. These are relatively 
cloud-freezones with low moisture and large surface temperatures. The deserts over 
the southwestern United States/Mexico, the Sahara, Arabia, and Pakistan all indicate 
large values around 0.40cal cm-2 min-1. The region of the south central Pacific is 
usually characterized by subsidence and relatively warm oceans where large values 
are again found. The cloudy regions of the monsoons are characterized by values 
around 0.30or less and the ITCZ has also values in the vicinity of 0.30. 

Using satellite data one can also map the total absorbed solar radiation. 
This would be consistent with the albedo chart and the incoming solar radiation at 
normal incidence. Figure 4.4c is an illustration of this field for the same period 
as the above charts. The largest absorption of short-wave radiation during this 
fifteen day period during July 1966 occurs in the subtropics of the northern hemisphere. 
These values are around 0.50 cal cm-2 min-1. The largest absorption occurs over the 
summer hemisphere and this field is dominated by a pronounced zonal wave number 1. 
The northern summer tropical flow patterns and temperature fields are also dominated 
by a z0nal wave number 1. These types of association are not usually easy to 
interpret. 



Figure 4.. 4a - E. Raschke and W. R. Bandeen 
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Figure 4. 4b - E. Raschke and W. R. Bandeen 
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Our final figure in this sequence relating to the Earth's radiation budget 
(Figure 4.4d) illustrates the net radiation flux at the top of the atmosphere. The pe
riod here is the first two weeks of July 1966. North of roughly 10°S there is more 
radiation coming in compared to that going out at the top of the atmosphere. Over 
the subtropical oceans the net flux ·incoming is greater than 0.20 cal cm-2 min-1. 
The deserts of North Africa and Arabia are a major sink in the Earth's net radiation 
budget. This is a very striking result during the northern summer. 

Although the deserts are so hot, this region radiates more energy to space 
than it rece~ves. This is a consequence of the high albedo and the large nocturnal 
cooling. 

If there were no land/ocean contrasts, then perhaps such large zonal 
asymmetries in these time-averaged fields would not be present. The southern hemi
sphere appears less asymmetric compared to the northern hemisphere. Regional mapping 
of fields, such as those shown here, have been published by a number of scientists. 
The usefulness of these products will become more and more evident as one collects 
many decades of such data. 

In addition to the budget at the top of the atmosphere, the knowledge of the 
budget within the atmosphere and at the Earth's surface is extremely important for 
the understanding of tropical processes. 

4.7 Radiation measurements with instrumented aircraft 

In specially designed field experiments research aircraft play a major role 
in measuring the total infra~ed and solar energy fluxes. Aircraft are capable of 
sampling cloud-free areas, dust layers, various types of recurrent cloud configurations 
noted in satellite photos and disturbed and undisturbed synoptic situations. In some of 
the sophisticated field experiments such as GATE,multiple-level flights were designed 
to study a number of relevant radiation problems. The kinds of instruments used in 
research aircraft are the following: 

(i) The Eppley Pyronometer for the measurement of upward and downward 
fluxes of short-wave radiation. It can also provide measurements as 
a function of the wavelength; 

(ii) The Eppley Pyrogeometer is frequently used to measure the upward and 
downward fluxes of long-wave radiation. In some aircraft, multichannel 
scanning radiometers are used to measure both the short-and long-wave 
radiation. 

The reader interested in knowing more details of the instrumentation of 
aircraft is referred to GATE Report No. 4 (1973). 

The seassurface temperature or Earth's surface temperature (over land areas) 
can be obtained by a downward-pointed Eppley Pyrogeometer operating in the so-called 
window channel i.e. 9.5 to 11.5~mband. It is, of course, essential that there are 
no intervening clouds, haze or smog conditions. The aircraft measurements should be 
calibrated against reliable surface-based observations to provide ground verification. 
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At present there is almost no other reliable means for obtaining detailed and accurate 
measurements of sea-surface temperatures for near coastal zones of upwelling where 
observations with a resolution of a few kilometres are usually desired. Future satel
lite-based measurements hold a similar promise in terms of accuracy and resolution. 
It is generally felt that sea-surface measurements should have an accuracy of at 
least 0.5oc. 

Soviet research aircraft are known to carry spectrometers that provide an 
angular distribution of spectral radiation intensity in several wavelength bands such 
as: 2 to 5.5~m (microns) at 1.5°, 6 to 14~mat 1.5° and 0.4 to 2.5~m at 30°. 

Since aircraft are very expensive to use, it would simply not be possible to 
carry out field experiments whenever and wherever desirable. In the future, we 
must rely more and more on satellite-based observations and on detailed (or useful) 
numerical models which provide a four-dimensional view of the radiative processes. 
The main use of aircraft will thus lie in closing the gap in present uncertainties in 
numerical modelling and for providing some measure of ground verification for satel
lite-based observations. 

We shall consider the typical magnitudes of the cooling and heating 
in the chapter on disturbances. The thermal amplitude of tropical waves is of the 
order of one degree in most oceanic pre-hurricane type disturbances. Here, the order 
of magnitude of radiative cooling is comparable to that of other processes on the 
time-scale of one to two days. This is one of many reasons why radiation processes 
need to be studied carefully in the tropics. 

The research aircraft is a powerful platform in this regard since it is 
possible to obtain high accuracy in measurements of temperature, wind, and turbulent 
fluxes, etc. We discuss these elsewhere below. 

4.8 Radiation measurements from balloon-borne radiometers 

The Suomi-Kuhn radiometer (1958) is a very well-known instrument for measur
ing the total upward, downward and net long-wave radiative fluxes and cooling rates. 
It contains two identical rad1ometers mounted back to back. A blackened circular 
aluminium plate is connected to a circular polystyrene support and constitutes the 
temperature sensing surface. The upward and downward fluxes of long-wave radiation are 
measured by noting the energy balance of each sensing surface. According to Kuhn and 
Johnson (1966), the downward flux is given by the relation: 

+ K.A a. 
~ ~ 

+ 

where u is the Stephan-Boltzman constant 
_e € is the temperature of the top plate 

+ 

~e. is the temperature difference between the surfaces of the two plates 
K~ is a function of the thermal conductivity of the radiometer insulating 
~ material and the reflectivity of the polyethylene shields 

is the emissivity of the sensor surface 
~e ,K are corresponding constants for a region which contains an air-cell between 

e e the sensor and the polyethylene 
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A is a lag coefficient of the sensor system, and 
~t is a time interval of measurement. 

The student should clearly understand the physical interpretation of each 
of the terms of the above equation. This is a balance relation which determines the 
downward flux. There is an analogous equivalent formula for the upward flux. 

Figure 4.5 shows the Suomi-Kuhn radiometer, based on a recent 
illustration from Ellingson (1972). It should be noted that this is a balloon
borne version of an instrument flown at night-time. The radiometer is generally 
launched with the radiosonde. One face of the radiometer faces down while the other 
faces up. The thermistors on the top and bottom plates transmit signals usually at 
1/2 minute intervals; the entire radiometric instrument package is located roughly 
30 metres below the balloon. 

Standard errors in the estimate of net cooling rate for this kind of radio
meter have been made by many scientists. It is generally felt that a cooling rate of 
roughly 2.5° C day-! may be in error by 10 % in these measurements (Kuhn and Johnsont 
1966 ). 

The student of tropical meteorology should also familiarize himself with 
the many other kinds of radiometers and their capabilities. The flat-plate radiometer 
is another frequently used instrument. Earlier we discussed numerical procedures for 
estimating the long-wave radiative cooling rates. It is desirable that such_proce
dures be carefully tested and calibrated against observational methods. One should 
keep in perspective the kinds of error inherent in observations and in numerical 
methods. 

4.9 Surface-based radiation instruments 

The following are some of the standard radiation measuring instruments 
frequently used at surface radiation observing sites. 

(i) The Pyrheliometer: 
radiation at normal 
currently in use in 

This provides a measure of direct solar 
incidence. A number of such instruments are 
tropical countries: 

(a) Angstrom compensation pyrheliometer, 
(b) Silver disc pyrheliometer, 
(c) Yanishevsky thermoelectric pyrheliometer, 
(d) Moll-Gorczynski pyrheliometer, 
(e) Eppley (normal incidence) pyrheliometer, 
(f) Linke-Fensnner pyrheliometer, 
(g) Michelson pyrheliometer, and 
(h) Pacrad pyrheliometer. 

The capabilities of these various instruments should be explored. 
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Figure 4.5 -Schematic vertical cross-section of the Suomi-Kuhn economical 
radiometer (From Kuhn and Sterns, 1971) 
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(ii) The Pyranometer: This is a well-known instrument for the 
measurement of solar radiation received from the whole hemisphere, 
It is suitable for the measurement of the global or sky radiation. 
Some of the better-known instruments are the Moll-Gorczynski, 
Eppley models 15, 2, 849, Yanishevsky thermoelectric, Voloshine and 
Bimetallic actinographs of the Rabitzach type pyranometer. Other 
frequently used instruments include: 

(iii) The Pyrgeometer: This instrument measures net atmospheric radiation 
on a horizontal "upward facing black surface" at the ambient air 
temperature. 

( iv) .Ih.e Pyrradiometer.: This instrument measures both solar and 
terrestrial radiation, i.e. the total radiation. 

(v) The net pyrradiometer: This instrument measures the net flux of 
downward and upward total (solar, terrestrial surface and atmospheric) 
radiation through a horizontal surface. The heat balance for a layer 
2 to 5 metres below the Earth 0 s surface is worth examining for the 
tropical land areas. The flux of short-wave radiation, S , should be 
measured, wherever possible, using pyrheliometers. The f~ux of long
wave radiation, L , can be calculated from careful soil temperature 
measurements. Th~ assumption here is that the Earth's surface 
radiates as a black body. One makes use of empirical formulae such 
as that given by Penman to estimate L from the soil temperature T • 
If T is the surface temperature of tRe soil (K), e is the surfacg 
vap~ pressure in mb. Then, according to Penma~ L can be expressed 

0 
by: 

L = 
0 

4 uT (a- bVe) (c + d.S) 
0 

(4.9.1) 

where u is the Stephan-Boltzman constant, a, b, c and d have 
respectively the values 0.56, 0.092, 0.10 and 0.90,and S is the 
soil heat flux. The final units of L

0 
are Langley's day-1 and for 

equatorial land areas L
0 

·~ 150 units. 

The direct measurement of net radiation is generally very helpful in deter
mining these empirical constants. 

A number of these instruments are used in tropical countries. 

4.10 Radiation climatology of the tropics 

This chapter has emphasized the computational aspects of radiation since 
the value of the quantitative approach is now well-recognized, A student who has a 
few of these tools available can go a long way in setting up projects which p~ovide 
a better understanding of weather systems. Next we shall present a brief outline 9f 
the radiation climatology of the tropical troposphere since this chapter on radiation 
would not be complete without a presentation of radiation climatology over the global 
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(a) Zonal cross-sections of heating 
rate by longwave radiation (HLR) 
along 200N, in January 

(c) Zonal cross-sections of heating 
rate by absorption of solar ra
diation (HsR) along 200N, in 
January 

(e) Zonal cross-sections of heating 
rate by net radiative process 
(HLR + HsR) along 0°N, l0°N, 
20°N, in January 

(b) Zonal cross-sections of heating 
rate by lon~wave radiation (H1R) 
along 200N, in July 

(d) Zonal cross-sections of heating 
rate by absorption of solar 
radiation (HsR) along 200N, 
in July 

(f) Zonal cross-sections of heating 
rate by net radiative process 

0 (HLR + HsR) along 0°N, 10°N, 20 N, 
in July 

Figure 4. 6 - based on Katayama (1967a) 
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tropics. For this purpose, we present some results based on a study by Katayama (1967J. 
We illustrate vertical cross-sections, at the Equator, 10°N and 20°N (where available), 
of the heating due to absorption of solar radiation and the heating due to long-wave 
radiation (units °C day-1). Also gresented are the sums, i.e. the net radiative 
warming over the tropics at 0°, 10 and 20°N. (See Figures 4.6a, b, c, cl, e qnd f). 
The vertical scale is in hundreds of mb. It should be noted that the magnitude of the 
long-wave cooling is larger than that of the short-wave warming. The troposphere cools 
in the net. In fact, the cooling rate is large where the temperature is warm. As a 
consequence, the troposphere loses available potential energy. According to Katayama 
the largest cooling occurs near the 400 mb level, the intensity being around 2.5°C 
day-1. The short-wave warming is largest in the low troposphere near the 900 mb levelo 
The fields of Katayama need to be revised in the light of more recent observations, 
since they under-estimate the zonal asymmetry. 



Chapter 5 

THE TROPICAL BOUNDARY LAYER 

In this chapter we shall present a brief outline of the tropical boundary 
layer. Its structure is very important for studies of tropical convection and tropi
cal disturbances, especially hurricanes, the ITCZ, waves and low-level jets, all of 
which require a detailed knowledge of the lowest one kilometre of the atmosphere. In 
this region the air/sea interaction, the surface fluxes of heat,momentum and moisture, 
take place. These are somehow advected up to the cloud base which is located about 
one kilometre above the ocean surface. The clouds themselves have their own circula
tions that also constantly modify the structure of the lowest kilometre with their 
downdrafts. 

The land area, referred to in the previous section, also contains a com
plex boundary layer where the surface fluxes of heat and moisture and the heat balance 
and ground hydrology are important. Understanding of these requires a knowledge of 
the boundary layer. 

In this chapter we shall begin with the current status of observational 
knowledge. Some of the material presented here, although elementary, requires some 
knowledge of tropical convection and hence some reference to Chapter 6 may be necessary. 
We shall also present some empirical and dynamical aspects of the tropical boundary 
layer in this chapter. The rapid advances of observational, theoretical, modelling 
and numerical approaches in the field make it difficult to present a complete picture 
here and only an overview is given. 

5.1 Empirical concepts 

(a) 

A perturb~tion quantity ~· at height z is the difference between the value 
of the mean quantity ~at z and its value at some distance away at a level z + ~, i.e.~ 

u' u (z + ~) - u (z) (5.1) 

A Taylor expansion gives U I R; ~ ~~ 
The quantity ~ is representative of the local intensity of turbulence. Similar ex
pressions can be written for 8, w', and the moisture variable q'. If the flow is fully 
turbulent in three dimensions, then 

lu' I ~lv'l ""lw'l 
an-d hence 

w' ~ ~~~~~ 
(5.2) 
(5.3) 
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The upward flux of momentum can be written as: 

F = p wru.
u 

(5.4) 

(The minus sign is introduced to ensure that the flux is positive down the flux 
gradient.) 

The above formula gives a parameterization of the turbulent flux of 
momentum as a function of the variation of ~. However, it should be noted that ~ 
varies very rapidly near the ground. Hence, it is still necessary to have some means 
of defining the profile of U. .• 

(b) 

Near the ground one assumes 
scale length of the large scale flow. 
tance from the ground, i.e.: 

that the m1x1ng length is not related to the 
It is assumed to be proportional to the dis~ 

9., ;::: kz (5.5) 

The coefficient k is the Von Karman constant. 
defined by the relation: 

The concept of friction velocity u, is 
~-

where p is the density 

Since 

we may write: F /p = uo (9., 

or 

From this is 

1/2 
= (l) (-F )1/2 

p uo 

of air and F is the surface 
uo 

Fuo - p9., 2 (~~}~~~~ 
a:u}2 
dZ 

2 
(kz ~~]

2 

u* 

obtained the logarithmic law: 

u(z) U-•- ( I ) ~ £n z z0 k 

stress. 

(5.6) 

(5.7) 

(5.8) 

(5.9) ' 

(5.10) 

where z0~ the roughness length, is a characteristic of the underlying surface, 

This formula relates the surface stress to the mean wind profile ~ (z) in 
the lowest layers, since: 

u(z) = 1-F I p uo 
(5.11) 

If values for the Von Karman constant k and the surface roughness z 0 are assumed then 
U(z) can be calculated from the above equation. It is important to recognize that 
empirical values are generally used for z

0 
over tropical oceans, flat land areas and 

mountains; some typically assumed values are given in Table S.l. 
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TABLE 5.1 

Typical values of z 
0 

Flat land 

1.0 

(based on Murakami et al., 1970) 

Mountains 

10.0 

The profile method has been used many times to estimate the magnitudes of turbulent 
momentum fluxes Q'w'. The procedure consists of making detailed measurements of the 
profile of ~(z) from ship-tethered balloons, masts or towers. Knowing u(z), an 
estimate of Q, w' is usually made from the relation: 

- ~2 (~~J ~~~~ (5.12) 

Profile methods can also be used to estimate turbulent fluxes of heat and moisture. 

(c) 

These are the most widely-used methods for estimating transfers of heat, 
moisture and momentum from the ocean to the atmosphere, The flow over the oceans is 
always of the aerodynamically rough type, in which the ultimate transfer of momentum 
to the sea surface is through lateral pressure forces acting on the roughness elements 
of the surface. In the case of heat and water vapou~ the transfer at the surface pro
ceeds by molecular action. Upon integration, the flux equations for water vapour and 
heat lead respectively to: 

PK u.,.( (qs - q) (surface evaporation rate) E 
R-n {K u:z.: a) (5.13) 

D 

PK u"~" c (Ts - Ta) 
H "' E (surface sensible heat flux) 

R.n (K u.,.( a) (5.14) 
h 
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Here the symbols denote the following: 

D 

h 

c 
p 

u* 

Kinematic (molecular) viscosity 

Thermometric conductivity 

Specific heat of air at constant pressure 

Friction velocity 

qs, T 

qa, T 
s 

a 

Specific humidity and temperature at the sea surface 

Specific humidity and temperature at anemometer level 
(around 16 metres above mean sea level) 

p 

K 

a 

Density of air 

Von Karman's constant (0.4) 

The anemometer height. 

The above formulae are very frequently used for neutral conditions. Swinbank (1966) 
simplified these formulae for neutral as well as unstable cases and found that for 
the air-sea interaction problem we can approximate the fluxes by; 

E = 1.90 X lo-8 u (q 
a s 

the units are: U (m s-1) q q 
a ' s, a 

- q ) and H = 4,55 x 10-9 
U (T 

a a s 

(g g~), E (g cm-2 s-1), H (cal 

- T ) where 
a 
-2 -1) cm s • 

2The momentum transfer is generally expressed as the shearing stress 
T = pCD ua For neutral conditions, the logarithmic profile implies: 

2 2 2 ( 
2

2J 
2 

CD = K (U2 - u1) /Ua tn 
21 

This requires wind observations at two levels,z1 and z2• Deacon (1962) derived an 
empirical formula for CD as a function of wind speed, viz.: 

( ) -3 1 C - 1 00 + 0 07 U 10 where U ;s measured ;n m s- • D- 0 0 a I a_. ..._ 

This formula has foum wide application in 
observations suggest that this somewhat overestimates 
practical purposes the suggested value of c0 for wind 
1.4 X 10-3. 

5.2 Observational aspects of the boundary layer 

numerical modelling. GATE 
the magnitude of CD. ·For most 
speeds less than 15 m s-1 is 

Observational studies of the turning of wind with height show that veering 
essentially dominates the flows north of the ITCZ in the northern hemisphere and 
backing is generally found south of the ITCZ. This was confirmed by data from the 
Line Island Experiment (2° to 6°N and 157° to 162°W) by Robitaille and Zipser (1970) 
and also by Estoque (1971) from the Christmas Island data. 
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The tropical boundary layer characteristics in clear areas, undisturbed 
areas with shallow convection and disturbed areas are generally found to be quite 
different from each other. 

In the clear or undisturbed trade wind regions the tropical boundary 
layer is known to have the following well-defined layers: 

5.3 

(i) A surface layer in the lowest 20 metres where one finds a slight 
upward decrease of potential temperature and a decrease of moisture, 

(ii) A mixed layer from a height of 20 metres above the surface to 
approximately lOO metres below the cloud base in which the 
potential temperature is nearly constant with height and the 
moisture content decreases only slightly with height. 

(iii) A transitional layer located just above the well-mixed layer below 
cloud base. Here we note a stable layer with an increase of 
potential temperature and a decrease of moisture with height. 
This is usually a very thin layer with a thickness of the order 
of lOO metres or less, 

(iv) A cloud layer usually several hundred metres deep where the 
moisture is still decreasing with height, the observed lapse 

and ( v) 

rate in this region being close to the moist adiabatic lapse rate, 

An inversion layer on top of the cloud layer in which the potential 
temperature increases rapidly and the moisture decreases rapidly 
with height, Its base can be regarded as a reference level that 
defines the thickness of the boundary layer. 

Recent observational findings 

During the summer of 1977 some early observational findings in the planet
ary boundary layer of the Eastern Atlantic (the GATE Experiment) were reported by a 
number of workers in the field (J. Businger, W. Seguin, E. Augstein, M. Garstang, 
P. Lemone and others). A short summary of their important findings will be pre
sented here, During the GATE Experiment the boundary layer of the tropical trade 
wind and ITCZ region was explored using ships, buoys, tethered balloons and research 
aircraft. The methods used for determining fluxes in the lowest kilometre included 
the bulk aerodynamic method, the profile method, the budget method and the dissipation 
method. (The drawings in this section were presented by the above authors), 

Figure 5.1 illustrates the Meteor Profile Buoy. Instruments are mounted 
to measure profiles as well as eddy correlations at several heights in the lowest 
8 metres. These types of buoy are extremely useful for determining the vertical 
structure of the boundary layer near the surface. There are different types of 
errors that arise in these types of measurements due to the orientation of the mast, 
rainfall on the anemometers and the effects of ocean waves. 
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Figure 5.1 - Schematic drawing of the Meteor Profile Buoy 

Garstang and his eo-workers define & categories to illustrate the behaviour 
of the boundary layer. These are based on time-series of radar-echo percentage 
coverage. They can be defined as (1) stationary radar echoes with no precipitation, 
(2) growing radar echoes with precipitation, (3) decaying radar echoes, (4) distur
bance wakes with no precipitation, and (5) stationary radar echoes with moderate 
convection. 

The first stage signifies an undisturbed situation, the second stage the 
arrival of a disturbance, the third stage the period just after the passage of a 
disturbance, the fourth stage the wake some time after the disturbance passage and 
the final stage signifies a state close to the undisturbed situation. Figure 5.2 
illustrates the mean vertical structure in the lowest lOO mb layer of the dry and 
moist static energy. (These parameters are defined in Chapter 6.) The moist 
static energy shows a substantial decrease from the undisturbed to the disturbed 
stage in the lowest km. The restoring of the mixed layer occurs with a gradual in
crease of static energy sequentially by classes. The dry static energy also shows a 
decrease as the disturbed state arrives over a station. Garstang also reported that 
the winds gradually increase in the lowest km from the undisturbed state (1) to the 
disturbed state (3). 
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Figure 5.2 - Mean vertical structure by class 
(Fitzgerald) of moist and dry static energy 

Figures 5.3 and 5.4 show typical sea-surface fluxes (during GATE) of the 
buoyancy, sensible heat and latent heat in undisturbed and disturbed conditions. We 
note here that the buoyancy flux increases from roughly 25 W m-2 to about 65 W m-2 
from the undisturbed to the disturbed state. The corresponding increase for sensible 
heat flux is from 10 W m-2 to about 40 W m-2 while for the latent heat flux it is 
from roughly 80 W m-2 to 200 W m-2. This is consistent with the gradual increase of 
the surface wind speed alluded to earlier. The height of the mixed layer is another 
important parameter. All the parameters are illustrated from GATE observations in 
Figures 5.5, 5.6 and 5.7. We note that the height of the mixed layer descends from 
roughly 550 metres (during the undisturbed state) to around 300 metres (in the 
moderately disturbed state). The lowering of the height of the mixed layer during 
disturbance passage is attributed to descending motion on large as well as small 
scales. 

A long history of the height of the mixed layer for a 17-day 
GATE (from observations taken by 3 ships) is illustrated in Figure 5.7. 
teresting fluctuations in both diurnal and 2-to 3-day time scales, The 
is around 400 metres. 

period during 
It shows in

mean height 

A summary of the structure of the planetary boundary layer is presented 
in Table 5.2, taken from the notes of the GATE Workshop (1977). Here the following 
parameters are contrasted for the disturbed and undisturbed categories: 

(i) 
(ii) 
( iii) 
(iv) 

Lifting condensation level, 
Cloud base height, 
Height of the base of the transition layer, and 
Depth of the transition layer. 
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Figure 5.3 - Sea-surface fluxes during undisturbed conditions 
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Figure 5.4 - Sea-surface fluxes in disturbed conditions 
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Figure 5.5 - Dallas BLIS, height of the undisturbed 
mixed layer 
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Figure 5.6 - Dallas BLIS, height of the moderately 
disturbed mixed layer 
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TABLE 5. 2 

Mean Transitional Layer and 
Convective Cloud Base Properties 

(Two classes) 

Undisturbed 

23 mb ± 15 mb 
200 m ± 130 m 

953mb ± 11.4mb 
500 m ± lOO m 

930mb ± 14.6mb 
700 m ± 130 m 

937mb± 8.7 mb 
640 m ± 75 m 

TABLE 5.3 

Disturbed 

23mb± 14.7mb 
200 ± 130 m 

972mb ± 14.9mb 
330 m ± 130 m 

948 mb ± 19.0mb 
540 m ± 170 m 

952 mb ± 16.3 mb 
510 m ± 140 m 

Values of I 1 , I2, and I 3 for GATE Phase Ill and Harshall Islands 

GATE Marshal1 Islands n 85 390 

I1 180 ± 40 -2 Wm 190 ± 10 w m2 

I2 280 ± 80 -2 Wm 340 ± 20 -2 vJ m 

I3 460 ± 80 -2 Wm 530 ± 20 -2 Wm 
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A summary of the surface fluxes based on budget studies is provided 
in Table 5.3, again taken from the GATE Workshop (1977) results. The de
tails of budget methods are presented in the next chapter. Here the symbols 
are: 

total latent + sensible heat flux from the ocean; 

surface precipitation minus evaporation in energy units; and 

total net heating of the atmosphere due to condensation 
reaching the ground and sensible heat flux at the ocean. 

Here a comparison of the results of the eastern Atlantic region (GATE) and 
the western Pacific region (Marshall Islands) are illustrated. It shows 
that convective activity (measured in tenus of total condensation heating) 
was larger in the western Pacific ocean. This region is also further re~ 
ferred to in the next chapter. 

The above results are taken entirely from the results of the GATE 
Workshop (1977). The final analysis of all of the GATE boundary layer sub~ 

programme data will be of considerable interest. \.fuat is evident from much 
of this is that a more rational framework based on dynamical and thermody
namical principles is lacking. Hopefully, with further work such a basis 
will emerge to coordinate the many observational findings. 

5.4 A simple model of the tropical boundary layer 

The Ekman turning of wind with height may be inferred as follows. 
If the pressure field is prescribed and if it is assumed that the pressure 
gradients do not vary with height up to the gradient or geostrophic wind 
level, then the so-called Ekman problem can be solved. It is posed by the 
following equations: 

fv !.lE.+ 82u 
(5 .15) :=; ... 

P ()x K ;?" 
and 2 

fu = - !_lE_+K a v (5 .16) 
p ()y ;;z 

where K is an eddy diffusion coefficient, together with the boundary condi
tions, u + ug as z + oo and u, v = 0 at z = 0, 

This system was first solved by Akerblom for the atmosphere. The 
solution is of the form: 

u 

and 
V 

u (1 - e-yz cos yz) 
g 

u
9 

e-yz sin yz 

(5 .17) 

(5.18) 

where y = (f/2K) 112 , and the geostrophic wind components are (u ,0). The 
Ekman turning of wind with height is clockwise (veering) in the 9Northern 
Hemisphere and counterclockwise (backing) over the Southern Hemisphere. 
This analysis assumes that the geostrophic wind (and, consequently, the 
pressure gradient force) does not vary with height. To include such height 
variations (thermal wind effects) is a considerably more complicated matter 
but these can nevertheless be very important in all latitudes. If we assume 
that the variation of geostrophic wind with height is a constant in the 
boundary layer, we can prescribe the thermal wind corrections to the Ekman 
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formulae given above. 

The corresponding formulae for u and v become: 

(ugo - g/fT aT e-yz cos yz) (5.19) u = -- z) (1 -ay 
and 

V = (ugo - g/fT aT z) 
ay 

e-yz sin yz (5.20) 

It has been found in practice that the thermal wind corrections provide an 
improvement when there are large cold surges and horizontal temperature 
contrasts. Applications of the above formulae have been described by 
Mendenhall (1967). Figure 5.8 from his study shows the close agreement 
between the observed and the calculated wind veer at Swan Island. 

5.5 Scale analysis of the la~e-scale tropical boundary layer 

The horizontal equations of motion can be scaled in an interesting 
manner to define in a gross way some realizable boundary layer structures. 
Here we shall follow the procedure outlined by Mahrt and Young ( 1972). 

The zonal equation of motion may be written in the form: 

au + u au + v au - fv = - g ~ + F 
at ax ay dX X 

(5.21) 

or 
T + A + c = p + F (5. 22) 

We shall use the following scaling to non-dimensionalize the above equation: 

u Uu' 

a (U/S)l/2 a 
ilx axr 

f Sy (usual beta plane 
approximation) 

a;at w a;at' 

where w is a characteristic frequency. In the boundary layer P and F are 
expected to be dominant terms and we wish to compare T, A and C with these 
for different ranges of values of w. The scaling of the above equations 
gives: 

or 

WU ( dU r J + U2 [ I au I + V I 

at' (U/!3)1/2 u ax-. 
au'J - f Uv' = P + F ayr· 

w (~~_;_] + (US)
1

/
2 [u' ~~: + v' ~~:} - Syv' 

p F -+u u 
The vertical advection term is assumed to be small. 

There are three time scales here, viz.: 

-1 w 

(5.23) 

(5. 24) 
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Figure 5.8 -Observed and geostrophically corrected hodographs at Swan Island 
derived from 2070 observations. Elevation marks are shown at 
the surface, 150, 300, 500, 1000, 1500, and 2000 m. Veering 
angle between the surface and 1000 m is noted on each hodograph. 
Observed veering is 210 and corrected veering, zoo 
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Consider the following three cases: 

i) If w < (3y and (U8) 1 / 2 < Sy, then C, P, F, 

are the dominant tenns, i.e., we expect an Ekman balance. 

ii) Next let us consider the case: 

f 

w < 

Sy < (US) 1/ 2 

(US) 1/2 

In this case the advective term A balances P + F and we have what is called 
an advective or drift boundary layer. 

iii) Finally, we may consider the case: 

w > Sy 

w > (U(3)1/2 

In this case the time dependent (i.e., a;at term) becomes dominant and there 
is a balance T = P +F. This is called a Stokes regime. 

Young has illustrated these three regimes in an interesting diagram. 

r 
w 

Figure 5. 9 

-
;'f 

w = ({3U) l/ 2 7 
..).,"'f 

T "" P + F 
Stokes 

A = P + F 
advective 

f (= (3y) 

C = P + F 

Ekman 

Regimes in the boundary layer 

In the large-scale tropical boundary layer one is often interested in know
ing which of the above three cases is the appropriate one in a given region. 
There also exist, of course, broad transition regions where one would expect 
to see the overlapping influence of two of the above regions at the same time. 
In middle latitudes the Ehuan balance is a characteristic feature in the 
boundary layer (i.e., the lowest kilometre). In the Northern Hemisphere a 
veering (a clockwise turning) of wind with height is generally found, and in 
the Southern Hemisphere one should find a backing (or counterclockwise 
turning) with height. 

5.6 QEoss-equ~torial flows and ~netary boundary layer~amics 

An interesting series of numerical experiments on the dynamical 
structure of the boundary layer was carried out by Mahrt and Young (1972). 
Here the solutions of the following system of boundary layer equations were 
integrated for a prescribed pressure field: 



Equations of motion: 

Mass 

au = au au + 
at - V ay - w Clz 

av av Clv 
IT = - V ay - w- + Clz 

continuity equation: 

Clv + Clw = 0 Cly Clz 
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fv 1/po £E. + a2u - K 

az 2 ax (5.25) 

fu 1/po ~ + a2v - K ---z Cly Clz 
(5. 26) 

(5. 27) 

The equations describe flows in a meridional vertical plane. The eddy diffu
sion coefficient is prescribed and the pressure field is given as a linear 
field of the form p = ax + by + c; the above system of three equations thus 
contains three unknowns, namely u, v and w. One integrates the above system 
from an initial Ekman solution. This is not possible near the Equator where 
a linear interpolation of the Ekman solution on either side of the Equator 
is necessary to define the initial wind field. The meridional plane usually 
extends from the middle latitudes of the two hemispheres and at the northern 
and southern boundaries one uses time invariant Ekman solutions to define 
the boundary conditions. We have already shown how one can express the 
Ekman profile as a function of the given pressure field. A good horizontal 
and vertical resolution is important for this numerical problem. Mahrt used 
a vertical resolution of 200 metres and a horizontal resolution of 50 km in 
his integration of the above system of equations. 

Here we shall illustrate a particular application of Mahrt's frame
work that was recently carried out by Krishnamurti and Wong (1979) as part 
of the study of the boundary layer of the east African low-level jet of the 
northern summer. In this study the meridional distribution of the pressure 
gradient force was prescribed along 600E, The model extends from 15° to 
25°N. The major results of the boundary layer simulations are shown in 
Figs. 5.10 and 5.11 . Figure 5.10 illustrates the horizontal winds in 
the meridional plane at 600E, showing the cross-equatorial flows and a low 
level jet (the Somali jet) near l20N. The simulated winds are reasonable 
when compared with observations (see Chapter 14) . Knowing the long-term 
steady-state motion field one can compute the various terms in the equations 
of motion. The balance of forces in the boundary layer is found to settle 

to a set of values quite different from that of the initial Ekman layer (Coriolis + 
pressure gradient + friction ~ 0). This is shown in Figure 5.11. Here, the simu
lations show a surface layer near the ground everywhere and the essential balance of 
forces is between the pressure gradient and friction forces (i.e. P + F ~ 0). Above 
the surface layer there is a friction layer where the essential balance of forces is 
of Ekman type (Coriolis + pressure gradient + friction ~ 0) in the subtropics. How
ever, nearer the Equator, an advective type boundary layer is found where the balance 
of forces is between horizontal advection, pressure gradient and friction terms at the 
Equator and among the horizontal advection, Coriolis, pressure gradient and frictional 
terms just away from the Equator. This is called an advective boundary layer. Aside 
from the important equatorial regions, there are two other features of interest in the 
boundary layer of this region: the Somali jet and an ITCZ over the northern Arabian 
sea. The calculations show that the Somali jet is located at the poleward edge of the 
region where the horizontal advective term becomes less {mportant. The ITCZ is noted 
to form in the general region between the advective and Ekman boundary layers, a 
result first noted by Mahrt. The aforementioned study and the balance of force 
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Figure 5. 10 - Horizontal wind barbs in a meridional vertical plane for an 
experiment with a height-dependent diffusion coefficient K. 
The wind barbs are in the standard meteorological plottine 
convention, units: knots 

2.0 P. c , 

1.0 

155 JOS 55 

25N 

Figure 5.11 - A schematic illustration of various regimes and the significant 
"forces" in the boundary layer, from the solution at day 50. 

2 

0 

The letters P, C, H, V and F, respectively, stand for the pres
sure gradient, Coriolis, horizontal advection, vertical advection 
and the frictional terms. In the different regimes only those 
relative forces are identified whose magnitudes exceed 0.3. 
The dashed line indicates the top of the surface layer 
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diagram (Fig. 5.11) are.very pertinent to the tropical boundary layer. 
This framework is not suited for investigating tL~e variations of the bound
ary layer. By prescribing a pressure force, this framework also limits in
vestigations of thermodynamic inputs such as air-sea interaction, diurnal 
variations, etc. Work in these important areas of the boundary layer struc
ture would require a different approach. 



Chapter 6 

TROPICAL CUMULUS CONVECTION 

6.1 Introduction 

Convection is a central topic in tropical meteorology. Most of the tro
pical rainfall occurs from convective clouds. The oceanic undisturbed trade wind belt 
is covered with shallow cumulus clouds that reach up to the inversion level. These 
are non-precipitating cumuli. In tropical disturbances such as waves, vorticies and 
the ITCZ one finds an abundance of shallow as well as tall cumulus clouds. An under
standing of the cloud population is important. In this chapter we shall emphasize 
some of the newer aspects of the important role of cumulus clouds for the maintenance 
of large-scale tropical disturbances. Tropical squall systems are another major con
vective-type disturbance which will be addressed in the section on African dis
turbances. 

The geostationary satellite has become a powerful platform for providing very 
high resolution cloud imagery. We shall refer to these products quite frequently in 
these notes, Figures 6.la and b are two recent photographs from geostationary satel
lites showing the cloud cover over the tropical belt. They are on two different 
resolutions. Among the many cloud features, the ITCZ and cloud clusters are easy to 
identify on these photographs. 

In the budget studies of tropical disturbances the role of convection is 
being recognized as being very important. Innocuous westward motion of tropical 
disturbances occurs under very sensitive balances of mass, momentum, moisture, 
vorticity and heat. The role of convection is important in the dynamics of these 
motions. This chapter will emphasize some of these newer concepts in this area. 

6.2 Parcel and slice methods 

The student of tropical meteorology is expected to be familiar with the 
parcel and the slice methods of estimating stability. These are important and very 
fundamental concepts. 

Given a sounding of temperature and dew point on a thermodynamic diagram, 
the parcel method consists in lifting a parcel of air from some pressure level along 
a dry adiabat until saturation is reached. Next it is lifted along a moist adiabat 
to the top of the sounding level. At those levels where the temperature of the lifted. 
parcel is warmer than the environmental sounding, we state that there is parcel in
stability. 
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Figure 6.la 
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Figure 6.1b 
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If Yd is the dry adiabatic lapse rate, y is the prevailing lapse·rate and 
Ym is the moist adiabatic. lapse iate, then the following definitions are important: 

y > Yd > Ym 

·yd>y>\~l 

· ·. y.d > \n > Y 

· absolute instability 

condi ti.onal instability 

absoluJe stability~ 

The tropical atmospher~ on the laige scale ·is nearly every~here conditionally un
stable below the 700mb level. Many times the soundings in' the lower troposphere'may 
show the deceptive appearance of being stable; howeve~ if an entire layer of the 
sounding were lifted to saturation. via dry a.nd moist adiabatic ascent, the lifted· 
layer may exhibit absolute instability. Once a layer.is lifted to such a level, it 
would become buoyant and vertical accelerations would be likely to occur •. A quick 
check on a t~ermodynamic didgram ban be very usef~l in this regard. The lifting 
of the layer, alluded to here, i~ usually accomplished by the passage of a dis
turbance, via ifs low level·qonvergence 'and rising motions. The pre-.existing weak 
distl)rbances are very importcmt candidates for triggering convection over large 
areas which in turn can enhance the growth of th~ disturbance. The buoyancy 

. acc·eleration of the parcel method is usually expressed by the relation: 

dW 
dt 

= g (T' - T) 
T (6.1) 

where ·Tu and T are the parcel and the ambient air virtual temperatures respectively. 

The slice method is receiving more and more attention in tropical meteo
rology because it takes into account the thermodynamic change of the environment 
due to compensating descending motions around the regions of descent. This was 
first introduced by Bjerknes (1938). An excellent survey of this classical method 
is given in Petterssen (1956, Volume II, page 142) hence it will not be repeated here. 
In this section we will rna.ke use of more recent applications of these same principles. · 

We shall next review a simple cloud model which makes use o( the buoyancy 
principle for the growth of a shallow cumulus cloud. We shall follow this up with 
some newer ideas on the problem of parameterization of cumulus which are very re
levant to the studies of large-scale tropical circulations. 

6.3 A simple cloud model (Murray and Ander~on, 1965) 

One of the simplest cloud models allows the formation of liquid water 
(cloud) if supersaturation occurs, and the liquid water (cloud) to evaporate if it'S en
vironment is not saturated. In this simple modei no rain fall-oyt is permitted. The 
total moisture (liquid water and water vapou~ over the domain in ~h~ p~ase change 
process is conserved. The basic equations foi such a model are.the so-call~d 
Boussinesq equations. Here we shall present an outl~ne of the two-dimensional cloud 
model and show some preliminary results of interest. We shall not present more 
co.mplex models. However, the interested student should look at published papers in 
this ·area. 
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+ Buoyancy 
Term + 

(6.2) 

Friction 

Here ~ is a stream function in the vertical plane (x, z) where TM is a mean tempera
ture for the entire domain and is a constant. T' is a departure of the local 
temperature T from a horizontal (x) average. vM 1s a coefficient of eddy flux of 
momentum. 

The stream function is related to the ~ and w velocity components via the relations: 

u 

w 
(6.3) 

and the continuity equation 

au + aw = 0 ax Clz is satisfied by this stream function. 

If there is a buoyancy field 

aT' 
-- > 0 ax 

then it would contribute to vortici ty generation, Cl v2,,, > 0 at 'V 

This increase of vorticity will, in general , lead to a cellular stream function 
geometry on the x-z plane with an enhancement of the velocities u and w in different 
parts of the buoyant cell. If there is an initial state of no motion, buoyancy can 
initiate a motion. If T0 is large and positive locally, then on either side of it 
there would be regions of aT' O and aT' 0 respectively. The rising motion that 

ax > ax < 

results at the centre will have two sinking lobes on either side. Any numerical 
model that is designed to study the time evolution of a phenomenon should have the 
following ingredients: 

( i) 
(ii) 
(iii) 
(iv) 
(v) 
(vi) 

Independent variables; 
Dependent variables; 
Closed system of equations; 
Finite differencing schemes for above; 
Boundary conditions; and 
Initial conditions. 
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For our problem, x, z, t are the independent variables. The dependent 
variables will be u, w, ~. T', q~, qv, where q~, qv are, respectively, the 
specific liquid water content and humidity. We need six equations for the six un
knowns to close this system. 

The thermal energy equation is taken as: 

where (6. 4) 

T = TM + T
0

(z) + T' 

T0 is the initial stratification of temperature of the undisturbed state 
and is known. Equation (6. 4) describes the change of T0 . (dT) is the 
diabatic change of temperature due to (phase change) at h 
condensation heating or evaporative cooling. The equations P 
for liquid water and water vapour respectively, are: 

(6.5) 

(
dqv] 2 
dt + v V q 

ph q V 
(6. 6) 

Equations (6.2) through (6.6) constitute the closed system provided we 
adequately define the phase change terms. They are estimated as follows: 

One estimates a new value of qv from the equation 

( 
3qv 

uax-+w (6.7) 

If qv > qvs' where qvs is the saturation value, then 

[
dqv] = _ (qv - qvs) 
~ph lit 

(6.8) 

Once saturation is reached, the local change in equation (6. 7) is set 
to zero. Furthermore, one sets 

( dq~J [dqv] 
dt ph = - crt ph 

Thus saturation results in removal of water vapour 
valent amount of liquid water. Liquid water in an 
until the environment is saturated. This is given 

[dq~l = _ (qvs - qv) 

and the formation of an equi
unsaturated environment evaporates 
by the case: 

(6.9) 
dt jph lit 

dqt 
(6. 9) is used in equation (6. 5) to estimate dt • Again an equivalent 

increase in water vapour is defined by the relation: 

[:~v]ph ~ -[:~•]ph (6.10) 
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The condensation heating or evaporative cooling for the thermal equation is 
next defined by the statement: 

c (dTJ _ (dqv] 
P dt ph - L dt ph (

dq.Q,) 
L dt 

ph 
(6.11) 

Tae diffusion terms are needed for the suppression of two grid length waves 
whi·.h would othen'17ise grow to an unrealistic size. 1--Je shall not discuss 
these here. 

The system is now closed. The solution procedure involves the 
following steps: 

(i) An initial buoyancy and an initial state of no motion are 
specified to start the computation. The initial buoyancy 
can be in the T' field or it can be introduced via the mois
ture and thus in the initial horizontal gradient of virtual 
temperature. 

(ii) The vorticity equation (6.2) yields a new value of; the 
stream function; this in turn gives the values of u and 
w from equation (6.3). 

(iii) 

(iv) 

The two moisture equations provide new values of q.Q, and qv. 

The thermal equations (6.4) provide a prediction of the 
temperature T and thus the temperature deviation T' field. 

Initial and boundary conditions and domain definition 

At x = 0, 3/3x of all quantities are set to zero, and the stream 
function is a constant at z = 0, z = zT and x = xR. (The bottom, top 
and right boundaries of the domain.) The perturbatlon temperature T' 
vanishes at these same boundaries. Liquid water content q · = 0 initially 
and, at the three bound~ries, ·for all times. Initially, there .Q, is 
no horizontal gradient of water vapo~ qv, and the value o£ qv remains con
stant at all times although it has a vertical stratification. The initial 
thermal stratification shows a conditional instability for the T(z) field 
in the lower troposphere. A perturbation in the T' field is used to ini
tiate convection. 

The domain is an 8 000 m square within which there are grid points 
at every 250 metres in the x and z directions. In fhe actual simulations 
of the cloud Murray and Anderson set vM = 500m2 s- and Vg == VT = 0. The 
time step for calculations was 15 seconds which satisfies Ehe linear sta
bility criterion. One of the purposes of this study was to study the growth 
of a shallow cumulus cloud in a conditionally undisturbed atmosphere, and has 
considerable relevance to tropical cumulus cloud growth. 

Results of numerical calculations 

The temperature and moisture distributions can be used to construct 
the field of equivalent potential temperature for the initial as well as the 
predicted fields. Figures 6.2a and 6.2b show a time sequence of the evolution 
of the field of 6e(x,z) at times t = 0, 5, 15 and 20 minutes. By 15 minutes 
the evolution of the cloud produces an interesting distortion of the 6e field. 
Near the axis of the cloud, i.e., x = 0, the ee minimum, which was present 
initially at 3 km, is absent. A single shallow convective cloud is not able 
to stabilize the domain as much as ~any clouds might do over a period of 
time. Here we evaluated xR xo 

f e dx/ f 'dx (xR is domain radius) 
o e o 
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at time zero and at 20 minutes. The integration provides a domain-averaged 
sounding of Se. We notice that the small cloud is able to reduce 
the intensity of the Se minimum somewhat and lift it upwards. This feature 
has also been noted in the atmosphere by Warsh et al., (1971). Their results 
are shown in Fig. 6.3 . It is important to note tnat conditional in
stability is usually very large prior to vigorous convection and after con
vection the Se profile shows less rnarked conditional instability. We next 
show two more interesting features of this cloud model. They are: time 
sections of vertical velocity VJ and temperature departure T'. (See Figs. 
6.4a,b.) The vertical velocity clearly shows that the cloud grows for 20 
minutes and thereafter the downward motions are associated with a decay of 
the cloud. The temperature anomaly shows a warming near the top of the cloud 
during the growing stage and a cooling above the cloud due to overshooting 
of the vertical velocity above. This is primarily due to adiabatic cooling 
that occurs in this region. Aircraft observations of clouds have confirmed 
the existence of such a cold region above the clouds although the model over
emphasizes its intensity. On the whole, this simple model is very satisfac
tory as a starting point for more sophisticated and better models. Although 
we shall not describe better and more detailed cloud models, the interested 
student should look at a number of other studies in this area. Some of 
these are: 

(i) 

(ii) 
(iii) 

(iv) 

Modelling deep convective clouds in an ambient atmosphere at rest 
(Murray, 1968)-; 

Modelling clouds in a vertically shearing environment (Asai, 1970); 

Modelling three-dimensional large thunderstorms (Ogura, 1975); 

Modelling squall lines, their formation and motion (Moncrie:ff and 
Miller, 1976). 

In these studies the processes of entrainment of outside air into 
cloud, detrainment of cloud matter, rainfall mechanisms, cooling by evapora
tion, evaporative downdrafts, cloud regeneration, formation of solid phase, 
i.e., hail, etc. are included in~· simple way. 

If an observed cloud were to exhibit features identical to what is 
described in the simplest model presented above, it would take close to one 
million observations to describe all the details of the various dependent 
variables. Observations are expensive and it is, in fact, not necessary to 
observe all the details. For many problems in tropical meteorology, the 
large scale effect of an ensemble of clouds is more important than detailed 
knowledge of a single cloud. 

6.4 Budget studies 

Several interesting budgets of mass, momentum, kinetic energy, 
moisture and heat over tropical latitudes were carried out by Riehl and 
Malkus (1958, 1961). They were important studies in that they brought out 
clearly the need for the inclusion of the cumulus scale towards the under
standing of the budgets of the larger scale. If we consider a tropical dis
turbance with small azimuthal asymmetries with respect to its instantaneous 
centre of reference, we may write the mass continuity equation as: 

l 3 (Vrr) + aw = 0 (6.12) 
r 3r 3p 

where vr is an outward directed radial velocity. 
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We take a cylindrical domain divided into two halves, as follows; 
(i) a lower tropospheric box below 500 mb and confined between 

r = 0 and r = r 0 , an outer radius (a few hundred km), and 

(ii) an upper box between 500 and 0 mb. 

An integration of equation (6 .12) gives a mass budget relation, Le.: 

2; JJ(} a(:~)r + ~~] r dr dp = 0 (6.13) 

The lateral outward mass flux at r r 0 for the lower troposphere is given by: 
ro too a 3(v r) 

Ml = 2: I l r r dr dp (6.14) 
500 r ar 

0 
and· for the upper tropospherfl and stratosphere., by: 

21T I o roo 1 a(vrr) . 
dp (6. 15) M2 "" - - r dr g r ar 

0 Q, 

·The downward mass flux at 500 mb ·is given by: 

ro 1000 
'lr J J dW M3 = - g o 500 ap r dr dp ( 6 .16) 

Mass budget (based on mass balance) requires that -Ml = +M2 -M3, i.e., 
low level inflow ~ high level outflow ~ middle level upward flow .. Meteoro~ 
logical observations, in general, do.not satisfy this mass balance relation. 
Some adjustment is usuallycarried out to assure a mass balance and is a 
primary requirement for all mass budgets. 

If Q is a property such as: 
(i) moisture content (specific humidity) per unit mass of air, q 

(ii) kinetic energy per unit mass of air, K 

(ii) heat content (moist static energy gz + cpT + Lq) per unit mass 
of air, or 

(iv) momentum per unit mass of air u; then Q satisfies an equation 
of the form 

2:9. 
dt 

p (6. 17) 

where P defines the net sources and sinks that modify Q. 

In the absence of sources and sinks 

0 (6.18) 

By integration of the above equation over a mass of the two boxes we obtain 
outflow of Q from lower box (Q M1) and the outflow of Q from upper box (Q2M2) . 
The downward flow of Q from 50C mb is Q3M3. If there were to be a steady 
state in the absence of heat sources and sinks and under the influence of 
the large scale inflows, upward flows and outflows (-Ml, -M3, M2), then we 
require that 

(6.19) 
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Here subscript 1 denotes lower box, subscript 2 denotes the upper box and 
subscript 3 denotes the middle level. Low level of Q = middle level upward 
flow of Q = high level outflow of Q. It can be seen quite easily that such 
a balance of heat and vorticity is just not possible from considerations of 
one scale of inflow, outflow and upward flow. 

6.4.1 ~~~2!--~~~~!~-~P~-~~Y-~9-~-~) 
Let us consider the heat balance problem. The tropical atmosphere is 

conditionally unstable, i.e., gz + cpT + Lq = E has a minimum around 700mb, 
i.e.: 

Furthermore 

El > E3 

Ez > E3 

-Ml = -M3 = 1'12 

for the lower box -M1Q,1 + M3Q3 > 0 

and for the upper box -M3Q3 - M2Q2 > 0 

( 6. 20) 

with low level inflow. 

This results in an accumulation of heat in the lower box and a depletion (or 
removal) of heat from the upper box. If sensible heat flux from the lower 
box is introduced as a heat source 'P' then the imbalance is compounded 
further. The message that emerges clearly is that cumulus scale motions are 
required to remove the excess heat from the lower levels and deposit it at 
higher levels. This is a result of the conditional instability of tropical 
air masses. 

6.4.2 ~~EE~E}}y 

If we are given a cyclonic tropical disturbance at lower levels and 
an anticyclonic circulation at higher levels, as is quite often the case over 
the Western Pacific Ocean, the divergence term and the advection terms of the 
vorticity equation both contribute to a net generation and excess of vortic
ity at low levels, the converse being the case at higher levels. Inclusion 
of surface friction (P) again compounds the imbalance and the disturbance 
cannot be maintained in a steady state by the broadscale low level inflow, 
middle level upwards flow and high level outflows (i.e., -M1, -M3 and M2). 
The need to incorporate the cumulus scale becomes apparent here again. 

Next we shall present a review of some of the major budget studies of 
the recent years that tell us how to determine the role of cumulus clouds 
influencing these budgets. 

Notable contributions have come from Williams (1970) ,Reed and Recker 
(1971), Yanai et al., (1973), Ogura and Cho (1973) and others. Here we shall 
briefly review the approach of Yanai et al. ,(1973) and the extension by 
Ogura and Cho (1973) and others that have used a similar approach. 

The equations for dry static energy and moisture form the basic equa
tions. (The student should try to derive the following equations, see Appendix, 
and understand the underlying assumptions.) 
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Dry static energy: 

~~ + V • ~V + ;p sw = QR + 1 (c - e) (6.21) 

H~re.s = gz.+ cpT is th~ dry stati~ energy, Q~ is the rate o~ radiative 
waLmLng, c Ls condensatLon, and e LS evaporatLon. The equatLon states that 
dry ~tatic energy s is conserved in the absence of radiation, condensation 
and evaporation processes. We next average the above equation over a hori
zontal area large enough to contain an ensemble of cumulus clouds, but 
smaller than the tropical synoptic-scale waves. 

Next we write: 

a -
-SW ap 

and write the static energy equation in the form: 

as - a -- a ~ Q1 = at+ V • s\V+ ap s w = QR + L(c-e) .... ap s w 

(6.22) 

(6.23) 

QJ .is called. an apparent heat source, th~ following ~eing the reason for 
tn~s name: Lf only large scale observat~ons are ava~lable, then one can in 
principle measure such quantities as \V, s, sV and w, and if 

a~ 8 + v • s\V+ a~ 8 w t o, 
then its value is a measure of the apparent heating that the large scale 
experiences. This formalism was introduced by Yanai .et al. (1973). A simi
lar equation for the moisture variable q can be writtenin the same units: 

Q2· = - L (~ + V • q\V+ ~ q wJ = + L(c-e) + L ~ ~ (6.24) at ap ap 
Q2 is called the apparent moisture sink. The reason for this being that the 
value of 

w ' 

based on large scale data, tends to be negative. Although evaporation adds 
to the moisture, condensation and vertical divergence of eddy flux of moisture 
subtract from it. Q,however, is defined so it is generally positive in 
regions of convective cloud clusters. 

The above two equations are usually combined to yield~ 

a a 
QR = - ap ( s ' + Lq') w r = - ap '11"7 (6.25) 

where h = gz + cpT + Lq is the moist static energy. 

Yanai defines an average mass flux across a unit area by: 

-w (6 .-26) 

which is divided into two parts: 

M (6.27) 

where Me is the upward mass flux in cumulus clouds and M is the mass flux 
in the environment. 
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In a unit area, let cr denote the area occupied by cumulus clouds; 
(1 - cr) is the area free from clouds. 

If we and w are, respectively, the vertical velocity of the clouds 
and their environment we can write; 

Me - awe 
~ 

M = - (1 - cr) w 
Furthermore; we can express other properties in the same way, i.e.: 

s = cr se + (1 cr) s 

Next we 
where A is any 

and 

(1 cr) 
~ 

q a qc + q 

shall derive a very useful relation, 
property. 

A 

-w 

We can write: 
~ 

= 0 A c + (1 a) A 

= (5 WC + (1 cr) w 
~ 

a A w + (1 - cr) A w c c 

To the order cr we can write: 

and 
A w = A w - 2cr A w + cr(A w + w A) c c 
~ = Aw - A w can be approximated 

= + a we (Ac A) 
- Me (Ac - A) 

-~ 

(6.28) 

(6.29) 

( 6. 30) 

(6.31) 

(6.32) 

(6.33) 

Here we assumed that a <<1,\wlc > 1~1, Ac- A< A. Thus the eddy fluxes of 
s, q and h can be written in the form: 

S'W' = - M c (se - s) 
qrwr = - M (qc - q) 

c (6.34) 

'fi.'W' = - Me (h - h) c 

It should be noted here that we seek a closed system that describes the 
properties of a cloud ensemble and thus enables one to describe the eddy 
fluxes. Up to this point we have followed the presentation of Yanai et al., 
(1973). We shall next outline a procedure given by Ogura and Cho (1973) · 
for the determination of Me, then proceed to show how the system is closed 
to perform a budget study. 

Ogura and Cho proposed an elegant method for the determination of 
the vertical mass flux distribution function Me that is now being used 
widely in diagnostic studies. Ogura, Cho, and others following Arakawa 
(1971) define a fractional entrainment rate 1 A1 to identify a cloud type 
within an ensemble. 

1 <lm 
maz (6.35) 

where m is the total vertical mass flux within a plume (for one cloud type); 
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A is assumed to be a constant for each cloud type. Using pressure as a 
vertical coordinate, we can write: 

1 am 
map 

A.H 
p 

where H = RT(p)/g is a scale height of the atmosphere. 

If mB(A) is the vertical mass flux at the base of a cloud type 
then one relates mB(A) to m(A,p) via the relation: 

m(A, p) 

where n is a measure of the fraction of the cloud base mass flux that 
passes through a level p, and can be defined from equation (6.36). 

() A.H - R-n m 3p p 

( 3 R-n m t A.H d 
PB ap PB p p 

-t A.H d 
m(>. ,p) mB(>.) 

- p 
e PB p 

or 

- _( A.H dp 
n(A,p) e PB p 

(6.36) 

(6.37) 

(6.38) 

(6.39) 

(6. 40) 

(6. 41) 

Next a continuity equation for a property Q is written as follows: 

(6.42) 

where Qc is the property within the cloud, Q being that for the environment. 
The first~term on the right hand side signifies entrainment of environmental 
property Q, and s is a source term. Using this notation, one can write down 
the cloud scale continuity equation for mass, static energy and moisture. 

Mass continuity: Q = 1' s 0 

3m + A.H 0 -m Clp p (6.43) 

Static energy: Q h, s = 0 

_?_ mhc + AH mh 0 3m p (6. 44) 

Specific humidity: Q = qc, s = c 

where c is the total condensation rate within a cloud and it is a function 
of A and p. 

0 (6.45) 
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or 
aqc am AH ~ 

m ap + qc ap + p mq - c 0 

from mass continuity, we can write the above equation: 

aqc AH 
m - + - m (q - q ) - c 0 ap p c 

The treatment of liquid water: 

(6.46) 

(6.47) 

The formation and detrainment of liquid water and associated warming 
and cooling are very important in the present parameterization theories of 
cumulus clouds in tropical circulation models. We shall here present a for
mulation for this important problem. 

Since liquid water, qc~· inside the cloud does not entrain from the 
environment, the continuity equation for liquid water is written by setting 
Q = qc~· s = c-D, where c is the condensation rate, D is the rain fallout 
rate,and it was expressed by Ogura and Takahashi (1971) by the relation: 

D (6.48) 

where a is an area of cross-section of the cloud, c 0 -l is the conversion time 
of cloud droplets to large raindrops. We also assu~e that raindrops once 
formed fall instantaneously out of the cloud. Taking all these processes 
into account, the liquid water continuity relation is expressed by; 

0 (6.49) 

The budget studies thus invoke processes like entrainment of environmental 
air into the cloud, detrainment of cloud water vapour and cloud liquid water 
from the cloud to the environment. Aside from the drying of air due to 
descent of the cloud environmental air, adiabatic warming in this region and 
cooling by evaporation are important mechanisms. The studies of westward 
motions and the maintenance of tropical disturbances bring out these concepts 
in the budget studies. A relation between qc and he is shown in the Appendix. 

The working equation for the solution of Me involves some algebra and 
is presented next. 

Earlier we had shown that: 

when we consider an 
by its own value of 

- M (s - s) c c (6.50) 

ensemble of clouds with each cloud type characterized 
A. We can write down the above equation in the form: 

S'W' = - fA m(A) (se - s) dA (6.51) 

where m(A) is the upward mass flux for a cloud type, A, and se, s now also 
refer to properties of a cloud type A, and are thus functions of A and p. 
Furthermore 

Similarly 
f m(A.) dA 

A 

J A m(A) (qc - q) dA 

(6.52) 

(6.53) 
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If we differentiate equation (6.51) by parts, we obtain: 

a~ S'W' = - a~ J m(A) se dA + ~! J m( A) d A+ s a; j m(A) dA (6.54) 

or 
~ aMc as a f 
s ap- + Me ap - ap m(A) se dA 

The above equations can be simplified considerably 
dry static energy continuity equations: 

by using the mass and 

and 
ES 

aM 
E(p)- o(p) +~ ap 0 

os + a~ J m(A) se dA + Le 

(6.55) 

0 (6.56) 

where E and o are, respectively, the. entrainment and detrainment coeffici
ents. The total entrainment (E:) is defined by the relation~ 

A 

f 
D AH 

= - m(A) dA 
0 p 

E(p) (6.57) 

where An is the value of A at the detrainment level which is explained a 
little later. The total detrainment at each level is given by: 

o(p) (6.58) 

Upon multiplication of the mass continuity equation by s and subtracting 
from the dry static energy continuity equation, we obtain: 

aM J s ~ - ~ m(A) se dA = Le ap ap (6.59) 

Here, we obtain: 

(6. 60) 

A similar treatment of the moisture equation yields: 

(6.61) 

Here the detrainment term requires an explanation. 

Arakawa introduced the concept of a thin detrainment layer where the 
cloud loses its buoyancy. At this level = PO the cloud properties are the 
same as the saturation properties of the envlronment, i.e.: 

he (A,pD) - h* (pD) 

qc (A,pD) - q* (pD) 

and se (A,pD) - s·k (pD) 

(6.62) 

Although entrainment, in principle, can be effective at all cloud levels, 
detrainment based on observational grounds is restricted to the level of 
vanishing buoyancy. Since one is dealing with an ensemble of clouds in which 
each individual cloud has a different top level, detrainment takes place at 
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different height levels. Furthermore, it should be noted that An(P) is an 
increasing function of height: hence shallower clouds have a greater rate 
of entrainment. 

Next we shall write down the working equations for the budget study. 
Upon substitution of these expressions for the eddy fluxes of dry static 
energy and moisture, we obtain: 

~ AD 
Ql- QR =-Le-~; I mB(A) TJ(A,p) dA (6.63) 

0 
and ~ AD 

Q2 =- L o(q'>'(- q) + L ~ J mB(A) n(A,p) dA-Le (6.64) 
0 

where e(p) is the total evaporation at any level. In budget studies large
scale observations are used to determine Ql and Qz. QR is either calculated 
or taken from past studies of radiative warming. Thus Q1 , Qz and QR are to 
be regarded as known functions. If we subtract equation (6.64) from (6.63), 
we obtain the relation: A 

~. ~ 8h I D Ql - Q2 - QR = L o(q"'' - q) -a mB(A) n(A,p) dA 
p 0 

(6.65) 

A further assumption is made at this stage, namely q q, q* q*, i.e., the 
cloud environment and the large scale properties are identical. Thus, if 
the detrainment function o(p) is determined from equation (6.58)' we have 
one equation (6.64) for the one unknown mB(A). This is an integral equation; 
the method of finding the vertical mass flux distribution function is called 
the spectral method. The solution of the above equation is obtained by 
assigning different values of AD (i.e., pressure). The above equation thus 
becomes a nrnnber of simultaneous equations, one for each value of P.ressure. 
The numerical technique generates a triangular matrix with more ana more 
non-zero elements as one includes more and more vertical levels. The solu
tion of the matrix equations yields the desired value of mB(A) and using 
equations (6.37) and (6.52) one can then obtain m(A) and Mc(p). The evapora
tion can next be determined from the relation: 

and the rainfall rate can 
PT 

R = - J cc- -
PB 

be obtained 

where pT is the pressure at the tropop,ause. 

What does all this accomplish? 

M 
dp + _£ (q•k - q) 

g (6.66) 

The vertical eddy fluxes of heat and moist~re are now easy to deter
mine since the crucial parameter Me is now known. Hence, one can answer the 
question: what role does the modelled cumulus scale motions play in the 
budgets of Ql and Q2, i.e., heat and moisture. From such budget studies we 
learn something about the detailed mechanisms in the scale interactions. 
These studies have many limitations: 

(i) Any large-scale imbalances in budgets are tacitly assumed to 
arise due to the contributions from the imbedded cumulus scale 



- 109-

which in turn are well defined functions of the large scale. 
This leaves no room for convection organized on the mesa-scale 
and those having a weak coupling with the large scale; 

(ii) The more sophisticated budget studies seem to require a detailed 
prescription of cloud microphysical processes. These, according 
to Ogura and Cho (1973), are not being adequately handled; 

(iii) The knowledge gained from these studies has not had a serious 
impact on day-to-day weather prediction; 

(iv) The proposed budget study techniques are not unique and many 
versions of cloud models and specification of ensemble properties 
exist; it is very difficult to test the validity of these various, 
implied, subgrid scale processes. 

Results of budget studies 

Figures 6.5 and 6.6 show recent results of budget studies over the 
western Pacific by Yanai et al., (1973) and by Cho and Ogura (1974). The 
latter authors used the.well-known data set from Reed and Recker (1971). 

Figure 6. Sa is taken from Yanai et al., (1973). Here the data from 
the Marshall Island area were used to evaluate Q1 and Qz, and QR was bor
rowed from other tropical studies. 

One of the difficult problems in these budget studies is the estimate 
of Ql and Qz from large-scale data. The authors used a polygonal array of 
weather stations over the Marshall Island area during a few months of daily 
observations. The student should try an exercise in the evaluation of verti
cal motions using the Bellamy triangle method or a polygonal array method 
using line integral of mass flux around the domain. An adjustment of the 
vertical motions, to meet. Dines' compensation, should be attempted as a labor
atory exercise. The final values of divergence should satisfy the relation: 

Ps 
J V • VH dp 0 

0 

All the advection and transport terms should also be evaluated consistently 
with the adjusted motion field. This is not an easy matter. The vertical 
distributions '?f ~he apparer;t heat source Ql-, the apparent moisture s~nk 92• 
and of the radLatLonal heatLng QR from YanaL et al., (1973) are shown Ln FLg. 

6.5a . These are the three vertical distributLons that are determined from 
the large-scale data. The question one must next ask is: How do the cumulus 
scale heating and the vertical eddy fluxes accomplish these large-scale (en
semble-averaged) distributions? In this diagram, it is worth noting that Ql 
is of the order of 70C day-1at around 400 mb in these Marshall Island rain
producing disturbances. The apparent moisture sink Qz shows large drying 
due to descending motions around the cloud (-Me) and has maxima around 800 
and 550mb. The diagnosed vertical distributions of the vertical eddy flux 
of moist static energy is shown in Figure 6.Sb . This shows that above 700 
mb there is a decrease of -h'W' implying a net divergence of flux of moist 
static energy by convection. This is an important deduction about the role 
of organized convection imbedded within large-scale disturbances in a con
ditionally unstable environment. Below 700 mb, the converse being the case, 
convection is trying to stabilize the large scale. The results of their 
calculation§_ of~M, H~ and :M are shown in Fig. 6.5c . Note that Me >M, 
where Me= M- M. The environmental descent is large at lower levels. 
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Although Yanai et al., (1973) utilized a method different from that used by 
Ogura and Cho (1973), the two procedures yield not too dissimilar results. 
The M9 function is an important ingredient for budget studies and without 
this ~t is almost impossible to deduce what the cumulus scale motions are 
doing within the large scale. To the author's knowledge, there exist no 
shortcuts for the determination of this important function. It should be 
noted that Me is an average for the entire ensemble of clouds and if one 
were to look at a single cloud type, then the values would Qe much larger. 
In the lower troposphere, the large scale upward mass flux M is a small dif
ference between upward cloud mass flux M£ and a large environmental descent 
M. At the level of maximum heating Q , M is small and Me is large, the im
plication being that the environmentru1 descent is small where the heating is 
large, i.e., the middle troposphere. Yanai's(et al.) solutionsof the entrain
ment and detrainment profiles are shown in Fig. 6.5d . Detrainment from 
the tops of very shallow and very tall clouds seems to be significant. The 
entrainment of environmental air is large for shallow clouds, which is con
sistent with the presence of a large population of smaller clouds that en
train dryer air and lose their buoyancy sooner. Another region of large 
entrainment is found below 400 mb where perhaps the tall clouds entrain 
large amounts of environmental air as they accelerate upwards. 

The heat and moisture balance of the cloud ensemble are shown from 
the study of Yanai et al., (1973) in Figs. 6.Se and 6.5f. The major compo
nents of the heat balance 2re: (i) warming due to the descent of the cloud 
environment, i.e., - Me (3s/3p) and ~i) cooling due to evaporation of liquid 
water, i.e., -QE = - Le. These bulk properties of the cloud clusters are 
indeed_a major finding in the study of tropical convective disturbances. 

The emphasis on warming due to descent in the cloud environment was made by 
Professor William Gray. The communication of cumulus-scale heating and the warming 
of the large scale thus appear to be somewhat indirect. The heat released provides 
warming (and buoyancy acceleration) to offset the adiabatic cooling in the ascending 
saturated cloud air. The buoyancy and upward motion in the cloud region (generating 
potential energy) require a net downward motion in the immediate environment of the 
ascending area. Here the potential energy (gz) of the descending air is converted to 
sensible heating (CpT). 

The picture of the moisture balance, Figure 6.5f, shows that the observed 
moisture source (-02/L) is balanced by : 

(i) drying due to sinking motions; 

(ii) moistening due to the detrainment of liquid water; and 
' 

(iii) moistening due to the detrainment of cloud water vapour. 

These effects tend to be large below 700 mb and decrease rapidly above that 
level. The apparent moisture sink is a small difference between large source and 
sink terms and, as such, these internal aspects of the moisture budget are dependent 
on the sensitivity of the prescribed processes. There are a number of newer budget 
studies (Nitta, 1976, and others) that show somewhat different results. On the 
whole, these studies have provided new approaches to the studies of tropical weather 
systems. Another area of budget study where some progress is being made is in the 
understanding of the vertical flux of vorticity and momentum by the cumulus scale 



- .113-

looo'---'----:N':-->-'----.,;,-<--'---,s;-......;.J'---,1.,. 
0 2 3 6 ::: 

Composite of spectral distribution of 
the vertical mass flux at the cloud 
base as a function of the cloud top. 
Isopleths are in units of day~l. 
Category 4 is centred on the trough 
axis, category 8 on the ridge 

Figure 6. 6a 

o,--·-T--r·-T -,--

<•>J Crlegory 4 f, ~';', ' '-~~ I --M I l'·, 
;:; ·>CO~'- ·-- -·- ~i ~l- ~ ·: 
~ • -·- -· M, I I 
.3. uoor I I \ -

t 
I / / I 

~oc- )j- tf J i / \ 
I/ ·'· .. wc,c _____ L__L__L.~----

- 3Cu -200 -!CO 0 100 200 3CO 
imb/du;-) 

Vertical distributions of the vertical 
mass flux due to all clouds (Me), the 
mass flux in the environment 01) and 
the large-scale mass flux (M) for cate
gory 4 

Figure 6. 6b 

o~r·-,-- --
1 ----,-l Catt.90ry 5 ' 

:?oo -M f ~:..~·...... ~ 
----M I I \ 

- 400 -·-.. -M. t I \ -"' . ' I I .. 

.§. r I • 0

600· l/ { ~ 
800 +/ \.__ 

- I '····-·-.~ ~OQJ ____ [_ __ [. ___ ~_, ___ ..L..___! __ 
-4CIQ ··300 -200 -lOO 0 lCG 200 .300 ~tXJ 

(mb/doy.i 

As in Fig. 6.6b but for category 5 

Figure 6. 6c 



- 114 -

motions, (Chu, 1977; and Godbole, 1977). We shall not review these here. 

Figures 6.6a, b and c show three panels from the study of Cho and Ogura (1974). 
Figure 6.6a shows the vertical distribution of the vertical mass flux m • The abscissa 
is to be regarded as a line starting from the ridge, Category 1, (and a~so 8), of an 
ITCZ wave and it goes on to the Category 4 which is the trough line of the wave. The 
Reed and Seeker wave is described elsewhere in this text. The bimodel vertical 
distribution of m

8 
signifies the predominance of shallow and deep convective clouds. 

The trough region is dominated by deep cloud while the ridge shows the dominance of 
shallow clouds in the relatively undisturbed environment. These results have also 
been confirmed and refined by Nitta et al., (1976). These studies provide the first 
diagnostic understanding of the dual cloud types in tropical disturbances. 

Figure 6.6b shows the vertical distribution of 01,_ 02, and QR for the 
trough and the ridge regions. The solutions of Me and M (the total mass flux 
of the environment) for the trough dnd ridge categories are illustrated in Figure 
6.6c. The total vertical mass flux is small in the ridges and is downward while in 
the disturbed area of the trough the upward motions are larger and largely related 
to the distribution of Me. 



- 115-

6.5 Parameterization theories 

We shall begin with a reference to the conditional instability of the 
tropics. On the large scale the tropical atmosphere is conditionally un
stable almost everywhere and all the time. The following inequalities may 
be used to denote the instability: 

(6.67) 

(6.68) 

where qs is the saturation specific humidity at temperature T. The inequali
ties merely state that the atmospheric sounding lies between the dry and the 
moist adiabat, i.e., the sounding is conditionally unstable. If a saturated 
parcel were lifted from one level to another, then it would be warmer than 
the environment and become buoyant. 

The definition of stable heating is extremely important in this con
text. If the atmosphere is absolutely stable, and if there exists ascent of 
saturated air, then the moist adiabatic local warming in any pressure sur
face may be expressed by the relation: 

dq s 
L dt (6.69) 

since the sounding is warmer than the dry and the moist adiabat in this case. 
The moist adiabatic warming, in fact, results in a net cooling of the area 
where the stable heating is invoked. 

If the above stable heating is invoked in a conditionally unstable 
situation, it is clear that buoyant motions would occur everywhere. It has 
been shown from linear analysis of the growth rate of disturbances in such 
a conditionally unstable atmosphere that the maximum growth rate (in the 
frictionless atmosphere) occurs for scales that are infinitesimally small, 
that is of the order of 1 km. This kind of buoyant instability is recognized 
as the conditional instability of the first kind. This would suggest that 
the tropical atmosphere would be full of cumulus clouds everywhere. However, 
synoptic experience shows that there are, in fact, organized disturbances 
such as monsoon depressions, easterly waves, equatorial waves and hurricanes, 
etc., that move for several days preserving their scales. The fact that these 
large disturbances (larger than the cumulus scale) do not break down into the 
cumulus scale in a conditionally unstable atmosphere suggests that there is 
some kind of a cooperative interaction between the synoptic scales and the 
cumulus scales. This was first mentioned by Charney (1958), and by Charney 
and Eliassen (1964) and Ooyama (1969). The idea of the cooperative inter
actions gave birth to the notion of the conditional instability of the second 
kind (CISK). This new idea is a major concept in today's tropical meteorol
ogy. The first applications were made in the studies on the dynamics of hur
ricanes. The idea of cooperative interaction works for the development of a 
vortex as follows. The clouds supply the heating to drive the vortex. The 
vortex 1 by providing the moisture convergence 1 maintains and organizes the 
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cloud system. If there is a circular vortex in near gradient equilibrium 
over the ocean, its development into a hurricane by the CISK mechanism can 
be viewed as follows: frictional convergence provides the moisture supply 
in the boundary layer, mass and moisture will be transported upward in the 
cumulus clouds. The heat released in the upper levels of the clouds causes 
the warm core to be established and a lowering of the surface pressure. The 
increase of the pressure gradient at lower levels increases the vorticity of 
the near 'gradient wind' flows in the bdundary layer. This results in an 
enhancement of the frictional convergence, which in turn increases the up
ward mass and moisture flux in the cloud and the entire development process 
keeps amplifying. However, the process does reach a limit. The limiting 
factor is the establishment of a moist adiabat beyond which no further warm
ing and lowering of surface pressure is possible. 

Practical proposals for shifting the scale of instability from the 
cumulus scale to larger synoptic scales in numerical models relate to the 
specifications of the convective heating function. This was shown, e.g. 1 by 
Charney and Eliassen (1964), in their study of a hurricane depression. They 
considered a two-layer balanced model and showed that if the form of the 
convective heating was decoupled from the large-scale vertical velocity of 
the model, then gravitational instability is removed. They proposed a heat
ing function which was proportional to the vertical velocity at the top of 
the boundary layer. This was defined using the so-called ''Ekman Balance" in 
the boundary layer. In effect they use a heating function of the form: 

instead of 

H c 

<lqs 
- L wB ap 

H = - L w ~ 
c <lp 

(6.70) 

where wB is the vertical velocity at the top of boundary layer. Charney and 
Eliassen show that disturbances with scales of the order of 100 km have large 
growth rates. A similar analysis was also carried out by Ooyama (1969) and 
by Syono and Yamasaki (1966). An important conclusion of these papers was 
that in order to describe near balanced flows in growing tropical distur
bances, the heating function has to be decoupled from the large-scale verti
cal velocity. Several important propositions on the parameterization of 
cumulus convection soon emerged during the 1960's. One of the most widely 
used schemes was by Kuo (1965). We shall next review this scheme. 

6 . 5. 2 ~::!_?_'~:_Y._<:_~~~_:_!=:!J.:.~'::.~~:;::_.P_r_~:_:_~~E.: 

This scheme invokes cumulus scale heating and a vertical flux of 
moisture if the following two conditions are met: 

1) The sounding is conditionally unstable, which, for convenience, we 
define as in Krishnamurti et al. (1973) by the condition: 

(6.71) 

2) There exists a net large-scale convergence of flux of moisture in verti
cal columns, i.e.; 

1 JPBottom ( 8 ) d I = - -- 'V • q\V + - qw p > 0 g <lp 
PTop 

(6.72) 

In these regions where the above two conditions were met, Kuo used 
the following form of the moisture equation: 
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a 
(qs - q) 

tn 
(6.73) 

where tn is a cloud time scale parameter and 'a' denotes the fractional area 
of the grid scale that would be covered by newly-formed convective clouds. 
The parameter 'a' is def~ned by the relation; 11 B( 8 ) _:__ V • q\V+- wq dp 

g T 8p 
a 

1 J B( c ( T - T) q -q] _ p s + _s_ d 
g P. LL'IT tn P 

T 
(6.74) 

In the following we shall use the symbol Q for the denominator of e9uation 
(6.74). 

In this relation the denominator may be interpreted as the amount of 
moisture supply needed to cover the entire grid scale area by a model cloud 
(a local moist adiabat, Ts, qs), The numerator, on the other hand, is a 
measure of the available moisture supply. 

The total convective rainfall rate is given by the relation: 

! SPB 
g PT 

a cp (Ts - T) 
LLh dp (6.75) 

It should be noted that the definition of 'a' as given by equatJ.on (6. 74) 
and the parameterization of the moisture in equation (6. 73) are consistent 
with the principle of conservation of moisture. This can be shown by con
sidering the moisture conservation law in the form~ 

~ 
()t 

- V • q \V - j!_ ( qw) + E - P ()p (6. 76) 

Upon integration of equation( 6.76) from PT to PB with the assumption that 
evaporation E occurs only at the air-sea interface, i.e., below PB• we obtai~: 

1 SPB ()q 
g PT 3t dp (6.77) 

where PT is the total precipitation rate for the vertical column. Noting 
that 

I a Q 

a [-gl fppBT cp Ts - T d + 1:_ fpB qs - q 
L'IT p g PT "'T 

and substituting for PT from equation (6. 75) into equation (6. 77) r.,ve obtain: 

1 JPB () 1 JPB qs - q 
-. _gdp=- d.--.-dp 
rr at u tn 
u p b p 

T T 

Hence, the use of equation (6 0 7L•) is consistent with the 121oisture conserva
tion law, i 0 e 0, equation (6 0 76). 
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We furthermore note that a part of the moisture convergence I is used 
for raising the level of moisture and a part of it goes into condensation 
heating. This partitioning may be expressed by the relation: 

I (6.78) 

The convective heating function at any level is given by the expression: 

H c 

a c (T - T) p s 
(6' 79) 

The idea here is that clouds have temperature and humidity of a moist adia
bat following a parcel that ascends from the sea level without entrainment. 
These clouds impart their properties to the macroscale by an instantaneous 
mixing in the horizontal with the cloud-free environment. This scheme has 
been used widely in the numerical simulation studies of the hurricane prob
lem, e.g., Yamasaki, Rosenthal, Mathur, and many others. Versions of their 
scheme have also been used in real data forecasts by groups at Florida State 
University and at Bracknell in England. Some recent applications are dis
cussed in Krishnarnurti (1969; 1973a,b; and 1975, 1976). In these studies some 
limitations of Kuo's scheme were noted: in the tropics convective rain 
occurs frequently from mesa-scale disturbances, implying that the convergence 
I in equation (6.77) should be measured on the scale of these mesa-disturb
ances. Lack of observations on these smaller scales makes the field of I 
less intense than it should be. As a consequence, the convective heating 
and the associated rainfall is frequently greatly underestimated by Kuo's 
scheme. This problem does not appear to be serious for the hurricane problem 
where the scale on which I is resolved is much smaller. Another problem is 
a computational instability that arises in its application to large scale 
numerical weather prediction models. This relates to a disproportionate 
partitioning of I into Iq and 1 8 initially. This can cause local instabili
ties. In the section on hurricanes we show some application of this proce
dure. It should be noted that the distribution of large-scale vertical wind 
shear and of the heating function are very important in the growth and decay 
of tropical disturbances. In Kuo's scheme the heating profile is restricted 
to the distribution of (Ts - T). This limits the shape of the vertical dis
tribution of heating. Detailed observational studies are needed to resolve 
the general validity of this shape. 

We shall next make a few remarks on moist convective adjustment which 
is used in many numerical general circulation models. In this regard, refer
ence may be made to the Princeton model (Hahn and Manabe, 1975), where its 
use has produced some very realistic fields of the tropical mean circulation 
patterns. 

6.5.3 ~9!~-~-~~~~~~}j_~~-~~j~~!~~~~ 

The idea here is to modify the sounding in a region where large-scale 
ascending motions occur in a conditionally unstable situation. This would 
be the so-called disturbed region of a tropical large-scale disturbance. 
The moist convective adjustment modifies the sounding in such a way that the 
total moist static energy remains invariant during adjustment. 

Figure 6.7 shows a typical profile of moist static energy (E) before 
and (ER) after the adjustment. Below a pressure level pR the moist convec
tive adjustment satisfies the relation: 
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r E dp ER (pR- p0 ) (6.80) 

PR (Where P0 is the surface pressure) 

The values of temperature, moisture and geopotential along the adjusted 
sounding can be determined by integration of the followin[; 6 equations for 
6 unknowns: 

gZ + c T + Lq ER (6.81) s p s 

d 
gzs 

RTV 
(6.82) 3p. p 

25.22 (1 273] - T;- (i:3J5.31 e 6.11 e (6.83) s 

e 
qs 0.621 (p -

s (6.84) 0.379 es) 

T T (1 + 0.61 q) (6.85) V s 

q Jl qs (6. 86) 

where the subscript s refers to the saturation values, Tv stands for virtual 
temperature and Jl defines a saturation criterion which may be arbitrarily 
chosen. Some studies use 0.8 as a value for this constant. The six unknowns 
are: Z8 , Ts, q9 , Tv, es, and q. The equations (6.83) and (6.84) express 
empirical relat~onships between the temperature, vapour pressure, and satura
tion specific humidity. The procedure for solution involves integrating 
downwards from the pressure level PR using the following steps: 

(i) guess a temperature Ts at a pressure level Lip + PR; 
(ii) compute es from (6.83); 

(iii) compute qs from (6.84)i 

(iv) compute q from (6. 86) 

(v) compute Tv from (6. 85) i 

(vi) compute Zs from (6.82); 

(vii) compute ER from (6.81). 

If ER differs from what is shown in Fig. 6.7 make another guess till the 
procedure converges. Then proceed to pressure level PR+ 2Lip. 

The adjusted sounding obtained by this procedure usually has tempera
ture which varies from the original sounding by a few degrees (Celsius) 
and a moisture distribution differencing by a few g kg1 • It has been shown 
by Krishnamurti and l1oxim (1971) that in real data forecasts this can produce 
a drastic change from an initial state and produce shocks in the solution. 
Nany tropical disturbances whose temperature amplitude is only about 1°C can 
be ruined by such a convective adjustment. In general circulation models it 
is carried out every time step, hence the changes are smaller, however in 
these rnodels the thermal and moisture structure of the disturbances in the 
vertical cannot be too realistic. 
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We shall next present a brief review of the current state of the art 
in the field of parameterization of cumulus convection. 

6.5.4 ~-~~~~~~~~5~~~~~~-E~3~r~ 
Arakawa's theory describes how an idealized cumulus ensemble and .a 

large-scale field interact. The theory consists of three basic ingredients: 
feedback, static control, dynamic control (Fig. 6.8). The feedback loop ex
plains how the cumulus transport terms and source terms modify the large
scale temperature and moisture fields. The control loops describe how the 
cloud ensemble properties are modulated by the large-scale fields. The 
basis of the theory is a quasi-equilibrium assumption (QEA) of the cloud 
work function A(A.) which is discussed later. The large-scale field is di
vide~ into the subcloud mixed layer and the region above. Time changes of 8 
and q are given by the heat and moisture budget equations. The depth of the 
mixed layer pB (or ZB) is also predicted. 

The cumulus ensemble alters the large scale temperature and moisture 
fields through cumulus induced downdrafts and detrainment of cloud water. 
The downdrafts pro.duce warming and drying and affect the depth of the mixed 
layer. Detrainment produces cooling and moistening. Three functions .de
scribing the cloud are introduced: entrainment (E), detrainment (D), verti
cal mass flux (He) . 

Entrainment due to the ''itJ:i' cloud (Fig. 6. 9) is defined as: 

E. 
1. 

aHi aoi 
az-+pat ( 6. 8 7) 

where (dMi/d.z) represents the mass (Hi) added per unit length and (d.oi/at) 
represents the shrinking or expanding of the fractional area (oi) occupied 
by the cloud per unit time. Detrainment is defined as: 

(aM. aoi] D. - __ 1. + 
pat ( 6. 88) 1. az 

E ~Ei' D ~Di' He ~ Hi (6.89) 
i 

~i denotes the summation over all clouds penetrating the level being con~ 
s1.dered. Budget equations in the entrainment and detrainment layer for the 

"itn' cloud are established for mass, static energy (s), water va~ur (q) and 
liquid water (p). Entrainment is assumed to take place into the cloud at 
all levels whereas detrainment takes place in a thin layer at the cloud top 
(the level of vanishing buoyancy). As a result of the above budget two im
portant relations are deduced: 

as = n (§ - - Lt) +M as p \V • vs - as 
QR (6.90(a)) p - s az - - pw- + at c az 

p ~= D (q•k + 9: - <:D +M ~ - p\V· 1/q - -E.g_ (6.90(b)) at c az pw az 

where (") refers to the level of vanishing buoyancy, and the environmental 
radiational heating is expressed as: 

Q + ~QR. 
R 1. 

(6.91) 

Equations (6.90(a)) and (6.90(b)) relate the properties of the cloud ensemble 
to be evaluated so as to predict s and q. These properties are: (i) D (z), 
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- 124-

(ii) Me (z)1 and (iii) !<. (z). Cumulus clouds also modify the large-scale tem
perature field via the radiational heating, EQRi' 

When the detrainment layer is very small, D(z)~z is equal to the total 
mass flux, at level z, of the clouds which lose buoyancy within that layer. 
To evaluate the vertical distributions of the above three properties, the 
cumulus ensemble is subdivided spectrally into subensembles according to 
cloud type characterized by the parameter A called the fractional entrainment 
rate. The detrainment level zn becomes a function of A. This parameter is 
so chosen that zn(A) decreases as A increases (Fig. 6.10). The mass flux 
carried by the ensemble at level z is given by: 

(6.92) 

where Ao(z) is the entrainment parameter for clouds detraining at level z and 
n(z,A) ~sa normalized mass flux as a function of height defined by the rela~ 
tion: 

n(z,A) 
J exp 

= ) 
L 

z
8 

£,; z £,; z0 (l\) 

z ~ zD(A) 
(6.93) 

and mB(A) is the mass flux at the base of clouds for a given entrainment 
parameter \. For each sub€nsemble, the budget equations for mass, moist 
static energy and total water content are computed. These determine the 
vertical mass flux mB(A), the cloud moist static energy function hc(z,\), 
the cloud specific humidity qc(z,A), R-(z,A), the level of vanishing buoyancy 
zn(A) for each subensemble. A crude parameterization for the rainfall rate 
r(z,A) is made. r(z,A) = eo R-(z,A) where eo is a constant. The condition 
for vanishing buoyancy is given by: 

A 

he [zD(A),A] = h* [zD(\)] (6. 94) 
A 

where h* is the saturation value of the moist static energy of the environ
ment. Also, 

A 

!<. [zD(A),A] = R-(zD(f.) (6.95) 

In order to evaluate Mc(z) and D(z) the mass flux mB(A) needs to be known. 
The budgets for static energy and moisture of the mixed layer reveal that 
the mass flux in the mixed layer is determined by entrainment due to turbu
lent eddies. Without this entrainment, the top of the mixed layer is lowered 
by the subsidence. The cumulus clouds with their compensating induced sub
sidence determine the depth of the mixed layer. The budget equations enable 
the prognostic determination of z:a, s~1> qH and hence hM. It is assumed that 
the main role of the mixed layer (M) is to redistribute moisture and static 
energy to the cumulus clouds and hence we set: 

se (zB,A) 

qc (zB,A) 

he (zB,A) 

(6. 96) 

Arakawa next defines a "cloud work function" A(A) for each sub-ensemble. 
This is a measure of kinetic energy generation by buoyancy per unit mass 
flux. 
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J
zD(;\) 

A(f.) = n(z,f.) 
ZB (1 

(6.97) 

L aq*] -where y == c _- _ and ( ) are an area average. vJithout destabilization by 
p aT p 

the large-scale processes A(;\) will decrease and environment will adjust 
towards a neutral state. The time scale for this adjustment is of the order 
of l03-lo4 s. To maintain the cumulus ensemble beyond that time scale,A(A) 
must increase due to large-scale processes. The time scale of large-scale 
processes is of the order 105 s, which is much larger than the adjustment 
time scale. As a result,the time rate of change of A(;\) is almost zero. The 
sub€nsemble is hence in a quasi-equilibrium with the large-scale forcing. 
This QEA is an assumption on "parameterizability" of cumulus convection. 

By considering the balance between each sub~en~rnble and the large 
scale forcing an integral equation to determine mB(;\) can be obtained. The 
constraints on the integral equation are: 

;\ 

mB(f.) > 0, 
J max 

k(f.,f.') mB(f.') df.' + F(f.) 0 
0 

(6.98) ;\ 

mB(f.) = 0, 
t max k(f.,f.') mB(f.') d;\ I + F(f.) < 0. 

Here F(f.) is the large scale forcing and k(f.,f.') is the kernel representing 
the effect of different cloud types. 

The theory can also be used for diagnostic studies by ignoring the 
dynamic control. At this stage, aspects of this theory have been verified 
by Betts (1974) and Yanai et al., (1973). Practical application to problems 
of large-scale tropical weather prediction remainsto be explored. 



Chapter 7 

SEA BREEZE AND DIURNAL CHANGES IN THE TROPICS 

7.1 Introduction 

The sea~breeze phenomenon is very striking over many parts of the tropics 
since it is known to produce cooling associated with afternoon showers that occur with 
regularity on most undisturbed days. Figure 7.1 from a classical diagram of Van 
Bemmelen (1922) illustrates the time evolution of the sea breeze in Batavia*. The 
Batavia sea-breeze time section shows that it is a shallow circulation confined 
essentially to the lowest 3 km. The intensity of the upper-land breeze is roughly 
a half that of the sea breeze, The land breeze during the early morning is much less 
intense by comparison. Extensive observational studies of sea breezes have been con
ducted by Hsu (1970), Flohn (1965) and many others. Hsu (1970) portrayed a schematic 
evolution of the land/sea-breeze phenomenon based on observations in the Texas Gulf 
Coast. Figure 7.2 illustrates this evolution, the diagram being self-explanatory. 
Here the horizontal and vertical extent of the wind system is enclosed within a heavy 
solid elliptical curve. This diagram of Hsu is adapted from Atkinson (1971). 

Although the main intensity of the sea breeze is confined to the lower 
troposphere, the phenomenon of diurnal change is known to occur at all latitudes and 
even in the stratosphere. We recognize that the sea breeze is primarily driven by 
differential heating between land and sea. Simple numerical models have gone a long 
way towards exploring the role of such diurnally imposed heating cycles on the evo
lution of sea-breeze circulations. The problem is an important one, because, at times 
one can see a late evening line of coastal clouds for thousands of miles; occasional 
such examples of cloud lines have been observed on the Atlantic coast from Florida to 
Newfoundland during the summer months. Because of associated cumulonimbus convectio~ 
such a long line of convergence can have important implications in the atmospheric 
general circulation. We shall next address some of the well-known dynamical studies 
of the sea-breeze phenomenon. 

7.2 Sea-breeze models 

A large number of models have recently been described. Some of the well
known studies are by Estoque (1966 a, b, c) and by Pielke (1974). 

Estoque considers the sea-breeze problem in an x-z plane where x is normal 
to the coastline and z is the vertical coordinate. The closed system of equations of 
the linear sea-breeze problem is: 

* Now Jakarta. 
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Equation of motion: 

3u 
IT 
3v 
IT 
aw 
IT 

fv - au 
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- l~ p 3x 

av !.~ 
p ay 

l~ - g p (lz 

Mass continuity equation: 

First law of 

au + aw 0 3x (lz 

thermodynamics: 

ClT (a 2
T - + i3w = K ----rr- + 

d t axL. 

(7.1) 

(7.2) 

(7.3) 

(7.4) 

(7.5) 

The diurnal heating is introduced via a prescribed variation of surface temperature 
T by a relation of the form: 

T = M eint sin 2rrx ---r- (7.6) 

Here~, v and ware the three velocity components, pis the density of air,f the 
Coriolis parameter and u a coefficient of friction. Kstands for a thermal diffusi
vi~ coefficient and ~ denotes the lapse rate of the undisturbed thermal stratific• 
ation. The standard procedure of solving linear system of equation as those given 
above consists in assuming solutions of the form: 

int q = Q (z) e cos 
sin mx (7.7) 

where q stands for one of the dependent variables U4 v, w, T or p. The substitution 
of such forms of solutions with appropriately prescribed boundary conditions leads to 
a separation of variables in the x, z and t coordinates. The usual boundary conditions 
for this problem are: 

z = 0 + w 0 I T 

2 
Let r = g/T m ( u + 

H eint sin mx · 
' 

m 2rr 
1 

(7.8) 

The solutions are all periodic in x. Estoque's solutions for this problem are: 

u (7.9) 

V frH [aeaz + be -bzJ. eint cos mx 
1a(a + in) (a2 - b 2) 

(7.10) 
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w rM [eaz - e -bzl eint sin mx 
a2 - b2 

T ~ Me-bz + b~ - s 
b 2 

- a I az -bz} e - e e int s·1.·n 

(7.11) 

mx (7.12) 

M is an arbitrary amplitude function, and a and ~ are constants that are 
determined by the initial conditions. The symbols r and s respe.ct ively denote: 

r ~ g "m
2 

(cr + in)j{£
2 + (o + in)

2
} 

8 ~ in + m2 
K 

(7.13) 

(7.14) 

a is a coefficient of thermal expansion 

Kis the eddy diffusion coefficient. 

Estoque used the following values of the constants to portray his solution 
of the linear sea-breeze problem. 

-5 1 n = 7.273 x 10 s- ; f = Coriolis 
0 

parameter at 45 N; -5 -1 
~ = 2.5 x 10 deg cm 

er = 2.5 x lQ-4 s-1; g = 980 cm s-2; 
scale of the sea breeze; J<: = 2. 25 x 105 

M = 2 Tr 1 L, where 
cm2 s-1. 

L = 120 km the lateral 

It should be emphasized again here that the sea breeze is driven by the 
imposed temperature perturbation in space and time along the lower boundary. How 
this temperature is realized is not addressed here. Estoque noted a number of in
teresting properties in this solution: 

(i) 

(ii) 

(iii) 

The maximum temperature at the surface occurs at noon,and later 
at higher levels. The vertical transport of heat is due to mixing 
and vertical advection. 

The motion field clearly shows a sea-breeze component. The lower 
branch of the sea breeze (ocean to _land) is only 0.5 km deep, the 
return flow being much deeper. The maximum intensity of the sea 
breeze is reached about 1 hour after the maximum heating at the 
surface (i.e~ 1 pm). Maximum vertical motion occurs at 0.4 km. 

A hodograph of the surface wind (u, v) showed that the sea breeze 
during the day and the land breeze at night were of equal intensity. 
This is unrealistic a consequence of the imposed periodic tempera
ture cycle at the surface. The sea-breeze ellipse is usually pear
shaped (observationally). 
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(iv) Estoque also noted that the solution depends strongly on the mag
nitude of the friction coefficient. The larger its value, the 
closer to the time of maximum heating do the stronger winds from 
the ocean tend to occur. The solutions from this linear theory 
appear quite realistic in many ways in spite of limitations such 
as artificially imposed cyclic conditions, lack of interaction 
with a basic large-scale prevailing synoptic situation and the 
surface heating. 

In a further analysis, Estoque (1967) extended his studies to a non-linear 
two-dimensional model on a meridional vertical plane. The following 5 equations 
describe the closed system of this study: 

au au au + fv RT .£.£_ + 2._ (K au] (7.15) 
IT - u ax - w ()z - p ax ()z az 

av- Clv av _ fu _ RT ~+ () ( K ~~] (7.16) rr- - u ()x - w Clz p ay a-z 

ae ()8 EJ!..+ () (K EJ!..J 
(7 .17) 

IT - u ax - w az a-z Clz 

(7.18) 
.££. = _Q_ 
az RT g 

1 E2. = - Clu aw (7.19) 
p (lt Clx - a-z 

The 5 unknowns of the problem are the velocity component,u, v, w; 
pressure p ;. and temperature T. K stands for the eddy diffusion coefficient, the 
other symbols are standard. A constant flux layer of thickness h near the 
Earth's surface has the property: 

__£__ ( [K __..£..] ~ t = 0 ( 7. 20) 
az i az 

8 
1 

1... ) 
By eliminating the density from equation (7.17) and (7.18) from (7.19), one 
obtains the relation.: 

2 a w + aw .£E. 
p ;-;z az (lz 

(7. 21) 

.£.£ 
ax 
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This is the equation for the vertical velocity w. Equation(7.20)replace~ the mass 
continuity equation. For the variation of wind with height in the surfac~ layer 
0 ~ Z ~ h, the logarithmic profile discussed in Chapter 5 was used. The method 
of initialization consists in defining a uniform potential temperature fJ along 
horizontal surfaces. The pressure is deduced from the hydrostatic equation, initial 
winds are deduced from a geostrophic relation (although they could be zero everywhere 
at the start), The initial lapse rate is that of a standard atmosphere, The eddy 
diffusivity is determined in the boundary layer using mixing length ideas discussed 
in Chapter 5, above z = h, it is made to dec·rease linearly to zero at height H, the 
top of the computational domain. The numerical procedures include an upstream 
differencing scheme for the advection terms and a forward differencing scheme for the 
marching. The simulation cycle consists in first predicting u, v and 9 and 
determining the pressure from the hydrostatic law and the vertical velocity from 
equation(7.20), Estoque ran t~o interesting experiments on the evolution-of the sea 
breeze. In both cases the potential temperature variation dt the lower boundaryz = o 
was imposed as in the linear model, however; with more realistic values based on 
observations. The two experiments differentiate between a calm prevailing synoptic 
situation and one with a steady off-shore constant velocity. We show his results 
for the two experiments at 1700 local time- in Figure 7, 3. The calculations clearly _ 
show the major differences in the penetration of the sea breeze in the two experiments. 
The penetration of the sea breeze, in the calm case, extends to 30 km inland, while 
for the prevailing off-shore wind case, it extends to 7 km inland. By 1700 hours the 
sea breeze was noted to have attained its maximum intensity (i.e. the vertical 
velocities were largest). In this diagram are also shown the isotherms as well as 
the isotachs. In these studies the computational domain extends to about 350 km in 
the lateral direction and does not have an imposed cyclic condition as did- the linear 
problem. Aside from the proper handling of the penetration of the sea breeze- inland, 
the solutions were also noted to be realistic in giving a reasonable vertical 
structure and depth of the entire circulation. The relative intensities of the sea 
and land breeze ~ere more realistic, Furthermore, Estoque notea that observations 
usually show the formation of the cloud lines and associated diurnal rainfall and 
latent heat release; these are some of the factors not covered by this model since 
it is forced by the bottom boundary conditions. Estoque also felt that Q time
dependent eddy viscosity coefficient was desirable for this problem. 

Among the more recent advances in our understanding of sea-breeze dynamics, 
the studies by Pielke (1974) are noteworthy. Pielke integrated a three-dimensional 
hydrostatic system of primitive equations to study the sea breeze over south Florida. 
The forcing included surface heat and momentum fluxes as well as the influence of a 
prevailing synoptic situation. We shall not go into the details of the closed system 
of the primitive equations, although it should be emphasized that qualitative dis
cussion of the results of a complex numerical model is no substitute for a detailed 
step-by-step understanding of the model, especially to those who wish to follow this 
approach towards understanding a phenomenon. 

Pielke integrated the motion and thermal variables by a semi-implicit form 
of the upstream differencing scheme. The vertical velocity was determined from the 
vertical integration of the mass-continuity equation, and the pressure from an in
tegration of the tendency equation. Pielke notes the following interesting results 
in his studies: 



Figure 7. 3 - Estoque's(l966) solution for the sea breeze at 1700 local time. Top panel shows no 
prevailing basic wind while bottom panel includes prevailing wind from the east. 
The wind arrows show a penetration of the sea breeze to 30 km inland top panel versus 
7 km for the bottom panel. The solid lines indicate isotherms while the dashed lines 
show the speed field 
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(i) The curvature of the coastline of south Florida has a significant 
influence on the location of the sea-breeze convergence zone. 

( ii) Under both southwesterly and southeasterly basic flows the con
vergence zone forms parallel and near the coast and moves inland 
during the day. 

(iii) Lake Okeechobee, located in central Florida, is a region -of des
cent, this being a consequence of the cold water tempe·ratures that 
are prescribed. It should be noted that, as in Estoque 1 s formula
tion, at the surface of the ~rth, the potential temperature 
variation is described by an equation of the form: 

e = A
1

( x,y) sin·2-1t t/T (7. 22) 

where A was chosen to be 10 K over land and 0 K over water. The 
period was taken as 13 hours, the duration of sunlight over Florida. 
The 10 K temperature differential between land and ocean is the 
critical factor in this problem; the absolute values of temperature 
do not explicitly enter the analysis. 

(iv) The predicted evolution of the sea-breeze convergence zone is ~n 
close agreement with the organization of line convection over 
south Florida during undisturbed days. 

(v) Figure 7.4 shows the locations of cumulonimbus convection based on 
composite radar returns over Florida for a selected day and the 
numerically predicted field of vertical velocity around 3 and 4 pm. 
at the 1.22 km level. This comparison was a highlight of Pielke's 
simulation of the three-dimensional-sea-breeze circulation. Studies 
along these lines can be formulated to investigate the coastal 
weather over many tropical land masses. Also studies of flows over 
small and large islands and peninsulas are other regions to which 
this approach can be applied. Models need to be further refined; 
howeve~ in particular diurnal radiative heating, its feedback, con
vection (shallow, deep, dry and moist) require to be better formu
lated. 

Some observational aspects of diurnal changes 

Lavoie (1963) presented a detailed investigation of the rainfall over oceanic 
atolls and showed the existence of a pronounced nocturnal rainfall maximum. The noc
turnal or early morning maximum has been noted over different parts of the tropical 
oceans. Many hypotheses have been advanced for the nocturnal rainfall maximum such 
as: radiative effects due to differential heating over cloudy and cloud-free regions, 
radiative effects on the dry and moist static stability, radiative destabilization of 
the cloudy region at night,and tidal effects (diurnal as well as semidiurnal). 

There exists an important semi-diurnal pressure wave in the tropics, also 
called the ~S-2 wave~. The semi-diurnal pressure wave is associated with a semi
diurnal oscillation of the surface divergence field. The amplitude of the diurnal 
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VERTICAL VELOCITY AT 1.22 km 
GEOSTROPHIC WIND 2.5 m s-lFROM 110° l 
HOUR 9. 5 - CONTOUR INTERVAL 8 cm s-

l 

l 
" 
I 

L. 
VERTICAL VELOCITY AT 1.22 km 

GEOSTROPHIC WIND 2. 5 m s-1 FROM 110° _1 
HOUR 10. 5 - CONTOUR INTERVAL 8 cm s 

COMPOSITE RADAR COVERAGE 
1449 EST and 1544 EST 29 JUNE 1971 

COMPOSITE RADAR COVERAGE 
1544 EST and 1644 EST 29 JUNE 1971 

Figure 7. 4 -Vertical motion prediction at 1. 22 km and composite radar map 
for 29 June 1971 (Pielke, 1974) 
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pressure·and the divergence oscillations were predicted by Lindzen (1967). However;; 
most observations show that the amplitudes of diurnal oscillations are much larger 
than those given by simple tidal-formulations. Nitta and Esbensen (1974) have p:te~ 
sented such observational evidence. 

Gray and Jacobson (1977) have examined ~n some detail the diurnal 
variation of disturbance cloudiness over oceans. They found that oceanic intense 
rainfall from disturbances shows a maximum in the early morning hours. They found 
that this was true for most of the small islands, presumably due to the effect of 
the diurnal heating of the island, and a bimodal distribution of island rainfall was 
documented. Figures 7.5 and 7,6 fr6m the study of Gray and Jacobson illustrate 
these features for smoll and large islands •. The results here are based on observa
tions over the western Pacific ocean. The small islands reflect oceanic conditions 
and ~how a maximum around 6 p.m. The large islands show the additional peak around 
3 p.m. ~s well. Gray and Jacobson have analyzed this diurnal feature in some detail. 
They have, quite correctly, emphasized the importance of this problem for tropical 
meteorology. They found a marked difference in the vertical distributions -of di
vergence between 00 and 12Z. and an enhanced lower tropospheric convergence· at OOZ 
(10 a,mJ compared with 12Z (lOp.m.). This was true for most of their categories shown 
in Figure 7.7 which illustrates these distributions. They offer the following ex
planation for the enhanced convergence in the early morning hours over the oceans: 
The disturbed region, with low-level convergence, has an excessive rainfall, this 
being a region with cloud cover. There exists a -differential radiation field between 
the cloudy and surrounding clear regions. Figure 7.8 from the study of Gray and 
Jacobson shows what they consider are typical vertical profiles of net radiative 
warming (or cooling) rateswithin a tropical disturbance during the day and night. 
The intensity of differential heating between the cloudy and cloud-free regions is 
quite different for day-time and night-time conditions; Figure 7.9 also from the 
study of .Gray and Jacobson describes in a schematic manner the influence of such a 
radiative effect on the enhancement of convergence during the early morning hours. 
Here the heating rates are implied to produce bulges in the thickness patterns between 
pressure surfaces leading to stronger horizontal pressure gradients, and the stronger 
cross-isobaric flows result in an enhancement of the low-level convergence and upper
level divergence distribution. Although this is a conceptual model it is worthy of 
detailed investigation. 

The diurnal changes over Africa and over the GATE experimental region in 
the eastern Atlantic have been examined in considerable detail by McGarry and Reed 
(1978). They show that over northern Africa between 15° and 20°N thunderstorms are 
most prevalent in the late afternoon/early evening period. The convective cloud 
cover and the rainfall was, however, maximum just after midnight. They attributed 
this feature to the long-lived squall systems that form in the afternoon but take 
several hours to reach their maximum rain production. McGarry and Reed (1978) as 
well as Gray and Jacobson (1977) examined the rainfall over the eastern Atlantic and 
noted a distinct early afternoon maximum. This was also confirmed by Murakami (1978) 
from his analysis of satellite cloud cover distributions. The GATE region of the 
eastern Atlantic (defined in Chapter 20) is thus somewhat anomalous compared to the 
western Pacific ocean. No explanation was offered by McGarry and Reed for this 
anomalous behaviour. 
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7.4 Diurnal variation in the monsoon belt 

Ananthakrishnan (1977) has examined the diurnal changes of wind, pressure 
and temperature distribution over Indio. Figure 7.10 from his work illustrates the 
diurnal variation of winds (12Z minus OOZ winds) for four selected stations. The 
four stations are: 

(i) 

(ii) 

( iii) 

(iv) 

Madras, located on the south;..east Indian coast, which experiences 
much of its rainfall in October and November; 

Bombay, located on the west Indian coast, which experiences most 
of its rainfall in June, July and August; 

Calcutta, located over coastal northeaste.rn India, which also 
experiences most of its rainfall in June, July and August; and 

Delhi, located over north central India near a desert, experiencing 
most of its rainfall in July and August. · 

These diagrams are good illustrations of the vertical distributions of diurnal change 
phenomena. 

Over Madras the 12Z (i.e. 5.30 p.m.) winds are easterlies, stronger than those at OOZ 
(5.30 a.m.) in the lowest kilometre. This is indicative of the sea breeze over Madr·as, 
where it is strongest during the summer months, at around 0.3 km above sea level. The 
depth of the sea breeze circulation is roughly 4 km. 

Over Bombay the sea breeze is pronounced from September to May (i.e. the non-monsoon 
months). The depth of the sea breeze over Bombay can be as much as 5 to 6 km. This 
is noted between February and April. Over Madras as well as over Bombay, there exists 
a diurnal component between 9 and 12 km during the summer months. This is shown up 
in figure 7.10, i.e. diurnally stronger easterlies over Bombay ond stronger westerlies 
over Madras. Although the amplitude of this phenomenon is only around 2 m s-~ it is, 
however, significant, since the averages are based on roughly 10 years of observations. 
Thus an important question remaining unsolved here is "how is this diurnal feature 
maintained?'1

• The axis of the tropical easterly jet of northern summer is located 
closer to Madras, and the above data implies that the jet is stronger at OOZ (i.e. 
5,30 a.m.) than at 12 Z (i.e. 5.30 p.m.). This may be a reflection of radiative 
effects associated with diurnal variations of convection and cloud cover. Over 
Madras the rainfall maximum (see Table 7.1) occurs between 6 p.m. and midnight while 
at Bombay the period of most intense rainfall is between 6 a.m. and 9 a.m. This 
diurnal change over Bombay is more maritime (during June, July and August) while that 
of Madras seems more continental. Cloud cover and associated radiative cooling can 
affect the meridional thermal gradients and the winds may intensify or decrease 
accordingly at upper levels. 

Over Delhi, located in north central India, there exists an interesting diurnal com
ponent during the summer monsoon months. Winds in the lowest 1 km are more from the 
east at 12Z (i.e. 5.30 p.m.) than at OOZ (i.e. 5.30 a.m.). Delhi is located on the 
eastern edge of the Rajputana desert. The diurnal change in winds at low levels is 
most likely in response to the diurnal heating of the desert and a flow towards it 



TABLE 7.1 
Diurnal variation of rainfall 

Elev- Percentage of seasonal rainfall I 
Station ation 00-03 03-06 06-09 09-12 12-15 15-18 18-21 21-24 Seasonal! (m) Season h rainfal~ 

IST (mm) 

1. Cherrapunji 1313 I 18.2 17.5 12.4 7.8 5.1 6.4 11.8 20.9 2360 
II 17.4 18.4 14.5 12.8 7.4 5.7 8.6 15.3 8481 

Ill 18.2 rr:5 11.7 9.7 12.1 9.8 9.2 14.1 413 

2. Mahabaleshwar 1382 I 7.7 6.4 2.5 1.2 12.1 40.0 18.0 12.1 104 
II 11.9 11.9 11.0 11.0 14.4 16.0 12.6 11.3 5521 

Ill 8.6 8.7 7.5 7.4 15.4 23.5 17.5 11.1 205 

3. Bombay 11 I 58.4 16.8 9.3 3.4 0.0 2.1 3.1 6.9 29 
II 13.6 14.7 15.3 13.4 11.3 9.3 9.8 12.5 2116 

Ill 13.7 34.1 I2.b 7.4 5.2 8.6 11.6 6.7 85 

4. Madras 16 I 10.4 16.6 13.3 17.2 12.7 8.8 9.5 11.6 75 
II 19.0 12.8 3.3 2.4 3.9 14.2 22.1 22.3 421 

Ill 17.8 16.8 11.6 11.6 10.0 9.8 8":5 IT.8 605 

~~ 5. Sagar Island 3 I 11.0 6.6 10.6 8.6 5.4 11.3 24.4 22.1 127 
II 15.2 19.0 14.2 14.8 11.2 7.6 8.0 10.0 1208 11 

Ill 13.0 rs:-5 13.6 16.9 15.1 11.4 5.2 9.3 221 

6. New Delhi 216 I 11.3 6.1 7.8 4.3 7.8 37.4 11.3 13.9 12 
ll 8.5 15.2 14.7 15.1 16.1 16.9 7.4 6.1 539 

Ill 23.8 8":"9 12.3 15.4 14.2 6:7 7.9 10.8 42 

7. Jamshedpur 129 I 2.3 0.4 3.8 0.6 8.2 51.1 24.5 9.0 78 
II 8.9 9.2 7.9 9.6 17.8 23.3 14.1 9.2 1085 

Ill 12.4 14.T 9.4 7.6 16.0 18:4 11.6 10.4 89 

8. Hyderabad 545 I 21.2 8.7 3.5 0.0 5.9 20.5 26.8 13.5 54 
II 14.5 10.6 5.0 4.9 9.7 18.4 18.1 18.7 605 

Ill 17.3 8.9 4.4. 6.5 13.6 15.6 12.8 T2."E" 106 

I: Apr +May; II: Jun + Jul + Aug + Sep; III: Oct + Nov + Dec 



Figure 7. 10 
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in the day-time. The reverse evidently occurs as a response to the cooling of the 
desert at night. 

Calcutta, located in north-eastern India, experiences a strong diurnal component 
during April, May and June in the lowest km. This diurnal component is not well 
understood. 

The diurnal component is important for several reasons. A proper under
standing of the diurnal component of the motion field could provide a better under
standing of the diurnal rainfall. Furthermore, there exists evidence that synoptic 
disturbances enhance and decay diurnally thus suggesting possible interactions of 
the synoptic and diurnal modes. 

7.4.1 Diurnal variation in rainfall over India 

Table 7.1 from Ananthakrishnan (1977) lists three-hourly rainfalls for a 
number of weather stations over India. Cherrapunji is one of the stations that ex
periences record rainfall amounts. Here the maximum rainfall occurs during the early 
morning between 03 and 06 h local time. The table is self-explanatory. Some of the 
stations show a single rainfall maximum around the early morning or late afternoon, 
while others display a bimodal character. During the summer monsoon, stations over 
north central India exhibit two maxima. A detailed explanation of the diurnal modes 
is presently lacking; the study of Gray and Jacobson (1977) provides important guide
lines for further investigations of this problem. 

A wind maximum around noon is shown up in the surface wind speed field. 
Figure 7.11, from Ananthakrishnan (1977), shows the hourly surface winds for four 
selected stations. The maximum wind for Port Blair, Madras and New Delhi is found 
during the northern summer months. A secondary maximum around 3 p.m. local time is 
also noted at New Delhi in the late winter months. The strong surface winds at noon 
over Port Blair and Madras are most probably related to the sea breeze. The strong 
winds at New Delhi are in response to the heating of the desert to the west and the 
diurnal strengthening of the heat low. Kodai-kanal is located at 1 200 m above 
sea level and is several hundred km from the Arabian Sea and Bay of Bengal coast. 
Here the surface wind speeds are out of phase with the coastal winds. A suggested 
explanation for this phase difference is based on momentum mixing in the vertical. 
Mixing is stronger in the summer months and tends to increase the surface winds 
while it reduces the winds at a higher elevation (such as at the level of Kodaikanal). 
The vertical distribution shows an increase of mean wind speed with height (with 
diurnal effects removed) above the surface' at these locations. The amplitude of the 
diurnal change is found to be consistent with the mixing concept applied to the day
time hours. This implies a momentum mixing over a layer some I 500 m deep. This 
is most probably brought about by the upward and downward fluxes of mass in and 
around the shallow convective clouds that are predominant during the summer months. 

7.5 Final remarks 

A vast body of literature exists on diurnal variations over continental 
areas of the tropics. Some of this is cited in Atkinson (1971). He notes that a 
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lack of order prevails in many areas; as an example: studies by Pedgley (1969) 
suggest that the diurnal ch~nge does not have the same phase in different sites of 
a region such as the Sudan. Diurnal change problems require further detailed ob
servational and dynamical investigations. 



Chapter 8 

ATLANTIC DISTURBANCES 

8.1 Introduction 

The atmosphere over the tropical and the subtropical Atlantic oceanic 
regions is known for its subtropical high, tropical depressions, tropical storms, 
hurricanes, trade winds, easterly waves, 'inverted V' cloud formations, cold upper lows, 
cloud clusters, squall lines, trade inversions, intertropical convergence zones, high 
level mid-oceanic troughs and low·-and high-level easterly jets. Much of the weather 
activity is known to occur north of the Equator while the southern Atlantic is rela
tively free of disturbances and only the subtropical high, trades (with their fluctu
ations) and the trade inversion are well-known features. The apparent lack of dis
turbances south of the ~uator has been recognized for some time. The intertropical 
convergence zone remains north of the Equator throughout the year and photographs from 
the geostationary satellite show a lack of cluster activity south of the ~uator; the 
field of sea-surface temperature shows values much less than 26°C most of the time over 
the southern oceans. Furthermore, the southern hemisphere trade wind belt is observed 
to be quite close to the Equator. Tropical wave disturbances are known to form over 
West Africa and propagate westwards into the Atlantic. No counterpart of this is known 
to exist over the continent of Africa south of the Equator, although very heavy rain
fall occurs in the near equatorial Zaire region during the northern winter months. The 
region south of the ~uator is characterized during the southern summer season by low
level southeast trades and high-level westerlies ~rather than easterlies), The vertical 
wind shear of the large-scale flow is large at 10 S and is comparable to that around 
l0°N during undisturbed periods. In this text we shall not say much'about the region 
south of the Equator since not much is kno'<vn at present. The region north of the 
Equator experiences fairly active weather between June and September, with greater 
activity in the latter months. 

In this section we shall begin with a description of the so-called classical 
easterly wave. 

8.2 Waves in the -~ade-wind belt 

Case studies of tropical disturbances have been a very fruitful area of 
research in the Caribbean region. The easterly wave was extensively studied by Riehl 
(1945). In fact, the so-called classical easterly wave is based on his pioneering work 
in this area. Figure 8.1, based on his work , shows a time sec-tion at Grand Cayman 
Island during the passage of an easterly wave. This is one of the well-defined examples 
of wave passage. It shows the following features: 
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Wave trough - The wave trough tilts eastward with height (this is shown by 
the near-vertical dark line); the wave is moving westward and the upper part 
arrives later than the lower part. The wind shift shown by the directional 
change of wind barbs (knots) shows that the wave extends through the depth of 
the troposphere. 

Thermal structure - The isotherms in this time section are shown as a de
parture of the observed temperature from a tropical standard atmosphere. 
We see here a cold core below the upper trough with higher temperatures to 
the east at low levels. The thermal amplitude of the wave at lower levels 
is somewhat large compared to other such examples. Between 500 and 250 mb 
a reversal in the thermal anomaly structures ma¥ be noted. The warm core 
above the low level cold core is attributed to the effects of cumulus con
vection. The thermal amplitude near 300 mb is about one half that at 900 mb. 

The Moisture field - This is shown by the dashed lines (units g kg~). The 
region east of the wave trough :isnoremoist than the region ahead li.e, west) 
of it. The convective weather and large-scale upward rising motion tends to 
occur near the wave axis and to the east of it. 

The horizontal structure of the Caribbean easterly wave has been analyzed by 
many scientists in the last twenty years. A detailed study was presented by Baumhefner 
(1968) based on a very careful analysis of the observations in this region. Figs. 8.2 
through 8.5 are based on Baumhefner 0 s analysis for August 13, 1961, 12Z. The wave has 
its largest amplitude near the 800mb surface and the trough is located near 76°W longi
tude. Figures 8.2, 8.3 and 8.4 illustrate the wind and temperature fields at 1 000, 
800, 600, 400 and 200 mb. In this study the cold core is not discernible at the 
1000mb surface; howeve~ between 800 and 600 mb1 the cold core is seen near the trough 
line and it tilts westward with height. The thermal field at 400 and 200 mb shows an 
upper cold low (located at 24°N and 81°W). These tropical upper cold lows are transients 
within the quasi-stationary mid-oceanic long wave upper troughs. 
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Figure 8. 1.- A vertical time section showing winds (knots) , te;aperature °C 
(solid lines) and specific hu::,1idity (dashed line) g kg~\ The 
diagrillo is based on Riehl's study of easterly waves 
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Figure 8.5b _ Vertical motion with the observed retative humidity. Isolines 
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The formation and maintenance of these easterly waves is difficult to under
stand. Frank (1976) has published an extremely valuable annual summary of Atlantic 
disturbances for the hurricane season. From operational daily surface and low-level 
weather charts and satellite photos, he has kept a seasonal diary of Atlantic dis
turbances that propagate westward from Africa. He notes that some 50 disturbances 
pass the coast of Senegal (Table 8.1 and Figure 8,6); that although several of these 
decay over the central Atlantic, roughly the same number are known to form there. A 
substantial number of these (around 20) are known to propagate westward across the 
central American highlands, and they move into the ITCZ disturbance belt of the 
eastern Pacific ocean. Although a qualitative count of these disturbances is now 
available; we still do not have sufficient information of their detailed structure. 
Unless and until we have more detailed information, it will be extremely difficult 
to predict which among these many disturbances will transform into hurricanes. 

In the Appendix; we have provided a mathematical framework for the barotropic 
instability problem. The formation of easterly waves over West Africa has been studied 
by a number of scientists who have shown the importance of the barotropic mechanism. 
The disturbances that form over the Atlantic trade-wind belt have not been studied in 
sufficient detail. From an analysis of the detailed motion field at 850 mb uti
lizing cloud winds (Chapter 20), Tripoli and Krishnamurti (1975) concluded that over 
large portions of the eastern Atlantic, the wave disturbances receive energy bare
tropically. Thus their general feeling is that the barotropic mechanism may be most 
important during the initial formative stage of Atlantic waves. Over the western 
Atlantic, some of these waves are known to become hurricanes. In this region, 
statistically one finds that the disturbances lose energy to local zonal flows; thus 
the barotropic mechanism is perhaps not helpful in the maintenance of these waves and 
the role of convection is perhaps more important. In a study of a westward pro
pagating easterly wave, Krishnamurti and Kanamitsu (1973) noted the following energy 
transformations (Figure 8.7) over the Caribbean. The principal mechanism is the 
transformation of eddy available potential energy into eddy kinetic energy which is 
found important for. the maintenance of the easterly wave. The manner in which this 
mechanism operates is as follows. 

Ascending motion occurs at the wave axis and to its rear. Over this region 
a warm core is present near the 500 mb surface. Subsidence occurs all around and 
ahead of the wave axis at the surface. The net result of this ascent of relatively 
warm moist air and descent of relatively colder and dry air is that a generation of 
eddy kinetic energy occurs from the eddy available potential energy. 

Even the westward motion of a non-developing easterly wave is a fairly 
complex problem. Estimates of the various terms of the vorticity equation are 
generally used to determine which of these contribute to a positive tendency of 
vorticity west of the surface trough. This is what makes the disturbance move 
westwards. 

Positive vorticity advection contributes most significantly to this local 
increase of vorticity ahead of the surface trough. This effect is somewhat counter
acted by the divergence term of the vorticity equation. 
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TABLE 8.1 

Results of 1975 compared with the previous seven years 

7-year 
1968 1969 1970 1971 1972 1973 1974 average 1975 

Total systems (all types) 107 105 85 103 113 95 96 101 113 
Dakar systems 57 58 54 56 57 56 52 56 61 
Barbados systems 59 44 53 56 56 58 58 55 69 
San Andres systems 40 43 45 58 49 54 52 49 64 
Depressions 19 28 24 23 24 24 25 24 28 
Named storms 7 13 7 12 4 7 7 8 8 
Subtropical storms ? ? ? ? 4 1 4 2 

Figure 8. 6 - Summary of tropical disturbances that passed three key stations 
(Dakar, Barbados, and San Andres) in 1975 and those maintaining 
their identity while crossing the Atlantic and Caribbean 

-WITH RADIATION 
--- WITHOUT RADIATION 

-2 18 21 24 27 30 33 36 39 42 45 4S 51 54 57 60 63 66 69 72 

TIME IN HOURS --

Figure 8. 7- Barotropic and baroclinic energy exchanges between 18 hours and 
72 hours for two experiments, with and without long-wave radiative 
cooling effects. The energy exchanges are evaluated for a lati
tude belt 12° wide across the active part of the wave and between 
100 and 1000 mb surfaces 
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In this example the easterly wave of the lower troposphere is close to the 
upper cold low. This is not always the case. This upper cold low extends down to 
600 mb. Figure 8,4 (bottom panel) illustrates a computed field of moisture con
vergence based on Baumhefner 1 s study. The heavy dark isopleths show a maximum of 
2 units of moisture convergence. The field of total moisture convergence here is 
defined by the expression: 

1 fPB + a I = - .::_ ('V • Vq + ~ wq) dp 
0' aD 
0 Pr • 

-+ 
where.q is the. specific humidity, ~qis horizontal velocity ve~tor and w is vertical 
veloc~ty. It ~s generally recogn~zed that large-scale net mo~sture convergence 
(I>o) is encountered in regions where cloud clusters are found. As shown in Kuo's 
theory of parameterization (see Chapter 6) 1 th& cumulus scale vertical fluxes of 
moisture and heat are frequently parameterized as a function of the large scale field 
of moisture convergence, such as those shown here, In this instance, radar surveillance 
of convective cloud cover was available, and roughly 1 to 2 percent of the synoptic 
scale area was covered by hard core radar echoes. A schematic westjeast cross-section 
(at 20°N) of the cloud representation is shown in Figure 8.5a along with the isopleths 
of moisture. This section is taken across the easterly wave shown above. The surface 
meteorological reports shown here were used in the cloud depiction by Baumhefner (1968). 
His study relates the cloud cover with the fields of large-scale vertical motion 
m1d moisture distribution. The latter are illustrated in Figure 8.5b. In general> the 
large-scale vertical velocity and cloud cover show very good correlation. In this 
example very dry air may be note'd ahead, i.e. west of the wave axis. The estimation 
of vertical motion is difficult in the data-sparse tropics; Baumhefner's analysis was 
based on the solution of a non-linearly balanced omega-equation. 

The structure can be summarized as follows: 

Easterly waves have an approximate wa\.e length:::: 2 000 km, over the Caribbean. 
They have been known to tilt eastward with height. The disturbance is known to have a 
cold core around 900 mb and a weak warm core around 500 mb. The active weather usually 
lags behind the trough line and very dry air with descending motion and associated low
level divergence is found ahead of the low-level trough line. This type of vertical 
structure by no means encompasses all cases. The vertical shear of the large-scale en
vironmental flows varies considerably. O~e finds that the structure, the scale and the 
life cycle vary considerably from place to place. At times when the easterlies in
crease with height in the upper tropospher~ the Atlantic waves have been known to 
resemble western Pacific easterly waves with an eastwards tilt and a reversal of the 
weather pattern with respect to the trough line. 

On a satellite photograp~a Caribbean easterly wave resembles a cloud cluster 
with a dimension of roughly 500 km 2. The cloud cluster is essentially a cirrus cover 
above active lines of cumulonimbus clouds. The fraction of the 500 km 2 area that is 
covered by deep convective clouds is usually only 1 to 2 per cent. There is usually 
also present a large area of shallow clouds which occupy roughly 30 per cent of this 
area. 
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In the final analysis on the maintenance of an easterly wave, one should 
consider the problem of detailed interaction of the cloud scale motion and the larger 
scale fields (Chapter 6). Thus a full description of an easterly wave may entail 
such processes as: 

(i) 
(ii) 
( iii) 
(iv) 
(v) 

Dynamics of large scale motion system; 
Parameterization of deep convection; 
Treatment of shallow convection; 
Radiative effects; and 
Air/sea interaction. 

In general, one can incorporate such details only via use of diagnostic and prognostic 
numerical models. 

8.3 Inverted V cloud formations 

These are disturbances which were first recognized from satellite photo
graphs by Neil Frank. They essentially comprise two cloud lines oriented to form an 
inverted V shape. Simpson and Simpson (1973) made the first definitive study of the 
cloud types in an inverted V using dropwindsonde aircraft. These are illustrated in 
Figure 8,8, The scale of the phenomenon appears to be around 1 000 km" The cloud
base is fairly high, i.e. 3 000 m or higher, and most clouds are of altocumulus and 
altostratus type. The sounding in the vicinity of the inverted V (Figure 8.9) shows 
a moist layer in the lower middle troposphere between 500 and 700 mb with drier air 
below and above, It is not quite clear whether or not it is a wave disturbance in 
the moist layer. Inverted V's have been noted to propagate all the way across the 
Atlantic ocean. Further work on their structure and dynamics is necessary to under
stand this phenomenon. 

8.4 Squall lines over the Atlantic 

Satellite photographs sometimes clearly indicate westward propagating squall 
lines over the Atlantic ocean. They have been known to propagate for periods of the 
order of several days from West Africa to Barbados. Strong trade winds are frequently 
noted on the east side of the squall line, compared to those on the west side. Large
scale convergence of mass is usually important in the low levels. The West African 
disturbance line is discussed in Chapter 14. Not much is known regarding the structure 
and dynamics of these squall systems. An analogy of Zipser's (1969) model of a 
Pacific squall system may provide a useful model for Atlantic squall systems. Zipser"s 
model for the Pacific ocean is illustrated in Chapter 9. The results of the GATE 
Experiment are not fully available. However, we should expect to see, in the near 
future, some interesting three-dimensional structures for these Atlantic squall 
systems derived from observations. 

8.5 Surges in the trades 

The trade winds of the two hemispheres are known to fluctuate in their 
intensity. As stated in Chapter 2, the winter hemisphere trades are a little stronger 
than those of the summer hemisphere. During the last several years, geostationary 



GATE NISSION 250-3 
IC-135 DROPWlNDSOfiOE 
SEPT 7, 1974 

FEW CU 

' ~ 

20'1 

Fl ,-

Figure 8. 8 - A depiction of a dropwindsonde mission showing weather distributions observed (and 
extended in terms of satellite sector pictures) and the "wind ladders" for observed 
winds measured by the dropwindsonde instrument 

1-' 
(.}1 
w 



-154 -

r . a ( 

340 

·330 

320 

-30 -20 -10 0 20 30 ·c 

20 

a K 

Figure 8.9- Three soundings from a dropwindsonde mission on September 7, 1974: 
panel (a) in a disturbance near the ITCZ, panel (b) in an inverted 
V disturbance in the trade winds, and panel (c) in undisturbed trade 
winds near the Cape Verde Islands 
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satellites have been providing cloud motion vectors for the low and the high clouds, 
It is possible to map the trade-wind belt with a degree of detail that has never been 
possible before. In Chapter 20 we present examples of detailed low-cloud motion 
vectors and the 850mb flows. These are based on recent work from Professor Fujita's 
group at the University of Chicago. The so-called undisturbed trades contain a very 
large number of cloud tracers. In fact, it is the undisturbed rather than the dis
turbed area where the low-level flows can be easily mapped using these cloud tracers. 
The high (800 m) resolution polar-orbiting satellite images indicate that cloud 
tracers are, in fact, present over most of the tropical oceans. When global coverage 
from several geostationary satellites is implemented, it should be possible to monitor 
global trade-wind systems very accurately. 

The present data coverage over the Atlantic shows that there exists a near 
simultaneous surge in the intensity of the trade-wind systems of the two hemispheres 

(Krishnamurti et al., 1975). They noted a dominant period of roughly two weeks in the 
oscillation of these systems. In fact, a famous explorer, Joshua Slocum (1910), 
traversing the trade-wind system in a sail boat noted, as far back as 1900, that the 
southern Atlantic trades exhibit a wind oscillation of a two-week duration. The full 
dynamical implication of this phenomenon is not clear. Figure 8.10 illustrates the 
wind speeds of the two trade-wind systems during 1974 over the Atlantic. Note how the 
two curves go up and down nearly simultaneously. The observations of the Atlantic 
trade-wind flows can be depicted in an animation movie showing vectors moving along the 
wind system. Such a film very clearly portrays the phenomenon of the simultaneous 
surges in the trades. 

8.6 The ITCZ (Intertropical Convergence Zone) in the Atlantic. 

The near-equatorial rainfall belt may be identified as the ITCZ (The Inter
tropical Convergence Zone). At times this belt appears as an east/west elongated line 
located near 5°N latitude. At other times one notes westward propagating cloud 
clusters in this belt. There is a controversy as to whether or not there, in fact, 
exist two distinctly different disturbance regions: one around 12°N (the easterly 
waves) and the other around 7°N (the ITCZ waves). Satellite observations strongly 
suggest that the ITCZ waves (as revealed by cloud cluster passage) are, in facti modu
lations of a quasi-stationary ITCZ by the westward passage of easterly waves farther 
north. Satellite photographs do not generally show two separate families of cloud 
clusters. A continuous cloud line near 7°N is frequently observed over the eastern 
Atlantic ocean. 

8.6.1 Theories of the ITCZ 

A number of theories of the ITCZ have been proposed in recent years. These 
theories have relevance to the ITCZ over the Atlantic, Pacific and Indian oceans. It 
would be appropriate to present a brief summary of these theories here. 

Two interesting studies by Pike (1971, 1972) deal with the formation of ITCZ 
over high sea-surface temperatures. These studies are based on zonally symmetric 
numerical models. In these models primitive equations for the atmosphere are in
tegrated and include the effects of air;lsea interaction. Pike prescribed two belts of 
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high sea-surface temperature close to lOON and at 10°8 with· a low:-t.emperature . 
. belt near the Equator similar to what is generally observed. ·His integra
tions not only simulated a convergence zone with·a rising centre but also 
showed a preference for a single ITCZ. This showed that although the sea
surface temperature forcing was symmetric about the Equator(± lOON), the 
solution nevertheless came out asymmetric (i.e. one ITCZ) as is generally 
observed in the atmosphere. Pike also carried out a seasonal cycle experi
ment with a combined atmosphere/ocean model including the radiative heat 
balance of the ocean. In this study, Pike showed a shift of the ITCZ from 
one hemisphere to the other with the march of the seasons. This model would 
be more relevant to parts of the Pacific and the Indian oceans. Pike also 
noted the preference for a single ITCZ in these studies, and he noted that 
the maximum sea-surface temperature lags behind the zenith sun by roughly 9 
weeks, which is a reasonable lag time. 

There is an essential difference between Pike's work and Charney's 
(1969) CISK ideas for the ITCZ. Here Charney views the ITCZ as a zone of 
cumulus convection which is controlled by the convergence of the moisture 
flux in the trades. This study of Charney is a line-symmetric analogue of 
the CISK model of a tropical cyclone. In his stud~ Charney presents a linear 
analysis for the growth rate of a line symmetric disturbance. He shows that 
the growth rate increases with the effect of the Earth's rotation (the Corio• 
lis torque) due to (i) the frictional convergence (Ekman convergence) and 
(ii) the lapse rate of equivalent potential temperature. Charney shows that 
the combined effect of (i) and (ii) produces a maximum growth rate, i.e. an 
ITCZ, some 7° away from the Equator. Charney's theory prefers a double ITCZ: 
one on either side of the Equator. Furthermore, Charney 's theory does not 
explicitly rely on the high sea-surface temperature. 

Neither of the above theories account for the role of near equatorial 
wave disturbances in the formation of the ITCZ. It was a study by Holton et 
al. (1971) that examined this zonal asymmetry, i.e. the possible role of the 
westward propagating wave disturbances (see Reed and Recker, 1971, for a de
scription of these) . Satellite photographs frequently show cloud clusters 
along the ITCZ. Holton et al. show that there exists a critical latitude at 
which the angular frequency of a wave matches the Coriolis frequency. The 
theoretical analysis is based on the Ekman layer problem on a beta plane. 
They furthermore show that the Ekman convergence is concentrated near this 
latitude. This theory takes into account the obvious limitation of the CISK 
theory which depends on Ekman convergence and is invalid near and at the 
Equator. The theory of Holton et al. shows that the frequency spectrum of 
the westward propagating waves (being non-zero) matches the Coriolis fre
quency at a latitude close to lOON where convergence, rising motion and the 
ITCZ would be expected. This theory thus takes into account the role of 
zonal asymmetry, i.e. the cloud clusters associated with the wave disturbances. 

A fully three-dimensional model of the ITCZ has not been proposed to 
date. However, we should not underestimate the contributions by many global 
general circulation models in this area. The studies of Hahn and Manabe 
(1976) are one of many such important studies that provide valuable insights 
into the oceanic ITCZ. They find reasonable climatological positions of the 
ITCZ over the tropical oceans in the vicinity of the high sea-surface tempera
ture belts and away from the ~uator. Manabe and Smagorinsky (1967) have 
furthermore sho~m that the eddy kinetic energy along the ITCZ is primarily 
maintained by vertical overturning (- W'T' > 0) with a conversion from eddy 
available potential energy -- the latter being maintained by cumulus heating. 
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Estoque and Douglas (1978) have drawn a distinction between the 
ITCZ in the western as distinct from the eastern Atlantic. They showed 
that while the energetics of the ITCZ over the central and western Atlantic 
were similar to that noted by Manabe and Smagorinsky (1967), the eddy kinet
ic energy associated with the ITCZ over the eastern Atlantic seemed to be 
associated with other mechanisms such as lateral forcing from middle lati
tudes and by barotropic conversions. 

8. 7. Subtropical cyclones 

Frequently observed phenomena over the Atlantic are the cyclones 
that form in subtropical latitudes. They possess gale force winds but lack 
the usual intense warm core that is found in tropical storms and hurricanes. 
They do not have the organized convection that is characteristic of the more 
intense disturbances. Many times during their life cycle~the subtropical 
cyclones show total lack of deep convection. Their formation is, at times, 
linked to a do\vnward propagation of cyclonic vorticity from the upper cold 
lows. The size of these disturbances is between 500 and 1000 km, and is 
somewhat larger in scale than hurricanes. Similar disturbances have been 
noted in other oceans. 

8.8. Other Atlantic disturbances 

There are a variety of other phenomena that are of interest over 
the tropical Atlantic, e.g. upper cold lows, shear lines, areas of rapid 
cloud formation near the mid-Atlantic trough and dust outbreaks. We make 
reference to these in other sections. 



Chapter 9 

PACIFIC DISTURBANCES 

The western Pacific typhoons are the most important among the many type~ 
of Pacific disturbances. On the average roughly 22 typhoons/year form over the 
~estern Pacific ocean. The western Pacific is far more active than the Atlantic or 
the Indian ocean. A large number of ITCZ waves propagate westwards around 10°N (see 
,Chapter 3 for a review of the structure of ITCZ waves and Chapter 6 for a review of 
the budgets of heat and moisture; details of hurricanes (or typhoons) are addressed 
in Chapter 11). Gray (1968) has presented a clear account of the global climatology 
of tropical disturbances. He emphasizes the immediate poleward region of a doldrum 
ITCZ as a favourable region for the formation of tropical disturbances. The doldrum 
ITCZ is here identified as a region of weak winds, usually containing weak eddy 
motions at sea level and separated by the trade wind systems of the two hemispheres. 
The doldrum ITCZ is sometimes contrasted with a quasi-linear ITCZ (or trade wind ITCZ) 
which contains a central asymptote of streamline convergence along which the speeds 
are of the order of 10 m s-~An easterly wave in the northern Atlantic ocean during 
the northern summer has been identified by Riehl (1945) and others as a wave distur
bance that is distinctly different from ITCZ waves that are located farther to the 
south. In the Atlantisthe respective mean latitudes of westwarg propaggtion for 
easterly waves and ITCZ waves are stated to be roughly around 13 N and 7 N. Over the 
Pacific ocean, no such distinction is usually made. 

9.1 . Variqtions of s·ea-surface tempe.rature (SST) over the Pacific Ocean and 
large-scale teleconnections 

The most striking feature in the field of SST over the western Pacific 
ocean is the northward propagation of the axis of warm water temperatures. The 
monthly mean fields of SST (Figure 9.1) from the recent atlas of Alexander and Mobley 
(1974) produced at the Rand Corporation illustrate this phenomenon. The axis of warm 
temperatures migrates from 5°S during northern winter months to about 15°N during 
the northern summer months. The region of tropical wave activity as well as the ITCZ 
is also known to migrate northwards following these warm ocean temperatures. The 
north/south migration of the axis of warmest ocean temperatures is, by comparison, 
less in the eastern Pacific ocean. It stays north of the Equator all the year round) 
near 6°N during the northern winter and near 15°N during the northern summer. The 
location of the satellite brightness axis (defining the ITCZ) for the four seasons 
based on studies by Hubert et al., (1969) is presented in Figure 9.2, the axis being 
indicated by a dashed line.---:n:;; seasonal ITCZ migration is clearly portrayed. One 
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of the enigmas of tropical meteorology is cloud line elongated from the north-west 
to the south-east in the western Pacific ocean of the southern hemisphere, This 
axis passes close to the Solomon and New Hebrides Islands where during the southern 
summer season rainfall amounts exceed 250 cm/season. This region of the Pacific 
ocean is characterized by warm sea-surface temperatures. In meteorological litera
ture this rainfall belt of the southern hemisphere and the one north of the ~uator 

0 
near 10 N have been referred to as a double ITCZ, although Hubert et al., (1969) have 
questioned this identification. This quasi~tationary rainfall belt north-east of 
Australia has not been properly investigated and deserves careful study. Among the 
transient features of the Pacific sea-surface temperatures, the occasional appearance 
of excessively warm water off the coast of Peru (called : El Nino) has attracted 
much interest in meteorology. In recent years these ocean temperatures were well 
above normal in 1957-58, 1965-66 and 1972-73. This warm water replaces colder waters 
in a region known for its upwelling. It has been suggested that this anomalous 
warming near the equatorial eastern Pacific between 80°W and 90°W has importan·t im
plications for tropical atmospheric circulations, although this remains to be con
clusively demonstrated. Sir Gilbert Walker (1923, 1924) introduced a concept called 
the ''Southern oscillation" to describe a climatological relationship between the 
atmospheric variations over the Indian and Pacific oceans: Figure 9.3 from Berlage 
(1966) illustrates Walker's southern oscillation. It shows the distribution of the 
correlation coefficient between surface pressures over a large part of the globe with 
the pressure at Jakarta in Indonesia. The values over the southeastern Pacific 
region are opposite in phase to the pressure at Jakarta, i.e. when pressure is high 
in Jakarta, it is low over the eastern Pacific and vice-versa. This is, in fact, a 
planetary scale phenomenon, the largest amplitude being in zonal wave number 1. The 
phenomenon o'f the "East/west circulation" discussed in Chapter 2 seems to have some 
relation to the •southern escillation" and to these bursts of 'El Nino' warming. 

9.2 Transient disturbances in the lower troposphere 

The ITCZ waves were mentioned in Chapter 3. Budget studies such as those 
reviewed in Chapter 6 suggest strongly that such disturbances, once formed, are main
tained by organized cumulus scale motions imbedded in them. less is known about the 
initial formation of these wave disturbances, although several suggestions have been 
made. In a series of linear stability studies, Yamasaki (1969, 1971) has examined 
the question of the large-scale instability of the tropical conditionally unstable 
atmosphere. His analysis includes the effect of condensation heating by the so-
called CISK mechanism. In fact, he shows that waves over a large part of the spectrum 
are unstable and thus one is led to believe that initial instability, at least theore
tically, can be due to the CISK mechanism in a conditional unstable environment. This 
idea is sometimes not too appealing because some interpretations of CISK have in
sisted on the requirement for frictional convergence and strong large-scale cyclonic 
relative vorticity in the planetary boundary layer. Both Ooyama and Yamasaki have 
repeatedly insisted that this is a misinterpretation of CISK. The ITCZ waves form 
along the regions of east/west oriented cloud cover which on many occasions is already 
present and thus one cannot tacitly rule out this type of instability. Other notions 
of initial wave formation have emphasized the role of north/south shear of the basic 
easterly flow, i.e. barotropic instability. In two interesting papers, Yanai and itta 
(1968) and Nitta and Yanai (1969) have examined the basic easterly current of the 
western Pacific ocean in this context. Here it is necessary first to examine whet1 er 
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the necessary condition for the existence of barotropic instability is satisfied. 
(This is reviewed in the Appendix to these notes}. It is that the meridional gradient 
of absolute vorticity vanishes at some latitude for the basic current under considera
tion. The stability problem, i.e. the determination of the growth rate as a function 
of scale, is examined by pursuing what is called the finite difference method for 
determining the barotropic stability. (This is also reviewed in the AppendixJ 
Figure 9.4a shows the meridional profile of the zonal surface wind in the western 
Pacific ocean based on the studies of Nitta and Yanai ~1969). The strongest easterlies 
are about 8 m s-1 and located near llDN. These are part of the trade wind easterly wind 
system of the western Pacific ocean. Figure 9.4b shows the corresponding meridional 
profile of absolute vorticity. This shows that around 10°N there is some evidence for 
the change in meridional slope (a~ ~y)of the absolute vorticity. Thus the necessary 
condition for the existence.of bargtropic instability seems to be satisfied by the 
easterlies in this region. It should be note~ here that even this simple condition 
cannot be tested with most available data sets because the observations are generally 
too sparse, and computation of such slopes are not easy. Research aircraft data are 
most desirable for such studies. The diagram of linear stability (i.e. growth rate 
versus wave number) is illustrated in figure 9.4c,also taken from Nitta and Yanai 
(1969). It shows that for the profile shown in Figure 9.4a the most unstable wave 
has a scale of around 2 000 km, This is close to the wave length of observed near-. 
equatorial ITCZ waves studies by Reed and Recker (1971). Thus one is led to believe 
that barotropic instability might be an important mechanism for the formation of these 
waves. Nitta and Yanai (1969) also examined the structure of this wave by computing 
the Eigen function for the most unstable mode~ Their perturbation stream function is 
illustrated in figure 9.4d. It shows a perturbation stream function with a south-west 
to north-eoot tilt south of 10°N which thus transports westerly momentum northwards 
towards the axis of the strong zonal easterlies at 11°N, leading to a weakening of the 
easterlies (energetically) and a strengthening of the wave. These features of bare
tropically growing unstable waves are very common over.many parts of the tropics. 
However, one should note that the southwest to north-east tilt will not always be pre
sent in tropical waves, the reason for this being that barotropic energy exchanges 
from zonal flows to waves and vice versa may alternate, with corresponding alterations 
in tilt. Synoptic analyses usually show waves with all types of til~any particular 
case having a sign depending on the stage of the life cycle of the disturbance. Thus, 
it is only at the initio! barotropically unstable growing stage that one should ~xpect 
to see a southwest to northeast tilt. These growing waves usually have their largest 
amplitude on the cyclonic shear side of the basic easterly jet. 

Another mechanism that has been examined for the initial growth relates to 
the combined barotropic/baroclinic instability described in the Appendix and also 
applied to west African disturbances in Chapter 14 and to northern Australian dis
turbances in Chapter 10. This requires a stronger meridional temperature gradient 
(or vertical shear of horizontal wind) than is observed over the oceanic tropics. 
Thus it would seem that the initial growth of western Pacific ITCZ waves may not be 
due to the mechanism of combined barotropic/baroclinic instability. 

9.3 Formation of near-equatorial anticyclonic eddies 

According to LaSeur (1963) whenever the ITCZ or the· near-equatorial low 
pressure trough line moves northwards from its climatological position by about 10° 
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latitude, a tendency for the formation of near~equatorial surface anticyclones occurs. 
This has also been noted by many synoptic and operational meteorologists. Fujita 
et al., (1969) have studied the formation of these eddies using low cloud winds from 
geostationary satellite data over the eastern Pacific ocean. Figures 9.5a and b from 
the studies of Fuji ta et al.,(l969) illustrate some stages in the formation and meri
dional motion of these near-equatorial anticyclonic eddies. They identify a sequence 
of stages in the evolution of these phenomena, identified in the diagrams as follows: 

(i) 
(ii) 
(iii) 
(iv) 
(v) 
(vi) 

Pushing stage; 
Recurving stage; 
Cut-off stage; 
Mixing stage; 
Burst stage; and 
Interacting stage. 

A two-week cycle is schematically illustrated in Figure 9.5a and anactual sequence 
based on real data ~nalysis is shown in Figure 9.5b. According to the authors 
( Fu j ita et al. 1 1969 ), the sequence starts with a northward push of southern hemisphere 
air. The initial flow contains large anticyclonic relative vorticity and divergence 
in low levels as the flows enter the northern hemisphere. The recurving stage is 
viewed as a consequence of gain in the anticyclonic relative vorticity. 

The cutoff stage identifies the formation of a closed anticyclonic region. 
The anticyclone usually moves northwards with an associated band of convection moving 
to the south-west. The cloud band usually dissolves when it interacts with a cold 
front. A study of the dynamics of this synoptic model involving cross-equatorial 
flow must involve an examination of the boundary layer dynamics as well (see 
Chapter 5). 

Fujita's analysis shown here, Figure. 9.5b, is for selected days during 
September. During this two-week period between September 12th and 26th one can 
identify the sequence of evolution from the pushing stage (on the 12th near 100°W). 
Because of a lack of observations, the vertical structure of this phenomenon is not 
known. It should be noted that this sequence is based on very limited numbers of 
case studies. Much can be ·learned by careful analysis of a larger number of tropical 
maps using cloud winds as part of its data base. 

9.4 The eastern Pacific Ocean 

During the northern summer months the eastern Pacific is one of the most 
active regions of the tropics. A large number of tropical depressions, storms and 
hurricanes are known to form near 10°N. There are several factors that make this 
region unique from the point of view of tropical disturbance generation: 

(i) 
(ii) 

(iii) 

Sea-surface temperatures in the region are close to 29°C; 
A large number of western Atlantic easterly waves cross Central 
America and arrive over this region (see Chapter 8); 
The interaction of the Central American mountains with the pre
vailing easterly flows may be an important factor in the vorticity 
generation over this region; 
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Figure 9.5a- A model illustrating six stages in the life cycle of a near
equatorial anticyclone 
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Figure 9. 5b _ Fuj ita's streamline analysis based on an analysis of real data 
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(iv) This region is characterized by small vertical shear and large 
horizontal shear. Barotropic processes may be important here. 
Cloud winds from geostationary satellites are available for several 
years on a daily basis. A worthwhile research project would be to 
explore cyclogenesis in this region using these presently available 
observations. Figure 9.6 from Denney (1971) illustrates tracks of 
depressions, storms and hurricanes for a selected year, As may be 
noted, most of these hurricanes dissipate after a few days of west
ward (or northwestward) passage. Tables 9.1 and 9.2, based on 
Gunther (19771 illustrate the frequency of eastern Pacific tropical 
storms and hurricanes for the past decade. On average about 15 
disturbances form per year in the eastern Pacific ocean, from among 
which about 50% are known to become hurricanes. The April issues 
of the Monthly Weather Review of recent years contain an annual 
storm summary for this region and this is an important source of 
reference. 

Sadler (1972) has compiled a detailed wind climatology for the upper tro
posphere over the region of the eastern Pacific ocean. His analysis is based on an 
extensive use of commercial aircraft reports. This region has westerlies north of the 
Equator during the northern winter (Figure 9.7a) and northeasterlies during northern 
summer (Figure 9.7b). Over the southern hemisphere, the flows at 200mb during the 
entire year are from the west. Sadler alludes to the establishment of an interesting 
buffer zone near the Equator during northern summer which separates the westerlies of 
the southern hemisphere from the northeasterlies to its north. The buffer zone cannot 
be identified as either a trough or a ridge line because of its proximity to the 
Equator. The dynamics of the buffer zone is another major unsolved problem in tro
pical meteorology because it comprises an important feature of the equatorial motion 
field. 

The monthly mean sea-surface temperatures for the eastern Pacific ocean 
near 10°N may be noted in Figures 9.1 (a and b). This region is very warm around 
May (temperature close to 29 C); howeve~ not many wave disturbances pass this region 
at this time. A slight cooling trend is usually noted during June and early July; 
thereafter sea-surface temperatures once again increase and values close to 30°C 
are frequently observed. This coincides with the high frequency of tropical storms 
that are noted to form in this region. 
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TABLE 9.1 

Frequency of eastern Pacific tropical storms and hurricanes combined b~ 
~onth and year _ _!(_ 

Year May June July August September October November Total 

1966 0 1 0 4 6 2 0 13 

1967 0 3 4 4 3 3 0 17 

1968 0 1 4 8 3 3 0 19 

1969 0 0 3 2 4 1 0 10 

1970 1 3 6 4 1 2 1 18 

1971 1 1 7 4 2 2 1 18 

1972 1 0 1 6 2 1 1 12 

1973 0 3 4 1 3 1 0 12 

1974 1 3 3 6 2 2 0 17 

1975 0 2 4 5 3 1 1 16 

1976 0 2 4 4 3 1 0 14 

n:'otal 4 19 40 48 32 19 4 166 

~ver. 0.4 1.7 3.6 4.4 2.9 1.7 0.4 15.1 

TABLE 9. 2 

Number. of eastern Pacific tropica__;l._E;!_<:>~E;_l:'_~_a,c:::hi,l1g_ f1u:t:xic_;:tn~ intensity by 
month and year.~~ 

1966 0 1 0 4 2 0 0 7 

1967 0 1 0 2 1 2 0 6 

1968 0 0 0 3 2 1 0 6 

1969 0 0 1 1 1 1 0 4 

1970 1 0 1 1 0 1 0 4 

1971 1 1 5 2 2 1 0 12 

1972 1 0 0 6 1 0 0 8 

1973 0 1 3 0 2 1 0 7 

1974 0 2 2 4 2 1 0 11 

1975 0 1 2 3 1 1 0 8 

1976 0 2 1 2 3 0 0 8 

Total 3 9 15 28 17 9 0 81 

Aver. 0.3 0.8 1.4 2.5 1.5 0.8 0 7.4 

·kCyclones are ascribed to the month in which they began. 
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Chapter 10 

INDIAN OCEAN DISTURBANCES DURING THE NORTHERN WINTER SEASON 

The atmosphere over the southern Indian ocean is very active during the 
northern winter season. A large number of wave disturbances form in the equatorial 
rain belt in the vicinity of Indonesia. These waves generally propagate westward 
along roughly 7°S latitude and a number of them become tropical storms prior to their 
recurvature southwestwards towards Malagasy (Madagascar) and the Mascarene Islands. 
Satellite observations are the major source of current data in the southern Indian 
ocean. Figure 10.1 illustrates a sample of daily photographs from polar orbiting 
satellites. This shows the westward passage and formation of tropical storms. The 
southern Indian ocean is unique in this respect compared to the southern Atlantic as 
well as the southern Pacific ocean since in these other regions there is a relative 
absence of storms. The field of sea-surface temperature over the southern Indian 
ocean (based on Alexander and Mobley, 1974) is shown in Figure 10.2. This region is 
characterized by high ocean temperatures. It thus seems that the formation and main
tenance of these disturbances may be similar to their northern hemispheric counter
parts. Figure 10.3 illustrates well documented tracks of tropical storms, based on 
the study of Crutcher and Quayle (1974), for the entire Indian ocean. The tracks 
north of the Equator represent storms over the Arabian sea and the Bay of Bengal for 
March, April, October and November while the tracks south of the Equator are for the 
northern winter months. The isopleths with numbers within this diagram show the most 
frequent direction from which the storm moved. The width of the heavy arrows represents 
the frequency of these storms, indicating that the southwestern Indian ocean is a very 
active region during this season. For comparison, we also show the west Pacific tracks 
which show a relatively higher frequency of tropical storm (typhoon) activity. 

During the northern winter season, as stated earlier, the north easterly 
surface flows from the general region of the Siberian anticyclone move towards the low 
latitudes of the Indian ocean. These low-level flows encounter considerable air mass 
modification over the relative warm East and South China sea. Several observational 
studies suggest that the convection and heavy rainfall over the regions of southern 
Malaysia and Indonesia are related to the intensity fluctuation 
(surges, etc.) of the north-east monsoons. These surges in wind speed seem to occur 
over the south China sea. These low-level flows encounter a major obstacle,i.e. the 
mountains of Indonesia which are over 2 km in height between 5°S and 5°N latitude. 
Figure 10.4 based on Kuettner (1977) shows a possible interesting influence of the 
equatorial barrier on the north-easterlies at low levels. According to Kuettner, 
vortex pairs, one on either side of the Equator,form downstream from these mountains. 
Figure 10.4 left panel (from Kuettner, 1977) illustrates the tracks of a number of 
such vortex pairs, most of which formed during the northern winter season. These 
disturbances propagate westward in their respective hemispheres, and frequently be
come tropical storms in the central Indian Ocean. The right panel of Figure 10.4 
(also from Kuettner, 1977) illustrates the westward displacement after the formation 



Figure 10.1- Shows a sequence of satellite 
photographs between February 14 
and February 22, 1977; illustrates 
the formation of two tropical storms 
over the southern Indian Ocean 
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Figure 10.2- Average ocean-surface temperatures (OC)~ isolines denote oo, 20, 
40, 60C 1 etc. Dotted isolines in low latitudes denote 250, 
27o, and 290C 
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Figure 10.3 . Track of disturbances in the southern Indian Ocean during the 
northern winter season, as well as tracks of tropical storms 
and typhoons over the northern oceans in other seasons, based 
on Crutcher and Quayle (1974). The thin solid lines show iso
pleths of most frequent storm movement directions 



Figure 10.4 - (Left panel) Tracks of vortex pairs 
tfiat formed in the Indian Ocean 
downstream from the Indonesian 
mountains (After Kuettner, 1977) 
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shown by day 1. The mechanism for the formation of these disturbances is not well 
understood. It would be desirable to study the influence of the Indonesian mountains 
on these low level flows by means of controlled numerical weather prediction ex~ 
periments. 

10.1 Climatology of flows over the southern Indian Ocean 

Sadler and Harris (1970) provide an excellent climatology of the flow 
field in this region during the northern winter, In Figure 10.5 we present the map 
for February 1970, at the 600 metre level, 850, 700, 500, 300 and the 200 mb surfaces. 
Of major interest are the locations of major trough lines and near equatorial wind
shift lines. The pronounced Equator-ward tilt with height of the ridge line (located 
near 20°N at the 600 metre level) is one of the salient features in this climatology. 
On the other hand, the near-equatorial counterclockwise wind-shift line has a very 
small tilt up to 500mb. The higher levels show a broad belt of easterlies between 
the ~uator and 15°5 where the tropical storms, discussed above, have a westward 
motion. It should be noted that year-to-year changes in the positions of these wind
shift lines are of major interest to the tropical climatologist. 

This near-equatorial wind~shift zone, also called a buffer zone, is known 
to migrate more often to the summer hemisphere than to the winter hemisphere. Its 
anomalous meridional movement te~ds to bring in large-scale anticyclonic vorticity 
over the near-equatorial rainfall belt and causes temporary cessation or breaks in 
the rainfall. The precise mechanism of its meridional motions are not at present well 
understood. 

10.2 The northern Australian low-level easterly jet 

A remarkable similarity exists between the surface meteorological conditions 
over northwestern Australia and over western Africa. The Australian desert during the 
southern summer, see Figure 10.6, and the Sahara during the northern summer provide 
similar meridional thermal gradients on their Equamrward side in the lower tropo
sphere. These regions of strong meridional thermal gradient are located near 15°5 and 
15°N1 respectively. The lower tropospheric flows (Figure 10.7) are easterlies in this 
region during the respective summer seasons. A low-level easterly jet with maximum 
speed around 30 knots is frequently noted near 600 mb in both instances. Both hori
zontal and vertical shear of the wind is large below this level of maximum wind. 
The cyclonic shedr side of the low-level jet (i.e. the Equator~rd side) encounters 
lower tropospheric easterly wave activity in both regions. There are some major 
differences, as well, due to the different land/ocean configurations. The near
equatorial disturbances north of Australia trdverse westward over a lower boundary 
consisting of both land as well as ocean. On the other hand, the large amplitude 
West African disturbances move over the continental areas near 10°N prior to their 
arrival at the Atlantic coast. It appears, from satellite imagery and infra~ed data, 
that the distribution.and activity of convective disturbances are moje vigorous over 
the near-equatorial region north of Australia than in the near-equatorial rainbelt 
over West Africa. 
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Figure 10.7- 700mb mean flows during February based on the analysis of Ramage and Raman (1974). 
The streamlines and isotachs (knots) are illustrated. The position of the low~level 
easterly jet is indicated here 
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TABLE 10.1 

~_§_tirnCl.:tg_~ilL_!ncl.ivig:g.al __ terms in the horizon~radient of m_~§:!]._J~ot~!ltial 
y_()_E_t:J:.~i:~yJn __ :t::tE:i:tE?__ ()_L 10-=TTffi-=T ~-1. Terms were evaluated at ] 00 mp __ :from 
th_E?_monthly mean cross~se.ctionfo'l:' ___ .t\1,1,@St_at. rr based on Burpe-e==TI972) 
Q.Y_e._:t::_J·J~_§_t: __ A~E-~ ~ a __ ~~rj._Qg __ E.Sl_E_!: he rn summer 

Latitude 2- fo 
2 

aps au fo 
2 2- ~ a u a u - -2 2 az- a-z -

N 2 ~ <P ay N PS az ay 
s s 

5 4.8 2.2 -0.2 -2.0 4.8 
7.5 6.4 2.2 -0.2 -2.0 6.4 

10 -1.2 2.2 -0.3 -4.0 -3.3 
12.5 -5.2 2.2 -0.4 -8.0 -11.4 

15 -4.0 2.2 -0.3 -4.0 -6.1 
17.5 0.0 2.2 -0.4 -2.0 -0.2 

20 0.6 2.2 -0.2 -2.0 0.6 
22.5 2.8 2.2 -0.1 0.0 4.9 

25 0.0 2.2 0.0 0.0 2.2 

TABLE 10.2 

Same as above across the northwestern Australian low-level 'et at 700mb 
for southern sun~ner OE longitude) 1 based on unpublisl1ea-w0rK 
'{Krishnamurti) 

50S -0.3 2.2 4,6 2.5 9.0 

7.5°S -0.0 2.2 5.9 1.4 9.5 
10 +0.3 2.2 -1.9 1.5 2.1 

12.5 +3.5 2.2 -0.1 1.0 6.6 

15 -0.2 2.2 -0.4 -1.8 -0.2 

17.5 -5.8 2.2 0.3 -2.7 -6.0 

20 -0.8 2.2 -0.2 -5.2 -4.0 

22.5 +2.9 2.2 -0.1 -5.3 -0.3 

25 +0.8 2.2 +0.2 -5.4 -2.2 
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There are also a number of dynamical parallels in these two easterly 
wind regimes. 

10.3 Combined barotropic/baroclinic instability 

A theory for the existence of combined barotropic and baroclinic in
stability is presented elsewhere (see Appendices). We have also discussed earlier 
that the West African wind and temperature observations satisfy the necessary con
dition for the existence of the so-called "combined instability" during northern 
summer. We shall show here that the low-level easterly jet over northwest Australia 
also satisfies the same conditions. If a data set satisfies the necessary condition 
for the existence of combined instability, then the meridional gradient of potential 
vorticity ( ~P) must vanish somewhere within that region of interest. Tables 10.1 
and 10.2 show the various terms in the expansion over West Africa from Burpee (1972) 
and over northwestern Australia based on the author's unpublished work. There are 
five columns showing respectively the horizontal shear, and the beta term, two terms 
showing the effects of vertical wind shear and the final column shows the sum of all 
the terms. The rows in the tables show different latitudes. The sum of the first 
two terms denotes the barotropic effects. A change of sign in the sum of the first 
two terms (as a function of latitude) reflects that the necessary condition for the 
existence of "barotropic" instability is satisfied by the data set. This is true 
for the two low-level jets considered here. The sum of all of the terms also shows a 
change of sign (as a function of latitude) thus satisfying the existence of the com
bined instability. The question naturally is asked: What is the implication,if the 
necessary condition is satisfied by a data set? 

Here our interpretation is that wave disturbances propagating westward 
on the cyclonic shear side of the low-level jet could draw energy from the horizontal 
as well as the vertical shear of the basic current, i.e. the low-level jet. In order 
to go one step beyond this stage towards confirming whether such energy exchanges 
indeed occur in the maintenance of the wave disturbances,further diagnostic and 
prognostic studies are needed. Such studies have been carried out by Reed ~t al,,(l977), 
Norquist et al., (1977), and by Krishnamurti et al.,, (1977) over West Africa. These 
studies essentially confirm the importance of baroclinic and barotropic energy ex
changes for the maintenance of the wave disturbances. 

Finally, it is important to recognize another point of similarity between 
these two wave disturbances. Most Atlantic hurricanes are known to form from the 
African waves; likewise a large number of tropical storms of the southern Indian 
Ocean form out of westward propagating wave disturbances that originate in the 
general region of north of Australia, Indonesia and southern Malaysia. 



Chapter 11 

HURRICANES 

The amount of research that has gone on in this area is so large 
that it would be impossible to review the state of the art in one chapter. 
We shall first list some of the main areas of current studies, 

(i) Formation of hurricanes. Observational factors, instability, 
theories, numerical modelling; 

(ii) The mature hurricane structure, dynamics and numerical simulation; 

(iii) The track of hurricanes. Statistical and dynamical statistical 
methods, steering, numerical weather prediction; 

(iv) The land fall: decay of hurricanes, destruction, tornadoes 
associated with hurricanes at landfall, floods after storms move inland; 

(v) Storm surges i 

(vi) Modification of hurricanes; 

(vii) Cumulus convection and its parameterization in the numerical 
modelling of hurricanes; 

(viii) The hurricane rain bands; 

(ix) Dynamics and energetics of hurricanes. 

11.1 Formation of hurricanes 

Maps of tropical regions where hurricanes form may be found in stu
dies such as those compiled by Gray (1968). Observations suggest that there 
exists a critical ocean temperature, i.e. 27°C, below which hurricanes do 
not usually form. Once formed, hurricanes are, however, known to move over 
middle latitude oceans where the ocean is colder. Some numerical models 
show that the maintenance of a mature hurricane depends crucially on the 
sea-surface temperature. The pattern on tropical weather maps during the 
initial stages of hurricane formation usually contain some clues. However, 
often the same pattern simply represents potential threat and no development 
occurs. Factors such as organized convection, large horizontal shearing 
currents in the lower troposphere, lack of vertical shear, high ocean tem
peratures, favorable high-level anticyclonic flows, etc., are usually quoted 
as being important. The number of such factors is so large that there are, 
in fact, no definitive empirical rules. Some studies, such as those by 
Dvorak (1973), indicate an expected sequence of satellite cloud cover during 
the formation of a hurricane (or typhoon) . Such sequences can be somewhat 
misleading because they portray cloud patterns which are a consequence of 
the organization of the motion field and, in particular, the divergent part 
of the motion field. However, it provides some degree of satisfaction that 
one has looked at the evolution photographs. They do not provide too many 
clues about the formation process, which involves many dynamical and thermo
dynamical factors. Fig. 11.1 illustrates two sequences of photographs from 
Dvorak (1973) showing the satellite cloud cover (once per day) during the 
formation of hurricanes. The pictures clearly illustrate an organization of 

'· 
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Fiqure 11. 1 - Daily sequence of typhoon formation 

convection. However, it does not explain why such an organized cloud struc
ture evolved. It should be stated that experienced forecasters can; at 
times, find more than most people in such photographs to aid them in the 
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prediction of hurricane evolution. However, a formal documentation of their 
experience is usually not provided. 

The map approach of identifying typical patterns which lead to hur
ricane development has similar limitations. Fig. 11.2 from a study of Fett 
(1966) gives schematic flow charts during the evolution of a typhoon. The 
idea is that if stage Ill follows II from an innocuous state I, then a fore
cast of stage IV is usually made. The limitation is that only in parts of 
the tropical oceans can one find a stage I type ITCZ and there are usually 
a myriad of cloud patterns that accompany flow patterns. This sequence 
evidently has met with some success over the central Pacific Ocean. Figure 
11.3, according to Colon (1961), illustrates an example of a hurricane for
mation in an easterly current. The different panels illustrate the forma
tion and northward motion of hurricane Helene. The broad scale flow is 
easterly both to the north and the south initially. The pattern is not 
quite the same as in Fig. 11.2 above. Late season storms frequently show 
this kind of evolution over the western Atlantic Ocean. Here again, the 
pattern alone can be very misleading at times. Operational weather maps 
from Weather Centers such as Miami and Guam provide many synoptic-scale 
examples of storm evolution. In this connection, reference should be made 
to the April issues of the Monthly Weather Review of the last several years. 
In these issues there are generally three review papers on the tropical dis
turbances and hurricanes of the preceding year over the Atlantic and eastern 
Pacific Oceans. Another important source of reference is the annual typhoon 
summary published by the Joint Typhoon Warning Center in Guam, the latter 
covering the western Pacific Ocean. In order to obtain a global coverage 
of the various storm episodes similar publications of several other countries, 
e.g. Australia, India, Mauritius are necessary. Although it appears that 
the ultimate understanding of hurricane formation will come only from a con
trolled numerical weather prediction approach, a knowledge of actual episodes 
is extremely important since they provide important background information. 

11.2 Observed structure of a mature hurricane 

In this section we shall present some of the structural details ·of 
hurricane Hilda (1964). Its structure was analysed by Hawkins and Rubsam 
(1968). Most of the analysis is based on research aircraft flights into the 
hurricane~ four flights near 900 mb, 750 mb, 500 mb and 190 mb were carried 
out on October 1, 1964 when the storm was fully developed. Although there 
are four aircraft flight levels, the observations are still insufficient for 
full coverage. Observing a hurricane is an extremely expensive operation. 
Ideally one would like to see more than one plane flying at each of at least 
six pressure levels. Such an investment would provide a detailed and defini
tive structure of one hurricane. It may be desirable from the point of view 
of nutnerical modelling that some fairly detailed observational structures be 
determined and documented. As we shall see from the next section, numerical 
models produce what we think are very reasonable structures. We are, however, 
not in a position to determine their limitations. 

Fig. 11.4 shows the.observed vertical cross-sections of the following 
variables: 

(i) Temperature anomaly; 

(ii) D-value, 'which is a departure of the geopotential height from a 
standard atmosphere; 
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Track of hurricane Helene, September 
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(iii) Absolute angular momentum} 

(iv) Absolute vorticity. 

Fig. 11.5 illustrates sections of: 

(v) Wind speed relative to moving centre; 

(vi) Radial velocity. 

The temperature anomaly indicates a warm core with a maximum of 16°C 
near the 250 mb surface. The radial gradient of temperature ~s very large 
below 500 mb roughly 10 km from the storm1 .s centre. It is clear from this , 
detailed structure that a grid size of roughly 5 km may be required eo re
solve the observational details that are present here. The radial gradient 
of the thermal field is small over the ocean surface. The region above 200 
mb is somewhat questionable in this sect~on. There is a possibility that a 
very cold tropopause might be present above the hurricane, but this is not 
indicated by this section. 

The D-values illustrate the region of large radial pressure gradient 
which is located 10 to 20 nautical miles from the storm's centre.. Above 300 mb, 
this pressure gradient becomes considerably weaker. In this inner rain area, 
low pressure near the centre extends all the way up to 150 mb. 

The radial mass inflow and outflows shown in the next figure (i.e. 
Fig. 11.5) indicate the largest inflows at the lowest level and outflows near 
the 200mb surface. These inflow and outflow profiles at different radial 
distances have been adjusted for the condition of no net mass inflow, 
The horizontal wind speed relative to the moving centre is illustrated in 
the top panel of Figure 11.5. 

The largest wind speed is of the order of 100 knots. Even after 
removal of the storm's motion, the left and the right sides are not symmetric 
about the storm's centre. Near the eye-wall, the vertical shear of the total 
wind is small. Speeds of the order of 45 to 55 knots are present even at 
180mb, the uppermost flight level where the storm was observed. It is mf 
interest to note that the strong wind belt is confined to such a small area. 
At a radial distance of 80 nautical miles from the storm's centre, the speeds 
fall off to about 45 knots. This makes the forecasting of the land fall of 
strong winds a very difficult problem - since the accuracy requirements for 
the storm's track are extremely high. 

A vertical cross-section of the absolute angular momentum is given 
at the bottom of Fig. 11.4. The superposition of the mass inflow/outflow on 
this diagram reveals that at the lower level of the storm1 parcels are 
moving towards smaller and smaller values of the angular momentum. Thus, 
there is an appreciable loss of angular momentum to the sea. At the higher 
levelsJ the outflows are more parallel to the isopleths of absolute angular 
momentum suggesting that the absolute angular momentum is nearly conserved. 

The isopleths of absolute vorticity are illustrated at the bottom of 
Fig. 11.4. They show that the cyclonic vorticity of the storm has a maximum 
value of the order of 22xlo-4 s-I. The vertical variation of the absolute 
vorticity is very small in the lower troposphere. The region of cyclonic 
vorticity (at about 25 nautical miles) extends all the way up to 100mb. 

The structure we have presented in the top panels of Fi~res 11.4 and 
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11. 5 is of the storm's structure to the left and right of its centre with 
respect to its direction of motion. The other parts of these diagrams il
lustrate the symmetric structure of the storm. 

11.3 The axially symmetric hurricane 

The axially symmetric hurricane is a model hurricane that is sta
tionary. These models have improved our understanding of the hurricane; but 
they have limitations. 

In this section, we shall present a brief review of the state of the 
art in this area. The first successful numerical simulation of a hurricane 
came from the work of Ooyama (1969). The first study with a primitive equa
tion model was carried out by Yamasaki (1968) . Most subsequent contribu
tions to the symmetrical model have been due to Rosenthal. His results 
appear in many papers published in the Monthly Weather Review. Sundquist 
(1972) has also contributed in this area. 

11.3 .1 

Cylindrical coordinates with pressure as a vertical coordinate are 
used in the following formulation. The independent variables are radial 
distance r, pressure p and time t. The dependent variables are the three 
velocity components u, v and w, potential temperature, moisture variable q 
and the geopotential height of the pressure surface z. 

The radial equation of motion is: 

d;{ - (f + v;] ve = - ~~ + v (v2 - ~] (11.1) 

The tangential equation of motion is: 

dv ( v ] -;J+f+: (11.2) 

The remaining equations are: 

The hydrostatic law: 

.£j_ = _ Rrr 8 ap P (11. 3) 

The mass continuity equation: 

1 a 
( rv ) + aw = 0 

T llr r Op 
(11. 4) 

The thermodynamic equation: 

(11. 5) 



The moisture equation: 

~ 
dt 

E - p 

where 
1T = T/6 

and 
d 
at-
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(11.6) 

The system of equations presented above requires definition of the friction, 
heating, precipitation and evaporative processes. If these are defined, 
then we have four prognostic equations for vr, v 6 , e and q and two diagnostic 
equations for w and 8~/8p. The system requires appropriate boundary condi
tions for these variables. The problem of a reference level specification 
for the geopotential ~ is an important one. 

Here we present the definition following Yamasaki (1968) . In order 
to exclude external gravity waves from the system, w was taken as zero at 
p = po and at p = PT• i.e., the bottom and top of the model atmosphere. The 
outward mass flux at a pressure level is proportional to Vrr. The net £lux 
of mass radially in and out of a vertical column should be zero, i.e.: 

or, since r constant, 

IPo v 
PT r 

dp 0 

Furthermore, 

_1_ JPo 
dt 

PT 
vr dp = 0 

From equations (11.1) and (11. 9) we obtain: 

0 

where 

A= - vr ~v: - w ~v; + (f + v:)v6 + v (v
2 - l/r

2) 

Using the hydrostatic law (11.3), we obtain: 

RTIS dp 
p 

(11.7) 

(11.8) 

(11. 9) 

(11.10) 

(11.11) 

(11.12) 
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and using (11.10), we obtain: 

(0 dp r 
PT PT 

f
ro fPo 

A dp dr 

r PT 

+ (Po :pT) [!:T • dp] r~r 
0 

(11.13) 

This equation together with the hydrostatic law specifies ~ at all levels. 

The other boundary conditions are: 

.£.9.. = 0 
Clr at r = 0 and (11.14) 

The stresses 'r and 'e vanish at the top of the atmosphere. The stresses 
are defined above the surface by the relations, 

'r 
'e 

At the surface we .define these by the usual relations: 

'rs 

'es 

Furthermore, 

w = 0 at P = Po, P =PT· 

(11.15) 

(11.16) 

(11.17) 

The vertical resolution of the numerical model is specified as: 
~p = 25mb below 900mb and ~p = lOO mb above. (Thirteen vertical 

levels in all) . 
The horizontal resolution is specified as: 

t:,r 20 km for r < 100 km, 
t:,r 50 km for lOO km < r < 450 km, 
t:,r 100 km for r > 500 km. 

An upstream differencing scheme is used for horizontal advection. 
For the initial state, the following conditions are adopted: 

Weak tangential velocity(~ 5 m s-1), no initial radial or vertical 
motion. Initial geopotential derived from gradient balance of the weak cir
cular vortex. The initial thermal stability is taken as slightly less than 
that of the so-called Jordan sounding. 

11.3. 2 The moisture distributions 

In many of the symmetric hurricane models no explicit moisture vari
able is used. A steady source of moisture in the boundary layer is assumed 
and its effect in the thermal equation is introduced via the heating terms. 
An explicit water-vapour cycle was introduced by Rosenthal in a symmetric 
model. He discusses the so-called convective and non-convective precipita
tion for the hurricane problem. He showed that the non-convective component 
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was substantial for the hurricane intensification, .a result also confirmed 
by Nathur in an asymmetric hurricane formation. Rosenthal essentially uti
lized an extension of Kuo's procedure for the parameterization of cumulus 
convection. The heating function 

• H {. c liT } 
Q = lit + 0 1t (11.18) 

where liT is the net temperature change at a pressure level p due to n levels 
from which convection can originate and the convective precipitation ra.te for 
a column of unit area is . 

p = l J g_ dp 
g D (11.19) 

(For a definition of liT.refer to Kuo's procedure for parameterization of 
cumulus convection.) Large-scale condensation is invoked when there is satu
ration, ascending motion and a statically stable situation. Extreme care is 
exercised in assuring moisture conse.rvation in the specification of the con
vective and non-convective heating and related precipitation. Since the 
saturation condition is a function of the models, super--saturated states can 
remain unaccounted for, and cause problems. 

11.4 Results .of numerical simulations of the symmetric hurricane 

This review of hurricane simulation contains a mixture of contribu
tions from different workers. We illustrate first some of the main results 
from Rosenthal's model with the explicit water vapour cycle. The simulations 
of Yamasaki (1968) and Rosenthal (1969) all seem to have much the same char
acteristics. Rosenthal uses a 10 km mesh size in his experiment. The 
results of his simulations, and especially the structure at the mature stage, 
are illustrated in Fig. 11.6. The following may be identified in these 
diagrams: 

(i) 
(ii) 

(iii) 
(iv) 
(v) 

(vi) 
(vii) 

(viii) 

Evolution of the central pressure as a function of timej 
Evolution of maximum surface wind~ 
Surface pressure as a function of radius at 144 hours; 
Convective plus nonconvective rainfall between 72 and·2l6 hours; 
Tangential velocity at hour 144; 
Radial velocity at hour 144; 
Temperature anomaly at hour 144; 
Vertical velocity at hour 144. 

At around hour 144, the central pressure reached f minimum value of around 
97 5 mb and surface wind speeds approached 40 m s- . Let us redefine axial 
symmetry by the relation 

Q(r,z,t) = ~ T Q(r,e,z,t) de (11.20) 

where the integral is taken around any circle of the cylindrical coordinate 
system. In order to obtain a field of Q (for any variable) based on obser
vations, three-dimensional observations of the variable are required. It is 
safe to state that such detailed observations have not been made in any one 
storm. Data at a few levels from aircraft flights into hurricanes have pro
vided much useful information on the inner structure of the storms. The 
gaps in data are quite large and no definitive detailed structure has been 
described. Some attempts at combining observations from many different 
stonns have been very promising (Gray, 1974). Aside from the limitations of 
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the lack of asymmetries and lack of motion of the storms, the calculations 
do seem to suggest a high degree of success in their simulation. The absence 
of a spin-up time of roughly 96 hours before any significant pressure drop 
occurs is a major defect of the present models. The long integration time, 
i.e., 144 hours, makes it difficult to assess the reality of the initial 
parameters of the model. In his experiment, Rosenthal felt that 1' the ul ti
mate intensity of the storm is not greatly affected by the initial humidity 
conditions.'' This is evidently related to the long spin-up time. The simu
lation of the zonal, radial, and vertical velocities, and the temperature 
anomaly all seem quite realistic when compared with the presently available 
observed structures such as those we have presented in the previous section. 
The rainfall rates are reasonable and of interest here is the fact that a 
good proportion of the total rainfall is non-convective; out of a rate of 
about 25 cm per day about 7 to 10 .cm per day are deposited from the non-
convective process. This seems too high if we compare these rates with 
non-convective counterparts in middle latitude storms. This is primarily 
due to the intensity of the vertical motion c~ 3 m s-1) in the upper, stable/ 
saturated regions. 

Several other remarkable findings have emerged from controlled numer
ical experiments with a symmetric hurricane. The following summary is based 
on Rosenthal's, Ooyama's and Yamasaki's contributions: 

(i) 

(ii) 

(iii) 

(iv) 

(v) 

One of the problems examined was that of the role of inertial 
instability in the development of the hurricane. These studies 
all confirm that the appearance of a negative vorticity region 
is a consequence of the storm development and not the other way 
around; 

The vertical distribution of heating during the rapid intensifi
cation of the storm reaches the middle troposphere and even 
slightly lower. During this stage, the stratification of the 
upper levels becomes stable. The stratification near the centre 
becomes near neutral during the mature stage; 

The decaying stage of the storm was simulated in these studies. 
This occurs when the radial gradient of the temperature starts 
to decrease. This results in a decrease of the surface pressure 
gradient. The tangential velocity in the lower and middle layers 
starts to decrease. This decay of the storm is mostly a conse
quence of the model's tendency to produce near-neutral lapse 
rates over larger and larger areas near the centre of the storm. 
The weakening of the model storm is not due to a lowering of the 
sea-surface temperature or a simulated landfall. This type of 
weakening is not frequently observed; 

The model storm does weaken when the sea-surface temperature 
and/or the moisture supply from the ocean is cut off. The latter 
is a simulation of landfall; 

Other major defects of the models relate to energy losses and 
momentum redistribution by the finite-difference procedures that 
act as pseudo-viscous effects. 
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11.5 Asymmetric aspects of hurricanes 

We shall divide this section into two parts. First we discuss some 
salient observational aspects of the asymmetries. 

11.5.1 

The major asymmetries are found in the motion field and in the dis
tribution of cloud cover. The thermal and moisture fields have not been 
adequately observed. However, there is reason to believe that the moisture 
field above the boundary layer should be asymmetric with respect to the 
storm axis. Here again our interest is in the inner 100 km radius of the 
storm where most of the rainbelts are located. The upper tropospheric flows 
genP.rally show an asymmetric flow distribution,which is illustrated in Fig. 
11. 7. The cyclonic outflows near the centre in the upper troposphere quickly 
change to anticyclonic outflow regions. Another salient as~nmetry is in the 
isotach field of the lower troposphere. An example of the tangential veloci
ty at 800mb in a hurricane is illustrated in Fig. 11. 7. This asymmetry of 
strong winds to the right of the direction of motion is not entirely due to 
the motion of the storm. A removal of the speed of motion of the storm still 
leaves some of the pronounced asymmetry in the tangential winds. The problem 
requires further observational exploration. 

Finally, we show in Fig. 11.7 the asymmetries of the cloud cover from 
the radar composite for the same storm. The rainbands exhibit an asymmetry 
which is fairly typical of most hurricanes. The wind field in the boundary 
layer must be quite asymmetric with asymptotes of convergence beneath these 
rainbands. Lack of observations makes it difficult to construct any real
istic detailed depiction of the streamline field over the ocean surface in 
the inner (lOO km) rain area of the storm. The thermal and the pressure 
distributions are known to be the least asymmetric of the various observed 
fields. 

The rainbands illustrated in the diagram do not have quite the same 
structure in other storms. They frequently seem to contain a quasi-stationary 
part (with respect to the moving storm centre) and a transient part that 
moves outward from the storm centre. The latter has been related to the 
dynamic instability of the high level flows by Alaka (1961) and Black and 
Anthes (1972) . Some storms have been observed to be far more symmetric than 
others. 

11.5.2 ~~~::i~~!-~~~:!!i~~-~!_!~:-~~~~~:!:~=-~~::~:~~: 
A four-dimensional numerical prediction or a simulation is a monu

mental computer problem. Only a few groups have ventured into a fine mesh 
numerical integration effort. Anthes (1972), Mathur (1971), Madala (1973) and 
Kurihara (1973) are some of the major contributors. Among these the formu
lations of Anthes, Madala and Kurihara are essentially extensions of the 
symmetric geometry. However, the work of Mathur is a real data hurricane 
prediction. All of these studies are very promising and there is no ques
tion that many other case studies are desirable. Anthes, Madala and Kurihara 
all started with a s~mnetric initial state and the asymmetries and rainbands 
developed after some lOO hours of integration. Their asymmetric flows appear 
to be similar to the observed counterparts illustrated above. We shall next 
review briefly the work of Mathur (1971) which is a four-day numerical fore
cast of hurricane Isabel of 1964. At the initial time, a depression located 
in the Caribbean Sea was moving northward and intensified into a hurricane. 
Fig. 11.8 shows the following four fields from the study of Mathur (1971); 
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(i) 
(ii) 

(iii) 
(iv) 
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Observed versus predicted track of storm; 
1000 mb flows at time 0; 
1000mb flows after 96 hours; and 
200mb flows after 96 hours. 

Mathur's predicted field possesses a remarkable degree of realism. The 
thermal field, central pressure and intensity of the motion field were quite 
close to the observed counterparts. There were three levels of aircraft 
missions in this storm that defined some mesoscale de·tails ·oJ the initial 
state. In this study, Mathur used a 4-level model. A fine resolution near 
the storrn's centre (~ 37 km) was obtained through the use of a nested grid. 
His domain is illustrated in Fig. 11.8. The numerical model is a version of 
Florida State University's Tropical Prediction Model. The model uses a semi
Lagrangian advection scheme and an Euler backward time differencing scheme 
for a system of primitive equations. The basic equations consist of prognos
tic equations for the momentum, moisture and potential temperature, and dia
gnostic equations for the geopotential and the vertical velocity. The inte
gration was from data for the lOth of October, 1964. The motion, thermal 
and moisture fields were analysed and the initial divergent motions were 
determined from quasi-geostrophic balanced model~ 

The specifications of physical effects were almost the same as those 
discussed in the moist symmetric models, i.e., surface friction is expressed 
in terms of the surface drag. Air/sea interaction is incorporated using 
bulk aerodynamic formulae. The stable heating formula is used as in the pre
vious discussion and cumulus convection is incorporated following Kuo (1965). 
No radiation effects were included in this study. 

The numerical prediction over a limited area was carried out for a 
96-hour period. The storm track illustrated in Fig. 11.8 shows that the 
track was predicted with a remarkable degree of success. The prediction was 
successful in many ways: 

(i) 

(ii) 
(iii) 
(iv) 
(v) 

(vi) 
(vii) 

Stages of development, from depression to tropical storm to 
hurricane; 
Central pressure of storm; 
Temperature of the warm core; 
Maximum wind speed; 
Position of storm; 
High level cyclonic outflows; and 
Banded fields of rising and sinking motion. 

Figure 11.8 illustrates the 1000mb height field and the horizontal motion 
field at 96 hours, showing a remarkable success of a real simulation. Unlike 
s~netric experiments, here there is no spin-up time; the evolution of the 
real data forecast is very realistic. 

The undesirable aspects of the study relate to domain size and the 
smallest grid size. The domain should have been much larger to avoid conta
mination from boundary influences at 96 hours. The grid size of 37 km is too 
large to resolve the features suggested by observations. There is, of course, 
the need for much bigger computers and better models so one could carry out 
large numbers of such experiments. Only by such detailed experiments can 
one learn about the real mechanics of such complex weather systems. 

Many questions need to be asked in connection with the use of an 
as~nmetric model. How much mesoscale input is required to produce high quality 
forecasts? What are the roles of the various initial asymmetries? What are the 
dynamics and energetics of the asymmetric hurricane? These questions remain 
to be explored. 
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Chapter 12 

THE TRADE-WIND INVERSION 

Most of the undisturbed tropical oceans have a well-marked lower tropo
spheric inversion layer within which the temperature increases with height (3T/3z> 0) 
and the static stability(38/3z) is large. The coastal regions of the west coasts of 
tropical and subtropical land masses generally have a very marked inversion layer 
some 1/4 km to 1 km above the ground. This is an important phenomenon simply because 
it is an integral part of the thermal structure of the tropical atmosphere over most 
regions outside of the ITCZ, the tropical waves, depressions and hurricanes. Since 
the structures and variability of the trade inversions are similar over most of the 
oceans, we shall first review the observational structure of the trade inversion based 
on some recent studies over the Pacific Ocean. We shall next address the question on 
the maintenance of the trade inversion based on recent budget studies. 

12.1 Observational aspects 

(b) 

Figure 12.1 shows the vertical thermal structure near the coast of southern 
California from the studies of Neiburger et al., (1961). Here we note 
the following features: 

(i) 
( ii) 

(iii) 
(iv) 

The inversion base is 420 metres above the ground; 
The specific humidity decreases from 9 g kif'at the base of the 
inversion' to 3.9 g kg-~t the top of the inv~rsion; 
The top of the inversion is at 1 870 metres; and 
The temperature increases from 12°C to 20°C across the inversion. 

The distribution of cloud cover as one moves westwards or Equatorwards 
from the west coast of continents plays an important role in the structure 
and intensity of the inversion. In general, the distribution of cloudiness 
changes from (i) fog and low stratus to (ii) stratocumulus (occasional 
polygonal-shaped cloud patterns) to (iii) undisturbed cumulus, and finally 
to (iv) the ITCZ,containing both deep and shallow convective clouds. In 
the southern oceans, especially the eastern Pacific and Atlantic, one only 
sees the first three categories frequently. 

The following climatological maps are of considerable interest and are 
based on Neiburge~ et al.,( 1961): 
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Figure 12.la - Typical sounding of temperature showing the coastal marine inver-
sion during the summer season (After Neiburger et al., 1961) 
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Figure .12.lb - The height of the base of marine coastal inversion in metres. 
Northern summer (After Neiburger et al., 1961) 



(i) 

(ii) 

(iii) 
(iv) 
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Surface streamline and isotach fields during the summer season 
(Figure 12.2a); 
Divergence of the surface resultant wind field during the summer 
season (Figure 12.2b); 
The field of sea-surface temperature (Figure 12.2c)i and 
The fields of vertical velocity and divergence above the in
version (Figure 12.2d). 

We note in these diagrams tha~over most of the regions of the eastern 
Pacific Ocean where the inversion is found, low-level flows are di-
vergent at the surface level. The magnitude of the divergence is shown 
in Figure 12.2b. The divergence values are largest along the southern 
California/Baja California coast. In this region a tongue of low sea
surface temperature, Figure 12.2c, extends southwards. In general,the 
sea-surface temperature becomes higher both westwards and southwards 
from the coast. The fields of divergence and vertical velocity at 700mb 
(i.e. above the inversion) are shown in Figure 12.2d. Over most of the 
eastern Pacific Ocean1 divergence and downward motion prevail. Near the 
southern California coas~a field of convergence is seen in the analysis. 
Over most of these regions where the inversion is found1 sinking motion 
and horizontal mass divergence prevail from 700 mb to sea level. It 
should be noted that this is based on a limited number of observations. 
Only some of the gross aspects of the circulations, mentioned here, are 
perhaps representative. 

Next we shall examine the fields of the average heights of the top and 
base of the inversion. These are illustrated in Figuresl2.3a and c. The 
inversion base rises from roughly 400 metres to 2 000 metres between the 
California coast and Hawaii, while the top of the inversion rises from 
roughly 1 000 metres to 2 400 metres. The average temperature at the top 
and base of the inversion are shown in the right-hand panel charts of 
Figure 12.3. Near the coast of Californiarthe temperature at the top of 
the inversion is around 22°Cwhile near Hawaii it is of the order of 14°C. 
The corresponding temperatures at the base of the inversion are nearly 
uniform around l0°C. The region of the east central Pacific Ocean along 
135°W shows the lowest temperatures at the base of the inversion. This 
region is cold primarily because of the extensive stratocumulus cloud 
cover that inhibits warming by solar radiation. The top of the inversion 
in this same region also exhibits lower temperatures. The cooling is due 
primarily to the long-wave radiation fluxes from the cloud tops. The 
distribution of relative humidity at the top of the inversion is illustrated 
in Figure 12.4a. Here we note that the lowest values around 20% are found 
near the coastal region. The air is generally very dry everywhere and 
values near Hawaii are around 40%. The decrease of relative humidity bet
ween the base and top of the inversion is shown in Figure 12.4b. This 
clearly shows that the coastal region is moremoist below the inversion 
than the region farther westwards. Finally, we present a composite west 
to east cross section, Figure 12.4c, of the temperature field for the 
summer season based on the studies of Neiburger et al., (1961). It shows 
the rise of inversion from San Francisco to Honolulu. Similar structures 
have been found over the Atlantic Ocean. This diagram clearly identifies 
some of the thermal features we have described above. 
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Two major field experiments, AMTEX conducted by Japan and ATEX conducted 
by West Germany, have added a lot to our present knowledge of the dynamics 
of the inversion. Many of the results of AMTEX have appeared in the re
cent issues of the Journal of the Meteorological Society of Japan, e.g. 
Nitta (1976). Here we shall present some of the observations over the 
Atlantic based on ATEX (Atlantic Tropical Experiment). This was a tri
angular array of ships (see Chapter 20) which made observations over the 
Atlantic trades during the winter of 1969. The period was well marked 
with a low-level inversion. Figures 12.5a and b respectively show the 
temperature and moisture soundings for the experiment. The soundings 
clearly demonstrate the presence of a persistent inversion in the ATEX 
ship array located around 37°W and 10°N. The moisture (specific humidity 
in g kg-1)decreases rapidly and shows an interesting discontinuity aboye 
the inversion for the ships Discoverer and Planet, 

The maintenance of this type of trade-wind inversion is addressed in the 
next section. There is some seasonal variability in the intensity of the 
trade inversion: during the winter season its intensity is strong over the 
trade-wind belt. However, in the coastal region the intensity is larger 
in the summer season than during winter. The coastal seasonal differences 
are largely due to lower sea-surface temperature, low stratus,and radiative 
cooling from the low cloud tops (Lilly, 1965) during the northern summer. 
The mid-ocean intensity of the trades is largely dictated by the intensity 
of the downward branch of the Hadley-type circulations which is strong in 
subtropical latitudes during the northern winter. 

12.2 A theoretical framework for studying the trade-wind inversion 

The trade-wind inversion is a large-scale phenomenon. Its formation, 
maintenance and dissolution seem to depend on both small- and large-scale pro
cesses. Many times we hear of the term "subsidence inversion". The reason for that 
simply is that subsidence is usually associated with lower tropospheric horizontal 
divergence and the latter can create static stability while convergence is known to 
destroy stability. It is very much easier to study this problem with reference to 
a framework which describes the change of large-scale dry static stability. This 
framework will be especially helpful for the interpretation of day-to-day changes in 
the structure of the stable layer. 

We shall start with the first law of thermodynamics in the usual isobaric 
coordinates: 

R/c 
~ = - V • 'V e -w ~ + .l_ r Po J p L: H.. ( 12. 1) 
3t Clp c l p • ~ p l 

where Hi defines several forms of diabetic heating. We write the above in flux form 
and apply an averaging (-) over a scale larger than the cumulus scale but smaller than 
that of the synoptic-scale systems. By this we mean that the averaging is over an 
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ensemble whose time scale is of the order of a couple of hours and space 
scale about 100 km. Primes will denote sub-grid scale contributions from 
the cumulus scale. 

V • V 8 
R/c 

a - - f1T"""Af a -:-:-r;;-r 1 l P o ) P - -- w e - v • v e - -- w e + -- --ap ap c p . 
p 

L: H.; 
i .._ 

ae (12.2) 
Let rd= - ap. Upon differentiation of the above equations with respect to 
pressure we obtain: 

ard _ 2 - v · wr a-- a v •\'IJ"ST+~W'Ei' 3"1: - ~ d- ap w r d + ap ~ L. 
ap 

(12.3) 

Here the left-hand side denotes the local time rate of change of large-scale 
dry static stability. Note that fd is almost always positive. The excep
tions are regions of superadiabatic lapse rate which are usually either 
short-term transients or those that form in the layer adjacent to the Earth's 
surface in the lowest lOO metres due to ground heating. We shall next pre
sent a brief discussion of the terms on the right-hand side of the above 
equation. 

(a) 

(b) 

(c) 

Horizontal advection: (- W • V r d) is the horizontal advection of 
large-scale dry static stability by the large-scale horizontal mo
tion field. If large observed changes call for formation or dis
solution of the stable layer associated with the trade-'wind inver
sion layer, then this term can only explain the observed changes 
if such features are already present in other regions and are being 
advected into the region in question. Horizontal advective pro
cesses are by no means negligible and can be very large and 
important locally. The reason for this is that the other processes 
are acting over very large areas of tropical oceans and their 
influence does get advected by strong lower tropospheric winds. 
Calculations show that for the maintenance of the trade-wind inver
sion, horizontal inhomogeneities of static stability and their 
advection cannot be ruled out for the description of day-to-day 
variations of the trade-wind inversion. 

. ard 
Vertical advection: (- w ~). This term should not be confused 
with the so-called "subsideRce inversion" effect - the latter is 
described in the next section. This vertical advection term is 
usually not very important for the formation, dissolution or main
tenance of the inversion. The reason for this is that the magni
tude of the large-scale vertical velocity w is usually very small 
and it would take several days (in contrast to the middle latitudes) 
for this effect to materialize. 

d ff ( aw -) Subsi ence inversion e ect: -a- rd . If this term alone were 
influencing the stability of a parEel, we might write~ 

- aw 
rdap 

(12. 4) 
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An analogous approximate vorticity equation may be written as: 

dr;a - aw (12.5) 
~ = + r;a Clp 

d- () -
where dt = at + \VH • 11 denotes the substantial change following the 
parcel, moving only in the large-scale flows. The above two ~quations 
lead to the usual law of conservation of potential vorticity: 

d 
at (r;a rd) 0 (12.6) 

The guiding rules that emerge from the above equations are that, if 
parcels go through a region of horizontal divergence, they encounter 
(i) an increase of stabilityra and/or (ii) a decrease of absolute 
vorticity r;a• The converse is the case for the situation where parcels 
move through regions of horizontal convergence. The case of subsidence 
and lower-tropospheric divergence is the basic ingredient in the problem 
of formation and maintenance of trade-wind inversions. Since descending 
parcels encounter a field of horizontal divergence all the way to the 
ocean surface over the eastern tropical oceans, this effect alone will 
tend to produce the inversion at the ocean surface. However,the occurrence 
of the inversion base above the ocean surface is not explained by this 
term alone. Without a general large-scale descending motion it is not 
possible to produce the stable layer that is present over an area covering 
most of the tropical oceans. The maintenance of this stable layer at a 
level 1 km or so above the ocean is achieved primarily by other mechanisms. 
In order to explain the occurrence of the stable layer some distance above 
the ocean surface, one needs to look for destabilizing influences below 
the inversion layer that counteract the production of stability by large
scale horizontal divergence. We shall next illustrate some of these pro
cesses. 

(d)· Radiative cooling: This may be expressed mathematically as: 

- a'p { ~ [~rep HRJ · 
Here HR is the net radiative flux. Shallow convective cloud cover 
(stratocumulus) and a moist subcloud layer together usually give rise to 
large values of cooling near the base of the trade-wind inversion. The 
cooling near the ground in these situations is usually smaller by com
parison. This strong cooling results in 

Cl HR 
( i) ap- > 0 below the inversion, and 

( ; ; ) Cl HR • b h . • 
~~ < 0 JUst a ove t e ~nvers~on. ap 

Such a vertical distribution of radiative cooling results in a stabiliza
tion above the inversion base and destabilization below. Although the 
exact figures for the vertical.distribution of these long-wave cooling 
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rates seem to vary from case to case, there is reason to believe that this 
effect in the presence of stratocumulus cloud is extremely large and im
portant. One should not lose sight of the fact that these processes are 
not inherently linear. For example, if one were studying the process of 
the formation of an inversion without there being one present in the 
initial state, the radiative effects may in fact evolve and grow as the 
inversion grows. The role of this important effect in the maintenance 
of the inversion can only be explored by detailed diagnostic studies. 

The sensible heat flux from the ocean: R/c 

The rate of cooling is: - c~ a~ ~ (~ J p H
8

} 

where H is the upwards sensible heat flux. Since the heat is taken up 
from beiow, this term will in general have a destabilizing effect on the 
subcloud layer. The Bowen ratio over most of the tropics is small (~0.1). 
Hence, this effect is not a dominant one on time-scales of a few days. 
The evaporative flux (latent heat) from the oceans is of course substantial 
over the tropics. However, the flux of latent heat from the ocean does 
not have a direct effect on the stability. It is only when this moisture 
condenses in the free atmosphere or re-evaporates thereafter that it has 
an influence on the dry static stability. Evaporation from the sea pro
vides moisture to the subcloud layer. This moist layer is capped by a 
very dry layer above the inversion. Both radiative effects and the 
evaporation of cloud matter play a significant role in maintaining the 
trade inversion. For both of these effects, evaporation from the sea has 
an important indirect role. 

Evaporation of cloud matter: The region of the trade wind inversion over 
the oceans is usually covered with a myriad of shallow cloud elements. 
These small clouds are known to detrain liquid water which in turn eva
porates and maintains a certain degree of cooling near the base of the 
inversion. These shallow clouds are usually non-precipitating elements. 
Because of the preponderance of shallow clouds1 an understanding of the 
trade wind inversion cannot be complete without consideration of the 
conservation laws for water vapour and liquid water. In general, budget 
studies that invoke these effects find that this invariably requires much 
empiricism because of the need to parameterize cloud micro-physical 
processes. 

12.3 The calculation of the heat and moisture budgets for the inversion 

A number of important recent studies by Holland and Rasmussen (1973), 
Augstein et al.,(l973), Nitta (1975), Setts (1973), and Ogura (1975, 1977) address 
this problem. Here we shall present a brief review of one such method based on a 
recent study of Oodally et al.,(l977). We begin with the static stability equation 
in the form: 

a2 
W'8' 

ar d 
'V • \V - a -- - aw 

;;z a-t+ rd + ap w rd + rd ap 

+ a f- [PT, H.l (12. 7) ap c p . ~ l p ~ 
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Here the large-scale variables are assumed to be known. Thus one can in principle 
evaluate the first four terms on the right-hand side of the above equation.~. H. 
denotes the different types of heating that need to be parameterized. The m~ist~re 
budget is considered in the same manner using an equation for the large-scale 
specific humidity ( q): 

a 
-- w ap q + e - C 

(12.8) 

where e and c are respectively the evaporation and condensation per unit mass of air. 
Here e and c need to be defined. 

(a) 

(b) 

fa!c~l£tio~ £f_l£r£e=s£a!e_v£ria£l!s~ Yanai et al. (1973), Reed and 
Recker (1971), and Reed et al. (1977) compute the large-scale terms using 
observations from an array of ships or weather stations. One of the 
harder problems is the estimation of ~, the field of large-scale vertical 
velocity. This is usually done using the so-called kinematic method. 
We have described a general method in the Appendix to these notes. It 
is most important that one adjust the divergence distribution in the 
vertical such that its vertical integral over the depth of the atmosphere 
vanishes. The calculations of divergence and curl of a vector integrated 
over the area of an array of ships or island stations are usually carried 
out using line integral methods, i.e. using relations of the type: 

1 [f u dy - 9 v dx J V • 'V A 

1 H uQ dy - f vQ dx} V •\VQ A 

IK • V x\VQ i[f uQ dx + f vQ dy J 

w = t V • \V dp 
Po 

where ~~ is any scalar property, 
is a unit vector in the vertical, 

u,v are velocity components, and 
A is the area of a domain bounded by ships or islands. 

(12.9) 

(12.10) 

(12.11) 

(12.12) 

The line integral is taken cyclonically around the area A. The fields 
of mean dry static stability and of horizontal divergence and vertical 
velocity for the ATEX inversion region are shown in Figures 12.6a and 
12.6e. 

!h~ ie!r£i~m~n! £f_liq~ii ~a!eE• The life-time of shallow cumulus clouds 
is very short, being of the order of 5 to 10 minutes on the average. 
Since a large population of shallow clouds is always present in the trade
wind belt, it is safe to state that some clouds are forming and others are 
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dying at any one time. If the water vapour condenses to form clouds and 
later the same liquid water detrains into the environment and evaporates 
at the same vertical level, then statistically we could state that there 
would be no net heating or cooling since the two processes would cancel 
each other. However, observational studies and budget estimates lead one 
to conclude that shallow clouds detrain liquid water near their top level, 
i.e. near the base of the inversion, while the rate of condensation is 
larger near the cloud base. The vertical difference of heating (con
densation heating and re-evaporative cooling) is an important thermo
dynamical process, in many meteorological problems. The formula we pre
sent here is semi-empirical and by no means unique. 

We are 
out of 
do not 

dealing with non-precipitating clouds. 
the cloud and reaches the ground. Ships 
usually note even a 'trace' of rainfall. 

This means no rain falls 
in the undisturbed trades 

According to Rodgers (1967), we define a quantity 9., called the adiabatic 
a liquid water content by the relation: 

d 9., = - d w /(1 + w ) 
a s s 

We examine the saturation mixing ratio 
cloud. Since at the cloud base we can 

W between the top and base of the 
s take R, = o, we can write: 

a 
W (CLOUD BASE) W 

s s 
(CLOUD TOP) 

1 + JW (CLOUD BASE)+ W (CLOUD TOP)} /2 
l s s (12.13) 

We next convert R, ' into a measure of the liquid water content '9.,' by 
using results fro~ field experiments. One such promising study was 
carried out by Warner (1955). Figure 12.6b shows Warner's graph (based 
on experimental data) where V R:a is plotted against cloud depth. The 
depth of the cloud in question has to be known. If one assumes from 
observational knowledge of the phenomenon under study that the depth of 
the clouds are known, !a is estimated from equation 12.13 and 9., is then 
determined from empirical graphs such as those of Warner. 

The evaporation of liquid water is generally expressed by a relation of 
the type e = o J/., , where o is a detrainment parameter. Some of the more 
sophisticated budget studies, such as those discussed in Chapter 6, de
termine the vertical distribution ·of o for an ensemble of clouds. Here 
we shall borrow one such profile from Nitta (1975) which is valid for an 
ensemble of shallow trade-wind clouds in an undisturbed environment. 
Figure 12.6c shows this profile. Now we have the necessary information 
to compute the evaporation rate by detrainment of liquid water. The 
corresponding cooling of the atmosphere at the cloud top level is given 
by: 
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(c) forrd~n~a!i£n_r£t~ £"~ £S!o~i£t~d_h~a!irrg~ The condensation rate requires 
a knowledge of the upward mass flux in the clouds. Since the specific 
humidity decreases rapidly with height, the condensation rate is larger 
near the cloud base than near the cloud top. In Chapter 6 we discussed 
in detail the budget approach for this problem. Here again we shall use 
one such profile based on Nitta (1975) for the vertical distribution of 
condensation rate c for an ensemble of shallow clouds in the undisturbed 
trade-wind environment. This is illustrated at the cloud base. The 
release of latent heat by condensation is next expressed by the relation: 

(d) 

+Le (12.14) 

Calculation of the radiative heating/cooling rates. We shall not describe 
th; ;eth~d; fo; ~alc~l~tio; ~f-the-r~diati~e-c~oTi;g (or heating) rates 
here. Suffice it to state that the methods described in Chapter 4 can be 
used to calculate the vertical profile of the rate of radiative warming 
provided that we are given: 

(i) 
(ii) 
(Hi) 

vertical distributions of temperature and water vapour, 
the distribution of cloud layers, and 
the surface pressure, 

Using a vertical resolution of 25 mb, the net upward and downward fluxes 
of radiation were calculated by Oodally et al., (1977). Their profile of 
radiative cooling is consistent with a shallow cloud layer between 950 
and 850 mb. Their profile is shown in Figure 12.6d. In many such studies 
one generally assumes a standard vertical distribution of radiative cooling. 
This can be, at times, inconsistent with the locations of the cloud layers. 
The largest cooling found by Oodally et al.,(l977) was at the top of the 
cloud and is of the order of 5°C d-1.--rhis has a very definite effect on 
the destabilizing below and stabilization above this level. 

(e) ~i!/!e~ in!e!a~tiorr. The flux of sensible heat enters equation 12.7 while 
that of water vapour enters equation 12.8. In Chapter 5 we have reviewed 
the so-called bulk aerodynamic formulae for estimating the fluxes of 
sensible and latent heat from the ocean. These are most frequently used 
in tropical meteorology. We shall not repeat these formulae here. It 
suffices to state that given the surface wind speed, the temperature of 
the water as well as that of the air at the anemometer level and its dew 
point

1
one can estimate these fluxes at the lower boundary. 

(f) !h! ~a!c~l~tiorr £I£C!d~r!s_f£r_d!t!r~irrirrg_the_s!a!i~ ~t~bility ~n£ !h! 
~ois!u!e_b~d~e!• We now g~ back_to equations 12.7 and 12.8. The unknowns 
of the problem were ~H., e and c. The forms of heating that are 
generally consideredlfo} the trade inversion problem are: 

H. 
l. 

= H + H + H + HR s c e 
(12.15) 

where H is the sensible heat flux from the ocean, H is the rate of 
s c 
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condensation heating, H the evaporative heating and HR is the radiative 
heating per unit mass o?- air. We have shown how one can in principle 
make estimates of each of these forms of heating. 

We have also shown in the previous section how e and c were estimated by 
Oodally et al., (1977). Other studies such as those by Nitta (1976), 
Soong and Ogura (1976) and many others have provided useful formulations 
for these parameters. 

Equations 12.7 and 12.8 are coupled through the condensation and evapora
tion processes. The question is: What are the vertical distributions of 
the eddy heat and moisture fluxes that are consistent with a complete 
specification of the remaining terms? The equations 12.7 and 12.8 are 
now written in the form: 

a2wrer 
ap2 

F(p) 

2 awrr 
ap 

(12.16) 

h(p) (12.17) 

Thes~ are treated as two independent ordinary differential equations for 
the unknowns W'8' and W'q' . As boundary conditions one assumes W'8' 
and ~ to vanish at the top of the atmosphere. At the ocean surface 
(or p = p

8 
surface) one assumes that W'8' and W'q' are known and speci

fied to oe consistent with the air/sea transfers of sensible heat and 
water vapour respectively. This problem can be solved numerically by 
either standard relaxation or matrix inversion procedures. Knowing 
these fluxes one can then address the question of the maintenance of 
the trade-wind inversion. 

12.4 On the maintenance of the trade-wind inversion 

Here we use the above framework to examine the results for the budgets 
of dry static stability and moisture. We divide the atmosphere into four layers and 
examine the results in each layer separately. 

(a) Q.ry !t£ti:,c_s!,a£i.!i.!.Y.!. Figuresl2.7a, b, c and d respectively illustrate 
the budgets for the subcloud layer, cloud layer, the inversion layer and 
above the inversion layer. In the subcloud layer, .Figure 12.7a, we note 
that the destabilizing of static stability by turbulent flux of heat is 
balanced by the stabilization due to (i) differential condensation heating, 
(ii) convergence of flux of dry static energy by large scale downward 
vertical motion, (iii) subsidence effect, i.e. production of stability 
by horizontal divergence, and (iv) differential radiative cooling (i.e. 
more cooling near the ground and less near the cloud base). 

In the cloud layer (Figure 12.7b) the destabilization primarily arises 
from (i) the radiative effects (more cooling around the cloud top) and 
(ii) the convergence of flux of heat by subgrid scale eddies. This is 
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counteracted by a stabilization due to (i) large-scale horizontal ad
vective processes and (ii) convergence of flux of static stability by 
large-scale vertical motion. 

In the inversion layer (Figure 12.7c), we note that the destabilizing 
occurs due to (i) the turbulent flux of heat by subgrid scale eddies and 
(ii) the vertical divergence of flux of static stability by large-scale 
downward vertical velocity. This is counteracted by (i) large-scale 
horizontal convergence of flux of dry static stability (by the large
scale horizontal motion field~ (ii) radiative effects, i.e. more cooling 
at the bottom of the inversion layer near the cloud top1 and (iii) differen
tial detrainment, i.e. more cooling near the cloud top which would be at 
the bottom of this layer. 

In the layer above the inversion, the dominant balance is among the large
scale terms. Destabilizing occurs via (i) the large-scale convergence of 
flux of static energy from the descending motions and (ii) the destruction 
of large-scale dry static stability from the large-scale convergence field 
(since the largest downward motion occurs near the top of the inversion 
layer). This is counteracted by the stabilizing effects due to the con
vergence of flux of stability by the large-scale horizontal motion field; 
the results are illustrated in Figure 12.7d. 

~ols!u!e_b~d~et. In the subcloud layer1 Figure 12.8a, convergence of flux 
of moisture- :- wq resu!ts from large-scale descending motions at the 
top of this la~er (note w =oat the ground); this contributes to a 
moistening of the layer; the drying occurs due to the divergence of 
(large-scale) flux of moisture and the divergence of eddy flux (by sub
grid scale eddies) in the vertical direction. This is an interesting re
sult~ However, it raises an important question: What is the role of the 
evaporation from the ocean in maintaining the moisture budget of the sub
cloud layer? The position of the ATEX triangle of ships has a considerable 
influence on the results obtained here. In this location,the evaporation 
from the ocean plus the supply of moisture by large-scale descending motion 
at the bottom of the cloud layer are both required to keep the subcloud 
layer moist. The former (evaporation from the sea) is not as large in 
this region as it is in other regions of the trades where the surface-wind 
speed is great (see Chapter 2). The results obtained here are consistent 
with the findings of Emmitt (1977). 

In the cloud layer, Figure 12.8b, the downward flux of moisture by large
scale descending motion as well as the detrainment of the cloud liquid 
water contribute to moistening. This is counteracted by (i) divergence 
of flux of moisture by subgrid scale eddies, by (ii) condensation and by 
(iii) divergence of horizontal flux of moisture by the large-scale wind 
field. All of these aforementioned three processes contribute to drying 
of the cloud layer. In the inversion layer a sharp decrease (with height) 
of the moisture (specific humidity) occurs. Figure 12.8c:the large-scale 
downward mean motion causes drying of this region. This is offset 
primarily by moistening due to convergence of vertical eddy flux of 
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Figure 12.8- Contributions of various terms of the moisture budget towards 
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moisture (overshooting of cumulus clouds into the inversion layer). 
Thus the moisture balance of the inversion layer is roughly expressed 
by: 

a <W" -q) a C~q - ap - ap w 'i 1 0 
(12.18) 

The region above the inversion is not particularly interesting from the 
point of view of moisture balance; here the essential balance is omong the 
large-scale terms, i.e.: 

~ at 0 ~ - V • q\V - .!_ w q 
ap (12.19) 

It is important to note that the analysis presented in this chapter refers 
to a region during northern winter near 10°N and 40°W. This is not to be taken as 
representative for all of the regions in the trade-wind belt. The region of strong 
surface winds of the trade-wind belt has larger surface fluxes; the marine inversion 
is usually capped by low stratiform clouds and the role of radiation is also more 
important here. Thus the maintenance of the trade-wind inversion must not be ex
pected to possess a simple explanation. 

12.5 Summary 

Inversion dynamics is a central part of tropical meteorology. Observa
tional field programmes such as ATEX, AMTEX, BOMEX and GATE (see Chapter 20) provide 
some useful data sets for further detailed studies of this problem. There is need 
for further investigation in the following areas: 

(i) Structure and maintenance over different parts of the tropics 
(i.e. near the coast, away from the coast); 

(ii) Detailed studies of the subcloud layer including its interaction 
with the cloud layer.; 

(iii) Recasting of the budget equations in a prognostic framework where 
the large-scale terms as well as their tendencies are treated as 
unknowns. Such a treatment of shallow convection and the inversion 
is essential for weather prediction studiesi and 

(iv) Diurnal changes. 



Chapter 13 

WEATHER SYSTEMS OVER ASIA 

13.1 Introduction 

The single most conspicuous weather system is the annual cycle of mon
soons over Asia. This phenomenon has global as well as regional manifestations. A 
number of important publications exist on this topic: 

(i) 
( ii) 
( iii) 
(iv) 

(v) 
(vi) 
(vii) 

Monsoon Meteorology, Ramage, 1971 
Monsoons of the World, India Meteorological Department, 1958 
Southwest Monsoons, Rao, 1976 
Meteorological results of the International Indian Ocean 
Expedition, WMO, Unesco, 1965 
Proceedings of the Symposium on Tropical Meteorology, AMS, 1970 
Monsoon Meteorology, edited by Krishnamurti, 1977 
Monsoon Dynamics, edited by Lighthill and Pearce, Cambridge 
University Press, 1980. 

This field has attracted a considerable interest in recent years. The variability 
of monsoon rainfall is the central problem because of its association with droughts 
and floods. Figure 13.1 following Khromov and Ramage identifies the Asian regions 
that experience a surface~wind direction reversal. During northern summer months 
the surface winds are south-westerly and during the northern winter months they tend 
to be more northerly or north-easterly. The primary driving force for the annual 
cycle of monsoons is the differential heating between land and ocean. The monsoon 
winds (as stated in Chapter 2) show a zonal asymmetry in many of their properties. 

Much of our deeper understanding of the mechanisms of the monsoons has 
emerged from the interpretations of the results of general circulation model ex
periments. This approach to monsoonal evolution, dynamics, climatology and variabi
lity has been explored in a series of papers by a number of groups that have carried 
out long-term simulation experiments. A brief review of the major results obtained 
is presented in this chapter. Here we shall attempt to define the planetary scale 
monsoons, distinguish between the winter and summer monsoons of the northern hemi
sphere, discuss the air/sea interaction problem, describe the land/ocean contrast in 
heating which provides a framework for the broad-scale monsoons; finally, we shall 
briefly discuss some salient monsoon disturbances. 

13.2 Planetary-scale monsoons 

There exists a planetary-scale component of the monsoon which is best de
fined by the large amplitude quasi-stationary long waves of the tropical circulation. 
It is described by the first few zonal harmonics of the tropical stream function field 
in the latitude belt l0°N to 30°N. Observations during the northern summer show that 
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roughly 50% of the variance on these scales is carried by the quasi~tationary com
ponents. The pressure fields in the lower and upper troposphere appear to be nearly 
out of phase with respect to each other. The principal components that contribute 
to the planetary-scale monsoons are shown in Table 13.1. The climatological features 
shown here essentially describe the zonally asymmetric planetary-scale monsoons. 

The amplitude of the above features of the planetary-scale monsoons is 
observed to increase around 20°N with the establishment of monsoon rainfall. 
Abbott (1977) has shown that this quasi~tationary system is driven by a zonal heat
ing differential between land and ocean. An understanding of the planetary-scale 
monsoons requires a detailed knowledge of the heat sources and sinks. 

The winter monsoons also possess both planetary-and regional-scale 
characteristics. The zonal asymmetry of the northern winter season's planetary-scale 
monsoon is largest in the upper troposphere over the subtropical latitudes, where 
the subtropical jet stream is found. In equatorial latitudes the most active region 
is located around the rainfall belts of the East China Sea, Malaysia and Indonesia. 
In Chapter 17 some of the prominent features of these zonally-asymmetric aspects 
are described. 

13.3 Corresponding elements of winter and summer monsoon systems 

The common elements in both the large-scale winter and summer monsoonal 
gyres include low-level flows from a large high-pressure area (1) to a monsoon trough 
(2). The flows accelerate occasionally between 1· and 2 and a low level wind 
maximum (3) (a jet or a surge) is frequently noted. Large areas of cloudiness and 
ascent (4) area characteristic of the monsoon trough. The general rising air di
verges out of an upper anticyclone (5) along an upper-level jet stream (6), These 
six major elements of the monsoon thus comprise a complex local Hadley-type vertical 
circulation. These are illustrated schematically in Figure 13.2. Here we shall 
tentatively equate the roles of: 

(1) The Siberian high of winter with.that of the Mascarene high of 
northern summer; 

(2) The monsoon trough over northern India during summer with that 
of the trough over Indonesia during northern winter; 

(3) The cross-equatorial low-level jet over East Africa during 
northern summer with the lower tropospheric surges in the winter 
monsoons; 

(4) The northern summer monsoon rainfall and cloud cover over northern 
India with its counterpart near southern Malaysia and Indonesia 
during northern winter; 

(5) In the upper troposphere, the Tibetan high of northern summer with 
the western Pacific high of the northern winter; 

(6) The monsoonal tropical easterly jet stream of northern summer with 
the subtropical jet stream of winter. 

These features describe broad-scale monsoon systems. A major difference between the 
two systems is in the geometry of the underlying surface: in the summer monsoons the 
general ascent and rainfall occur over warm land areas while the descent occurs over 
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Table 13.1 

Quasi-stationary planetary-scale monsoons between lOON and 30°N 

Parameter 

Pressure 
lower troposphere 

Pressure 
upper troposphere 

Tropospheric 
thermal field 

Tropospheric 
moisture field 

Large-scale 
vertical velocity 

Divergent circula
tion in the upper 
troposphere 

Heating of 
the troposphere 

Cloudiness 

Mean winds at 
200 mb 

Mean surface 
winds 

Asia 

Monsoon 
trough 

Tibetan 
high 

warm 

moist 

UP 

outflow 

net 
heating 

cloud 
covered 

easterly 

south~ 
westerly 

Regional Features 

Atlantic and Pacific 
Oceans 

Subtropical high 

Mid~ocean trough 

cold 

dry 

DOWN 

inflow 

net cooling 

relatively 
cloud free 

westerly 

northeasterly 

Central 
America 

Mexican heat low 

Mexican high 

warm 

moist 

UP 

outflow 

net heating to 
the south of the 
Mexican high 

cloudy south
west of the 
Mexican high 

weak 

northwesterly 
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the southern oceans. Durine the winter monsoons the general ascent and rain
fall occur over a marine environment (the Maritime Continent according to 
Ramage, 1971) while the descent occurs over the land areas over eastern Asia 
and all the way to Siberia. It thus seems that a crucial element in the 
driving mechanism for the summer monsoons is the shortwave radiative warming 
over the land areas; while it is the longwave cooling over the land areas 
that seems to be more important for the winter monsoon. 

The importance of the thermal differential that drives the monsoons 
was best illustrated in an interesting study by Murakami et al., (1970) which 
is described in the next section. 

13.4 A simple theoretical framework for the monsoons 

One of the simplest theoretical frameworks for the monsoon -problem 
was presented by Hurakami et al., (1970). Here the emphasis is on the differ
ential heating between lan<rancf ocean. They integrated a set of zonally sym
metric primitive equations using the Earth's surface as a coordinate surface. 
The Earth's surface was separated at 10°N between ocean to its south and- land 
to the north. Smoothed mountains were included north of 250N. The momentum, 
mass continuity, thermal and a moisture balance equation were integrated in 
a meridional vertical plane between the south and the north pole. The atmo
sphere started from a state of rest and was driven by differential heating 
between land and ocean. -The components of heating that are important for the 
monsoon are: 

(i) The heat balance of the land area including the elevated Tibetan 
Plateau, viz.~-

t
al' sensible heat flux from the land surface, 
b latent heat flux from the land surface, 
c incoming minus outgoing (or reflected) shortwave radiation, 
d incoming minus outgoing longwave radiation; 

(ii) Air/sea interaction, i.e., fluxes of latent and sensible heat 
from the ocean; 

(iii) Heating with the atmosphere which includes warming (or cooling) 
by the following processes: 

1

a:j deep convection, 
shallow moist and dry convection, 
longwave radiation~ 
shortwave radiation, and 

(e adiabatic processes. 

Among the above processes the more important are: deep convection, all of 
the elements of heat balance of the Earth's surface, evaporative fluxes from 
the ocean1 and the adiabatic warming and cooling within the atmosphere. 

With the above framework Hurakami et al;, (1970) simulated a very rea
listic picture of the monsoons around 80°E Iongitude. Their simulations 
included the following features: 

(a) 

(b) 
(c) 

Realistic southeast trades south of the Equator with maximum 
speed near 900 mb; 
Southwest monsoons over India with a maximum speed near 600 mb; 
A tropical easterly jet in the upper troposphere near 150 km and 
around 10°N; 



(d) 
(e) 
(f) 

(g) 
(h) 
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Honsoon troughs (in the sea-level pressure field at 25°N); 
A Tibetan high at 30°N and 200 mb; 
A warm troposphere between the monsoon trough and the Tibetan 
high; 
A rainfall maximum at around 20°N: 
A Hadley cell with rising motion around 20°N and descent near 
20°S with northeasterlies in the upper troposphere. 

Much of what they simulated falls within the known range of observa
tional variability of these well-known phenomena. The major drawback of this 
study is the absence of interactions of planetary-scale monsoon waves with 
the zonal flows and shorter scale waves (see Chapters 2 and 17). 

A number of sensitivity studies were also conducted by Murakami et al., 
(1970) . The purpose of these sensitivity studies was to investigate wha_t __ __ 
were some of the important (and also less important) parameters in the success
ful simulation of monsoons. They found that the Himalayan mountains were very 
important as well as the salient physical processes listed above. Surpris
ingly, they noted that the intensity of monsoons and of the differential 
heating was not changed much if the sea-surface temperatures were slightly 
altered. The ocean was found to be important for its supply of latent heat 
and the land for its heat balance and its warm temperatures. Finally, 
this framework is viewed as follows. The solar heating warms the land sur
face, the gradual increase of soil temperature results in dry adiabatic lapse 
rates and this is continuously removed in the model by dry convective adjust
ment over a substantial portion of the meridional belt. This results in the 
gradual formation and intensification of a heat low. Soon moist air from 
the ocean starts to converge into the general region of the heat low. Con
ditional instability over the land area grows and soon thereafter moist 
convection starts. Rainfall, warming of the troposphere, and the establish
ment of a Tibetan high, a monsoon trough and a Hadley cell follows. The 
upper level tropical easterly jet forms due to a transformation of kinetic 
energy of meridional motions into zonal motions. In many ways the Murakami 
et al. framework of broadscale monsoons is akin to a giant sea breeze whose 
scale is of the order of 6000 km and in which the effects of the Earth's 
rotation on the motions on the meridional plane become important. 

13.5 The differential heating that drives the monsoons 

Evidence based on rainfall observations, cloud distributions from 
satellites, surface-based radiation measurements, Earth's radiation budget 
measurements, and numerical modelling studies (Murakami et al., 1970; 
Gilchrist, 1977) suggests that during summer monsoons a strong field of dif
ferential heating (VH) exists and is directed from the oceanic to the land 
areas of the monsoon belt. The components of large-scale heating include 
(i) the Earth's surface (the net short and longwave radiation, fluxes of 
sensible and latent heat and conductive heat fluxes into the soil) , and (ii) 
within the atmosphere, heating by short and longwave radiative processes, 
dry convective processes, shallow and deep moist convection, sensible and 
latent heating fluxes from the Earth's surface, large-scale condensation and 
convergence by small scale eddy fluxes of heat . Gilchrist (1977) has 
mapped the field of vertically integrated total heating and has shown very 
clearly the field of differential heating within the atmosphere. Murakami's 
et al. (1970) study discussed in Section 13.4 also provides us with a simple 
framework relating the differential heating to the monsoon circulation. 
Table 13.2a illustrates the rate of total tropospheric heating based on 
Katayama (1964) over three regions of interest for the summer monsoon. 
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Table 13.2a Component heating rates for different regions of the monsoon 
(Ka:tayama, 1964) 

Langley/day 

Total heating rate 
of the troposphere 

QR (radiation) 

Qs (sensible heating) 

Re (condensation heating) 

Heat low over 
Saudi Arabia 

-95 

-130 
20 
15 

Central Arabian Ganges 
Sea Valley N.E. 

India 

5 375 

-80 -25 
-15 0 
lOO 400 

They are, respectively, the heat low to the northwest, the oceanic environ
ment and the active monsoon disturbance region. The heat low region (the 
deserts) is primarily radiatively controlled, while the active monsoon region 
is convectively controlled; the oceanic environment falls somewhere in be
tween. The rneridional distribution of total heating along the west coast of 
India during the active monsoon period is shown in Table 13.2b. As one pro
ceeds Equatorwards from the Himalayas, the field of differential heating 
from land to ocean is illustrated here. Near 20°N around Bombay, the total 
heating is largely convectively controlled. The radiative control gradually 
increases as one proceeds Equatorward over the oceanic areas. 

Table 13.2b Meridional variation of heating. rate along 73°E based on 
Katayama (1964) 

Langley/day 30°N 2tYN 10°N oo lOOS 

[I'otal heating 45 385 255 90 25 

RR (radiation) -75 -25 -25 -50 -75 

Rs (sensible heating) 20 10 -20 -10 0 

QC (condensation) lOO 400 300 150 100 

The details of the differential heating for the winter monsoon in
cluding its spatial and vertical distribution within the atmosphere are not 
very well known. 

13.6 Air/sea interaction 

The. bulk aerodynamic formulae are frequently used for estimating the 
transfers of sensible heat (FS) and latent heat (FL) from the ocean. A set 
of frequently used formulae is: 

F8 pcpCniWol (Tw-To) (13.1) 

FL p CD I\Vo I (qw - q 0 ) (13. 2) 
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where I\Vol is the surface wind speed, Tw and qw are the ocean temperature 
and the saturation specific humidity, respectively; while To and q 0 , respec
tively, denote the air temperature and the specific humidity at the anemo
meter (or ship deck) level. If the wind speed is expressed inm s-1 and the 
air/sea temperature and humidity differences for qw and q0 are respectively 
expressed in °C and g kg- 1 units, then Fs and F1 are in units of cal cm2 d~1, 

A number of atlases relating to the above parameters exist and they 
are very·useful. Here we shall illustrate these fields for the months of 
the onset of the summer monsoon over south Asia (Figs. 13.3a and b). The 
most striking feature is a zonal belt of maximum air/sea energy transfer near 
10°S and another region over the Arabian Sea near l0°N. This axis of large 
air/sea transfer is located close to the region of the strongest surface 
winds which in turn are located near the axis of the major cross-equatorial 
low level jet of 2he Arabian Sea. The largest exchanges are of the order of 
300 to 400 cal cm d- 1

• Furthermore, it is important to note here that the 
Bowen ratio B = Fs/FL is of the order of 0.1 in the tropics, hence most of 
the energy transfers shown in these diagrams reflect latent heat fluxes. The 
distribution of sea-surface temperatures over this region is shown in Fig. 
13.4 .. 

The field of sea-surface temperature exhibits an interesting cooling 
trend over the Arabian Sea. During April and May values exceed 28°C over 
most of the near-equatorial Indian Ocean and over the Arabian Sea and the 
Bay of Bengal. The cooling occurs along the east African coast and is well 
marked in June. At the height of the monsoon season (i.e., August), sea
surface temperatures over all of the Arabian Sea are cooler by about 2°C than 
the values during June. This cooling is partly due to the intense coastal 
upwelling near the Somali and Arabian coast. Recent observations show that 
the coastal values of water temperatures approach around 15°C on individual 
days (see Fig. 13.5). The general large-scale cooling of the Arabian Sea 
may be due to lateral spreading of cold upwelled water from coastal regions 
and possibly also to cloud and haze cover which increases between June and 
August, thus reducing the solar heating. The data for Fig. 13.5 were 
based on a special cruise of four U.S. naval vessels. The field of wind 
stress over the ocean can also be estimated by the use of standard drag 
formulae: 

(~~) =CD P0 /u~ + v;/
112

(~} (13.3) 

where CD is the drag coefficient (1.4Xl0- 3); p0 is the density of air at the 
surface; u and v are the zonal and meridional components of the wind and Tx 
and T are the stresses in the zonal and meridional directions. Hantel 
(1970, has produced a set of monthly mean maps of the curl of the surface
wind stress based on monthly mean wind stresses. The maps of Hantel (1970) 
are shown in Fig. 13.6. The curl of the wind stress is related to the in
tensity of the upwelling (from Ekman theory) . His maps for July and August 
clearly show the positive values for the curl of the wind stress near the 
east African coast. Over most of the Arabian Sea, negative values (the 
shaded area) of the wind-stress curl prevail during the summer monsoon. 
Hantel notes that regions of positive relative vorticity (of the surface 
wind) are correlated with regions of positive curl of the wind stress. 
Hantel also noted a one month lag for the response time of the oceans to the 
wind stress. 
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Figure 13.5a- (Left) Map of temperature contoured at a depth of 100 m in the Somali Current at 
approximately maximum strength during the southwest monsoon in 1975. Dots show XBT 
station positions from four U.S. Navy ships travelling abreast to the northeast along 
the coast from Greenwich mean time 1500, 11 August, to 2300, 12 August 

Figure 13. 5b- (Right) Bathymetric chart off the Somali coast based on a map by Laughton (Bruce 1973) 
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Figure 13.6- Surface-wind stress curl over the Indian Ocean. Units, lo-7 kg m- 2 s-l = 10-8 dynes 
cm-3. Negative areas are shaded. Dots indicate 20 squares without available wind 
data (Hantel, 1970) 
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13.7 The monsoonal inversion 

The trade-wind inversion over the Arabian Sea during the summer 
monsoon months is low and intense along the near-equatorial east African coast, 
rises along t:he low-level monsoonal southwesterly,_ flows over the Arabian Sea _ 
and weakens near the Indian coast. This behaviou.r is opposite to that of the 
trade-wind belts. Bunker (1965) presented evidence of the above from drop
windsonde data taken during a field experiment. However, although his obser
vations were interesting, the design of the field experiment did not permit 
an evaluation of the "inversion budget", which was possible for the ATEX 
Experiment discussed in Chapters 12 and 20 . As shown in Chapter 12, a mini
mal observational system for budget studies requires a triangular network of 
upper-air stations. The "inversion budget" can be evaluated by a coupled 
system describing a balance of dry static stability and moisture. Several 
scientists have evaluated the balance of moisture over the Arabian Sea using 
line integral techniques over the entire region north of the Equator. Due 
to a lack of equatorial observations, these studies, e.g. those by Pisharoty 
(1965) and Saha and Bavadekar (1973) are not very conclusive. They attempted 
to relate the evaporation over the Arabian Sea to the cross-equatorial supply 
of moisture across the Equator in the rainfall budget. Although they both 
concluded that the evaporation over the Arabian Sea far exceeds the transport 
of moisture across the Equator, this important question deserves further 
observational studies. Perhaps in support of their work we might state that 
the near-equatorial dropsonde measurements during 1973 and Soviet ship sound
ings during 1973 and 1977 show that the atmosphere is indeed very dry and 
thus the transports of moisture along the cross-equatorial low-level jet may 
be very small. Table 13.3 shows the moisture budget over the Arabian Sea 
based on the studies of Saha and Bavadekar (1973). The lateral boundaries 
of their computational domainare shown in the columns showing the transports. 

Table 13.3 Water Sea (1010 tons d-1 
ar, 1973) 

Precipi- Estimated 
Across Net Esti- tat ion precipita-

42°E 75°E flux mated computed tion from 
26°N Equa- from rainfall 

tor diver- evapo- water charts gence ration vapour 
budget 

Sept.1964 0.85 -1.09 -2.35 3.60 1. 01 2.1 1.1 1.0 

June 1964 0.11 -1.21 -3.38 4.99 0.51 3.5 3.0 2.5 

July 1964 0.50 -1.53 -4.36 5.87 0.48 3.2 2.7 2 .. 7 

Aug. 1964 -0.67 -1.46 -3.89 5.75 -0.27 2.5 2.7 2.1 

Sept. 1964 0.15 -1.27 -3.01 4.95 0.82 2.4 1.4 1.7 

The field of large-scale vertical velocity generally shows descent 
over most of the Arabian Sea during the summer season (Depradine, 1978). 
Many individual case studies on vertical motion over the monsoon belt have 
shown that general descent prevails except in the vicinity of active dis
turbances. The inversion over the Arabian Sea thus appears to be similar 
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to the trade wind inversion; the general subsidence probably plays a major 
role in generating its large static stability. Some unanswered questions are: 

(i) What are the relative roles of radiation, subcloud layer convec
tion, and large-scale subsidence in the maintenance and variability of the 
monsoonal inversion? 

(ii) 1-Jhat are the relative roles of processes that contribute to the 
moistening or drying of the subcloud layer, the cloud layer and the inversion 
layer over the Arabian Sea? 

(iii) What factors determine the frequent inland penetration of the 
inversion during periods of inactive monsoons? 

13.8 Onset, active and break monsoons 

(a) The onset phenomenon: 

The onset of monsoons is characterized by an abrupt increase in rain
fall over a large area; this occurs during early June over many parts of 
India. The five-day mean rainfall averaged over calendar day intervals of 
5 days is called Pentad rainfall. The Pentad rainfall for a weather station 
over India is illustrated in Figure 13.7. It shows the large increase of 
rainfall on the Pentad centered around the second of June. The area-averaged 
daily rainfall over large areas of central India is plotted every year by 
the Indian Weather Service. Figure 13.8 illustrates an example of this plot 
showing clearly the onset of monsoon rainfall around the 20th of June during 
1972. 

The dates of onset vary from year to year as well as from region to 
region. Normal dates of onset have been prepared by many weather serv~ces 
based on long-term rainfall records. It shows that a line (roughly from 
southwest to northeast) propagates northwestward. This line connects Sri 
Lanka and central Burma around the last week of May. It is located over 
northern India by the end of June. This line defines the isochrones of the 
normal onset of monsoons and is illustrated in Figure 13.9a. A reverse 
sequence between roughly the 15th of September and 1st of January describes 
the withdrawal of the monsoons (Fig. 13.9b). 

The northwestward motion of the "onset isochrones" and the subsequent 
retreat of the "withdrawal isochrones'' is an important part of the annual 
cycle of the monsoons. This sequence is not well understood at present. 
Differential heating between the land and the southern oceans and the moist
ening and increase of conditional instability over large areas are known to 
be associated with the onset phenomenon. 

(b) Active and break monsoons: 

Rainfall records such as those shown in Figure 13.10a are available 
for well over 80 years. They all show that monsoon rainfall exhibits con
siderable variability. There are active and inactive periods (called breaks) 
of rainfall. During drought years the breaks last for periods as long as one 
month. In years of near-normal rainfall the active and break spells alter
nate with an approximate period of one week each. Thus, a well-known quasi
biweekly oscillation in the monsoonal rainfall was noted by Krishnamurti and 
Bhalme (1976). Their analysis of the spectra of monsoon rainfall is illus
trated in Figure 13.1Gb. It shows two pronounced peaks, one around 3 days 
related to passage of monsoon lows and the other around 15 days related to 
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active and break spells in monsoons. These active periods are generally 
associated with the passage of monsoon depressions that form over the Bay of 
Bengal and move northwestward. During break periods the active monsoon 
trough is known to move towards the Himalayas. The rainfall belt moves north
ward. During these periods most of central and northern India experiences 
a dry period. Another rainfall belt usually forms over southern India near 
10°N during these breaks. The monsoon trough is replaced by a surface pres
sure ridge line around 20°N. Since the (zonally-oriented) pressure ridge 
line moves northward from equatorial latitudes toward 20°N, it is tempting 
to think that the cause of the breaks in the monsoon originates from near 
the Equator. Krishnamurti and Bhalme (1976) presented the following as a 
plausible hypothesis for this phenomenon. This is based on some preliminary 
results from a zonally symmetric monsoonal general circulation model (Muraka
mi et al., 1970). Here we note an oscillation between an active and an in
active (break) phase of the zonally symmetric monsoons. The heat balance of 
the Earth's surface around 25°N is crucial here. Net radiative effects warm 
the Earth's surface, the heat balance of which includes both sensible and 
evaporative fluxes. The fluxes gradually build dry and moist instabilities 
in the lower layers. Heat is transported up by the dry and moist convective 
adjustment processes. The heating is also augmented by large-scale conden
sation. As convection and condensation increase, cloudiness increases in 
the model. The gradual increase of cloudiness results in a gradual decrease 
in the incoming short~ave radiation reaching the Earth's surface. As a con
sequence, there occurs a gradual stabilizing of the lower layer and the dry 
and moist convective processes slowly decrease and the associated cloud 
cover also starts to decrease. The shor~wave radiation now starts to become 
effective once again and the cycle starts all over again. 

The hypothesis stated above requires further careful analysis. The 
synunetric models preclude any zonal interactions of the monsoons with other 
regions such as the Pacific. Observations, however, suggest that active 
monsoon spells are, in fact, related to activity in the western Pacific 
Ocean. One such interrelationship was recently explored by Krishnamurti et al., 
(1976). Here the existence of an interesting phenomenon of downstream ____ _ 
amplification for the monsoonal region was demonstrated from long-term sur
face pressure records. Figure 13.lla shows examples of downstream ~mplifica
tion that precedes an active monsoon period. Here the arrival of a typhoon 
(Fig. 13 .llb) initiates a lowering of pressure near north Vietnam; this is 
followed by the formation of an anticyclone over central Indochina about a 
week later and the subsequent formation of a monsoon disturbance about another 
week later over the northern Bay of Bengal. Roughly 40 such examples were 
examined during the period 1939 to 1973. The slow rate of westward propaga
tion of the amplification was attributed by Krishna.murti et al., (1976) to a 
slow group velocity (slower than the phase velocity) in tnrs-region during 
northern summer. This is only one of several kinds of interactions of the 
disturbances over the Pacific Ocean with the activity of the monsoons. 

The phenomenon of the breaks is fairly complex and not much is under
stood about it at present. Ramamurthy (1969) has published an exhaustive 
survey of the breaks in the monsoons covering an 80-year period, 1888-1967. 
During breaks, as the broad-scale surface pressure trough moves northward 
over the Indian subcontinent, westerly winds prevail and rainfall amounts 
over central India are small. Ramamurthy has· used these characteristics in 
his definition of the breaks in the monsoon. He examined the months of July 
and August for 80 years of weather records. The breaks last for roughly 3-5 
days in July and August. In the 80 years of records, there were no breaks 
during 12 of these years; one break per year during 25 of these years; two 
breaks per year during 22 of these years, three breaks per year during 9 of 
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these years, and 4 breaks per year during 2 of the 80 years. Thus, one or 
two major breaks in the monsoons is a frequent occurrence. 

(c) An alternate definition of the onset of monsoons; 

Prior to June 1st the lower troposphere is usually very warm and 
it cools very rapidly soon after the rainy season starts. The converse is 
true for the upper troposphere near the 300 mb surface. 

The contribution to the time rate of change of total available poten
tial energy from the monsoon belt shows a sudden decrease for the lower 
troposphere and a sudden increase in the upper troposphere after the start 
of the rainy season. This is related to the warming of the lower troposphere 
by shallow dry convection and sensible heat flux prior to the start of the 
monsoon rainfall and a warming of the upper troposphere subsequent to the 
start of the monsoon rains. The warming is primarily due to deep convec
tion and associated large-scale subsidence warming. 

If 6PE denotes the contribution to the total available potential 
energy from the monsoon belt, the onset of monsoons can be defined as the 

1 · · f h f ' ( 3 6PEJ-h 6p-E·. - db 850 c1ange 1n s1gn o t e unct1on, at 6p were 8p 1s measure etween 
and 300mb. This same function can be used to define planetary-scale monsoons 
by examining the growth and decay of the available potential energy of the 
long waves around 20°N in the lower and upper troposphere. The advantage of 
this definition lies in the fact that it is based on changes of large-scale 
temperature field which is somewhat easier to measure, and it does not have 
to rely on rainfall patterns that usually differ from region to region. 

13.9 Monsoon rainfall 

Figure 13.12 shows the monthly mean rainfall (in mm) over the man
soon belt from a recent atlas prepared by Jaeger (1976). We show here the 
rainfall distribution for the summer monsoon, i.e. , from May to October. 
This is one of the recently updated atlases containing a summary based on a 
large number of surface reports. The monthly total rainfall over India dur
ing May reflects premonsoon conditions while the totals fur October are for a 
period just after the withdrawal of the monsoon over India. In this region, 
a large proportion of the rainfall occurs near the mountains such as the 
western Ghats, the west side of the Burmese mountains, the Arakans and the 
Khasi Hills along the Himalayas. Here the long-term monthly mean totals 
exceed 500 mm (20 inches) for July and August, the active monsoon months. 
The rainfall totals along parts of these mountain ranges are known to exceed 
2540 mm a month. This sequence of diagrams clearly shows the importance of 
the monsoons. 

The heavy winter monsoon rainfall is encountered over the land masses 
around the South China Sea. Figure 13.13 shows the monthly mean rainfall 
from Jaeger (1976) for the northern winter months, November to April. The 
large rainfall totals around the South China Sea are produced by synoptic 
and mesoscale disturbances. The structure of these disturbances is not too 
well known. The primary rainfall belt is located north of the Equator during 
November and December; however, it moves to the south of the Equator by 
February. Rainfall amounts during this month over Indonesia are comparable 
to those over eastern India during the summer months. It is expected that 
detailed analysis of the observations from the Monsoon Experiment during 1978-79 will 
provide a better understanding of the disturbances. 



Figure 13.12- Monthly mean rainfall (mm), Jaeger (1976),northern summer 
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Figure 13. 13 -Monthly mean rainfall (mm), Jaeger (1976), northern winter 
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13.10 100 years of monsoon rainfall 

Two recent studies (Raghavendra, 1973>and Banerjee and Raman, 1976) 
have examined 100 years records of monsoonal rainfall over India. Figures 
13.14a and b illustrate the monsoonal rainfall for the months of June to Sep
tember for lOO years over central peninsular India and over northwestern 
India. Also shown in these diagrams are the regional distributions (top 
right) and a spectral analysis (top left) of the rainfall. The rainfall 
amounts at the bottom also include a polynomial smoothing and a low pass 
smoothing of the rainfall amounts. Rainfall over India shows considerable 
interannual variability. Peninsular India (Figure 13.14a) shows a dominant 
peak around 2.7 years with minor peaks around 2.3 and 11 years. The 2.7 peak 
is statistically significant; it stands above the 95% confidence limit. The 
corresponding summer monsoon rainfall over northwest India also exhibits a 
significant peak in the 2.7 year period. It is a little difficult to under
stand what a. 2.7 year period really is when data for June to September are 
averaged and used as a unit here. If one were to state that after a year of 
maximum.rainfall the next one would be most likely to occur 2.7 years later, 
this would place that next maximum in a late winter season. This, of course, 
is an absurd interpretation. Our interpretation of the long-term record is 
that there probably exists a 2.7 year mode that excites monsoon rainfall 
whenever its phase occurs during the monsoonal months of June to September. 
Since the results are averages for a large area and therefore based on a 
large number of observations, the 2.7 year mode deserves very careful study. 
In their review of the long-term rainfall variability over east Africa (Chap
ter 14), a peak of around 3 to 4 years was noted by Rodhe and Virji (1976) 
over most regions. The long-term variability evidently has a complex geo
graphical structure and no simple global patterns of rainfall variability 
can be identified. However, it should be noted that the east African annual 
rainfall is not associated with the same monsoonal period as in India. Pan 
(1978) and Joseph (1966) have noted oscillations in the planetary-scale cir
culations of the upper troposphere over the tropics with periods of around 
2.6 years and 3 years, respectively. Although rainfall and circulations must 
have an association (since large rainfall amounts are accompanied by corres
ponding convergence patterns in the lower troposphere and divergence patterns 
in the upper troposphere) the phase relationship between rainfall and circu
lation has not been studied on these time scales. 

13.11 Monsoon disturbances 

During northern summe~ the most common rain-producing disturbances 
are the monsoon lows and monsoon depressions. However, Pisharoty (1965) has 
illustrated situations of intense monsoon rainfall where synoptic-scale dis
turbances were not definable from the available observations on weather maps. 
It is thus possible that the broad-scale monsoonal current also contains 
mesoscale features that contribute to the monsoon rainfall. We shall not 
review this latter class of disturbance here since not much is at present 
known about its structure. 

(a) Monsoon lows: Among others, Murakami (1977) has reviewed the 
literature on the structure and dynamics of monsoons using spectral analysis 
techniques. (The student studying these important papers should familiarize 
himself with some of the well-known techniques on statistical methods; a 
useful reference is the· text by Jenkins and Watts, 1968~ Because of the 
general lack of a dense network of observations, Murakami chose to carry out 
a spectral analysis based on upper-air observations for 1962 from a few 
observing sites over India. His results of the power spectra for the zonal 
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(u) and the meridional velocity (v) are shown in Figure 13.15 as a function 
of the vertical coordinate. The analysis clearly shows spectral peaks in 
the ranges 10 to 15 days and 4 to 5 days. The spectral peak around 15 days 
is quite clearly evident for the zonal velocity at all levels above 2 km (it 
shifts to longer time scales in the upper troposphere) while the 15-day mode 
is also evident for the meridional velocity around the 3 km level. The 4 to 
5 day mode is well defined for both the zonal and the meridional velocity 
components. Murakami examined the geographical distribution of the variances 
of the meridional wind at 3 km in the 4 to 6 day range, and the variance of 
the zonal wind at 3 km in the 8.57 to 15 day range. These are illustrated 
in Figure 13.16. This study used only a limited number of upper-air stations 
over India, and the largest variances were found to be present over the north
ern part of the Bay of Bengal. It suggests that the Bay of Bengal is an im
portant region for the growth of eddy motions on these scales around the 3 
km level. The time-series technique can be used to estimate the horizontal 
scale and the speed of propagation of a wave disturbance by an extrapolation 
of the phase angle for adjacent weather stations. Murakami finds that the 
disturbances in the time frame of 4 to 6 days have a horizontal scale roughly 
30° longitude (see Figure 13.17), and a westward phase speed of about 6° 
longitude d-1. Based on available synoptic knowledge Murakami identifies 
these 4 to 6 day modes with the monsoon lows. An excellent survey of monsoon 
disturbances may be found in the recent text by Rao (1976) . In order to stu
dy the vertical structure of these monsoon lows, Murakami carried out inter
level cross-spectral analysis using the 3 km level as a reference. He com
puted the vertical distributions of the variance, phase and coherence for 
the meridional wind, temperature and moisture distribution. The phases and 
variances for temperature and moisture are illustrated in Figure 13.18. The 
variance of temperature is large and increases in the lower troposphere while 
that of moisture is invariant with height. The phase distribution shows that 
the temperature anomaly tilts westward with height while the converse seems 
to be the case for the moisture in the lower troposphere. The derived verti
cal structure of the monsoon low for the meridional wind, temperature and 
moisture is shown in Figure 13 .19. The trough line is identified as the 
vertical heavy line along which the meridional wind v = 0. 

(b) Monsoon depressions: 

The structure of the monsoon depression has recently been reviewed 
by Sikka (1977). The structures defined from aerological observations by 
Krishnamurti et al., (1975) and by Godbole (1975) contain descriptions of the 
mass, motion, thermal and moisture fields. Here we shall present some of 
the structures proposed by Godbole from a study using a compositing technique 
for many depressions. 

The structure describes mature monsoon depressions. Figure 13.20 
illustrates the composite motion field. The disturbance is most intense 
around 700 mb and the closed circulation can be seen from the surface to 400 
mb but not at 200 mb. Here the compositing is based on many storms for the 
year 1973. Figure 13.2la illustrates the composite field of sea-level pres
sure showing that the depression pressure is around 990mb. The depression 
is imbedded in the monsoon trough. Also shown in Figs. 13.21 a, b, c~, d, e 
respectively, are vertical cross-sections of temperature along 23°N, rela
tive humidity along 230N, zonal wind along 83°E and meridional wind along 
23°N and the vertical velocity along 23°N. The sections intersect the stonn 
centre. We note here that the depression has a cold core below 700 mb; rela
tive humidity shows fairly high values in the southerly flows. The zonal 
and meridional flows indicate clea~}Y that the depression has very strong 
disturbance speed.s exceeding 20 m s~ . The vertical extent is best described 
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Figure 13.20 - Streamline and isota.ch fields of the composite winds (m s -1) 
at (a) the surface, (b) 800, (c) 600, (d) 400 and (e) 200 mb 
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in Figure 13.2ld. The region of upward vertical velocity is described by 
the active region of cloud cover and rainfall, which occurs to the west of 
the depression. In this region typical rainfall amounts reach 10 to 20 cm d- 1 . 
Not much is known about the formative stages of the depressions. Roughly two 
disturbances form every month during the summer monsoon months. Roughly 50% 
of the summer rainfall over India is accounted for by the passage of depres
sions. 

Only a limited amount of theoretical work has been carried out to 
examine the instability mechanisms for the formation of monsoon depressions. 
Keshavamurthy (1972) and Shukla (1976) found that the barotropic and combined 
barotropicfbaroclinic instability mechanisms may be important for the initial 
growth. The role of condensation heating (and CISK) was suggested as being 
important for the subsequent growth of the depression. 

13.12 Mid-tropospheric cyclones of the southwest monsoons 

These are mid-tropospheric vortices that frequently occur between 
700 and 300 mb over the northwestern part of the Arabian Sea and occasionally 
over the northern part of the Bay of Bengal and over southern Indochina. 
The flows at the surface and at the 200 mb level do not show a closed circu
lation. This type of disturbance thus seems to be trapped in the middle 
troposphere. It is an important disturbance since its occurrence is associ
ated with substantial amounts of rainfall. Rainfall rates of the order of 
20 cm d- 1 are not uncommon. 

A detailed review of the mid-tropospheric cyclones of the southwest 
monsoons was recently presented by Carr (1977). In this review Carr has 
addressed the questions of regional difference, and the formation and main
tenance of these systems. 

(a) 

(i) 
(ii) 

(iii) 

(iv) 

(v) 

(vi) 

(vii) 

(viii) 

Observational aspects 

The vorticity maximum occurs between 700 and 500 mbi 

The scale of the disturbance is about 1000 km in the horizontal 
and about 6 km in the vertical; 

The largest vorticity in the disturbance is of the order of 
16xlo-5 s-1; · 

The maximum upward motion occurs slightly to the southwest of 
the centre of the disturbance, the intensity of upward motion 
exceeding 10 cm s-1 in these regions, where rainfall amounts of 
the order of 5 to 8 mm h-1have been noted. Horizontal conver
gence of the order of 6xlo-5 s-1 have been noted at the base 
of these disturbances around the 600 mb surface; 

The disturbances are essentially subtropical; the latitude where 
they are most frequently observed is around 200N; 

Only one or two disturbances are known to form during each month 
of the monsoon season; 
The thermal structure of the disturbance shows a cold core below 
500 mb and a warm core between 500 and 300 mbi 

Maximum horizontal winds are found near 600 mb where wind speeds 
of the order of 20 m s-1 are frequently observed; 
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(ix) The disturbance is known to be quasi-stationary; once formed 
over the northeastern part of the Arabian Sea it is known to 
remain nearly stationary for periods of as long as 3 to 7 days; 

(x) Below these disturbances at the surface, a weak trough is 
frequently noted near the western Ghats in the southwesterly 
flow; 

(xi) Above the disturbances, at 150 and 100mb, one does not observe 
any semblance of a disturbance in the large-scale easterly flow 
fields, although this may not be true of the divergent part of 
the total motion field; 

(xii) The vertical structure of the moist static stability shows that 
the atmosphere below the mid-tropospheric cyclone possesses a 
high potential for deep convection since it exhibits a very 
high degree of conditional instability; 

(xiii) At 500 mb the region of the disturbance is fairly moist (rela
tive humidity exceeds 50%). The large moisture contour is found 
to be advected horizontally from the Bay of Bengal in the upper
level easterlies and vertical~y from the Arabian Sea in cumulo
nimbus convection. 

Next we shall illustrate some observational features of the mid
tropospheric cyclones. Figure 13.22a is a map of streamlines at 600mb 
(dashed lines denote isotachs). This illustrates the mid-tropospheric cyclone 
from the study of Hiller and Keshavamurthy (1968). Figures 13.22b, c and d 
illustrate vertical cross-sections in a zonal plane across a mid-tropospheric 
cyclone based on studies of Krishnamurti and Hawkins (1970). The parameters 
shown in these three diagrams are, respectively, the fields of absolute vor
ticity, temperature anomaly and vertical velocity. 

(b) Dynamical aspects 

One is interested in identifying the instability mechanism that 
might be responsible for the growth of the mid-tropospheric cyclones. A 
valid instability theory should be capable o~ describing the length scale, 
phase speed and structure of the growing wave in accordance with observations. 
Mak (1975) proposed a modified baroclinic instability theory which incorpo
rates the vertical shear of the basic current in the zonal as well as in the 
meridional direction. This is called a modified Eady (1949) problem. Mak 
studied the linear growth in a quasi-geostrophic frame of reference and ob
tained very realistic results. However, his analysis has been questioned by 
Carr (1977a) on the grounds that the basic current used in Mak's analysis 
was too strong and thus not very realistic when compared with observations. 

Another instability theory is that proposed by Charney and Eliassen 
(1964) and Ooyama (1963)1 which has been reviewed earlier, namely 'CISK', the 
conditional instability of the second kind. Since there is generally no sur
face disturbance below these mid-tropospheric cyclones, some authors felt 
that frictional convergence (which is proportional to the surface relative 
vorticity for a quasi-geostrophic Ekman theory; see Appendix for notes on 
this item) would be too weak and could not therefore account for the growth 
by the CISK process. However, no formal analysis with data sets for this 
region has yet been carried out. 
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0000 GMT 17 June 1966 through the mid-level cyclone over 
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(lo-5 mb s- ); A profile of the smoothed terrain is 
indicated at the bottom of the cross-sections 
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VORTIC!TY 600 tnb TIME= 72h 

Figure 13.23- Carr's simulation of the mid-tropospheric cyclone of the 
southwest monsoons. The field of absolute vorticity at 
600 mb af hours 72 of simulation is shown here. (Units 
xlo-6 s- ) 
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(c) Numerical modelling 

Carr (1977b) has examined the problem of the maintenance of mid
tropospheric cyclones using controlled numerical experiments. He performed 
short-range forecasts with real initial data utilizing a multi-level primi
tive equation model (see Chapter 21). The disturbance was quasi-stationary 
and Carr was able to demonstrate quasi-stationarity as well as to simulate 
a very realistic structure of the disturbance. Carr constructed the convec
tive heating profile based on the observed rainfall rate. This meant that 
his model did not itself determine the heating profile as a function of the 
evolving large-scale variables (such as wind, temperature, moisture and 
pressure). Figure 13.23 shows Carr's simulation of the mid-tropospheric 
absolute vorticity some 72 hours after initial time. This was based on one 
of his coarse resolution experiments. The maximum value of vorticity is of 
the order of 0.3SxlQ-5 s-1 over western India, Carr's simulation of the 
structure of the dependent variables of the primitive equation model was 
extremely realistic and they are among the only available consistent 
dynamical structures of the mid-tropospheric cyclones. The structure is con
sistent in the sense that the rainfall rate one would infer from the dynami
cal structure is made to match the observed rainfall rates. Carr finally 
used the computed structure to examine the maintenance of the mid-tropospheric 
cyclones. His analysis shows that the major energy source for the main-
tenance of the system is the release of latent heat which generates both 
zonal as well as eddy available potential energy. The eddy kinetic energy 
of the mid-tropospheric cyclone is maintained by conversion of eddy available 
potential energy associated with rising of relatively warm air and a sinking 
of relatively colder air. 

The formation of these disturbances is a major unsolved problem. 
Some of the monsoon depressions that form over the Bay of Bengal are known to 
propagate westward along roughly 20°N and weaken over the eastern Arabian 
Sea. A number of these disturbances are known to weaken at the surface while 
the middle tropospheric part of the circulation stays on as a mid-tropospheric 
cyclone for several days. This is only one of many ways the mid-tropospheric 
cyclones are known to form. Some form gradually and do not seem to bear much 
relationship to westward moving disturbances from the Bay of Bengal. More 
observations, better theory and better modelling efforts are needed to under
stand their formation and maintenance. 

13.13 Final remarks 

In this chapter the summer monsoon disturbances have been emp~asized. 
Not much is known about the phenomena during the northern winter. Our know
ledge of synoptic disturbances will improve with the analysis of the wind 
data from the recently launched geostationary satellites in this region. 
The references provided in section 13.1 contain a useful background for 
study of the climatology of this region. 



Chapter 14 

AFRICAN WEATHER SYSTEMS 

14.1 Introduction 

The continent of tropical Africa is very large and the lack of adequate 
observations makes it quite difficult to provide a description of its major weather 
systems. 

There are essentially four sub-regions that one should consider in des
cribing the weather systems over tropical Africa. 

(i) 
( ii) 
(iii) 
(iv) 

West Africa, 
The deserts, 
Somalia and east Africa, and 
Central Africa. 

These four regions are, in fact, meteorologically quite different from each other. 
We shall begin with a quick review of the monthly mean rainfall over Africa. 

14.2 Rainfall distribution 

Figure 14.1 illustrates the monthly progression of African rainfall based 
on the work of Johnson (1975). The northward march of rainfall from winter to 
summer is somewhat dictated by the position of the sun. This belt of climatological 
rainfall moves more slowly than the sun. The surface albedo. of West and North 
Africa increases rapidly northwards from 7% to 30%, from the near-equatorial rainy 
areas to the deserts. The surface albedo has a very strong influence on the meri
dional march of the rainfall belt during the summer season. Over the desert areas 
the strong diurnal heating tends to produce (during summer) a shallow heat low. A 
stable (or near neutral) lapse rate on the large scale is accomplished as a result 
of strong descent of upper tropospheric air, which we feel is an important aspect 
of the dynamics of the heat lows. This is accompanied by a tendency for strong 
drying of the air at lower levels which prevents a northward movement of the rain
fall belt beyond roughly 15°N over Africa

1
since vertical development of clouds is 

inhibited in the very dry environment. The southward movement during the ~orthern 
winter takes the rain belt south of 20°S (see January panel) over South Africa. 
Here the surface albedo is not very large and large-scale heat lows are not found. 
Although the above climatalogical picture is a broad overvie~ it should be recognized 
that the interannual variability is large and varies from region to region. Figures 
14.2a and b show the variability in rainfall totals during July for 1967 and 1972. 
The latter year was well recognized as the start of the Sahelian drought. The Sahel 
region is located on the southern boundary of the Sahara Desert and the climatic 
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IJi Over 200 rnm ["2] 100 - 200 mm O....~~~~OMiles 
0 JPOO Kilometres 

Figure 14.1- Average monthly rainfall (showing only amounts greater than 
100 and 200 nTm/month) (After Johnson, 1975) 
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Figl)re 14.2 - Rainfall total5' (nun/month) for July 1967 (a) a normal 

rainfall year, and (b) for July 1972 (a drought year) 
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change problem of this region has attracted considerable interest. Some scientists 
believe that the drought in this region is due to overgrazing of land which changes 
the surface albedo and results in dry conditions. The major drought of 1972,howeve~ 
seemed to have occurred on a very large area extending from West Africa to Asia. The 
long term variability of rainfall at several selected African stations is shown in 
Figure 14.3. Spectral analysis of east African rainfall, Rodhe and Virji (1976) 
shows significant peaks in the ranges: 2-2.5 years, 3.5 years and 5-5.5 years over 
the coastal Tanzania regions, Kilimanjaro regions and Lake Victoria regions respective
ly. Although such spectral peaks have been noted in other parts of the tropics, their 
use in accurately predicting the possible occurrence of drought or rainy years has not 
proved pqssible. 

A large amount of work over West Africa comes from studies conducted at 
Nigeria and by ASECNA (the Agency for Air Safety in Africa and Madagascar). Obasi 
(1977) has carried out a spectral analysis of rainfall using 80 years of data over 
Nigeria. This confirms the presence of 2 to 3 year modes in the rainfall variability. 

As the rainfall belt migrates north and south during its annual cycle, the 
surface winds adjust to the pressure distribution on either side of the Equator. This 
problem has attracted considerable interest in African countries, especially as a re
sult of the pioneering work of Johnson (1975). Figure 14.4a from Johnson (1975) 
illustrates the relationship between wind, pressure and rainfall belts during different 
configurations of the pressure distribution. Johnson and Morth (1960) first showed 
these patterns and identified them by names such as duct, drift and bridge, etc. 
Figures 14.4b, c and d from Johnson and Morth (1960) show idealized flow patterns 
for these duct, bridge and drift situations. Real data situations usually are com
binations of several of these. Their dynamics is not well understood at present. 

14.3 The time-averaged motion field over Africa during the winter and summer 
months 

Here we refer to the analysis of Dean (1975) to show the fields of st~eam
lines and isotachs for February and August~each based on one month's data. Figures 
14.5a and b show the mean maps for 850, 700, 500, 300 and 200 mb. During Februar~ 
we notice an anticyclonic circulation belt over North Africa at 850mb. The axis of 
this anticyclonic belt is located at 20°N at 850 mb. A pronounced Equatorward tilt 
of this axis with height is a main feature of the winter charts. This axis is being 
found around 4°N at 200 mb. Consistent with this tilt, westerlies increase with 
height over North Africa and one notes westerly winds of the order of 40 to 50 knots 
at 200 mb. The easterlies near the West African coast at 850 mb are replaced by 
westerlies at 500mb. The variation of wind with height near the Guinea coast is 
fairly complex; it is southerly at the surface level, backs with height becoming 
easterly by 800mb and veers with height between 600 and 500mb becoming westerly 
above that level. Over South Africa, the 850 mb temperatures are usually extremely 
high during the southern summer, and a heat low does exist over the mountainous land 
mass. The low is located around 18°W and 15°S at 850 mb in Figure 14.5a. The South 
African heat low is replaced by an anticyclone at upper levels which is well evident 
at and above 700 mb. The surface heat low is located over the Kalahari Desert. We 
discuss heat lows in some detail elsewhere in this chapter with reference to the 
North African desert heat lows. The student will find some parallels between North 
and South Africa in these phenomena. 
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Figure 14.5a- Mean streamlines and isotachs (m s-~ for February at 850, 
700, 500, 300, 200mb, based on Dean (1972) 
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The corresponding northern summer charts for August are shown in Figure 
14.5b. They show at all levels the North African anticyclone above the Sahara 
heat low (at the surface not shown). The axis of this anticyclone tilts from 30°N 
at 850mb to 25°N at 200mb. The lower easterly jet at 700mb near 15°N has a 
speed of around 15 m s-1 and the upper easterly jet indicated at 200 mb over the 
Guinea coast has a speed of around 20 m s-1, The upper levels between 20°N and 
l0°S are usually characterized by a broad belt of easterlies, 

14.4 The time-averaged temperature field over Africa during the winter and 
summer months 

Figure 14.6 from Dean (1972) shows the winter season temperature field at 
850, 700, 500, 300 and 200 mb. The belt of highest temperature over North Africa 
tilts equatorward from 12°N to 5°N as we go up from 850 mb to 200 mb. The meridional 
temperature gradient is quite large near the Mediterranean coast where the strongest 
winds associated with the subtropical jet are found at this time of the year. The 
warm Kalahari Desert area over South Africa at 850 mb is very striking in this dia
gram. In fact, the temperatures during January over this region are higher at 
850 mb than those found over the Sahara Desert. The high temperature anomaly ex
tends all the way up to 200 mb in the upper dynamic anticyclone over this region. 
The isothermal fields for northern summer from Dean (1972) are shown in Figure 14.6. 
Here the high temperatures around 30°C over the Sahara Desert and the baroclinic 
zone to its south are major features. This baroclinic zone becomes extremely weak 

0 
at 15 N as one proceeds upwards to about 500mb; howeve~one can trace an Equator-
ward tilt of the major thermal system and the associated thermal gradients. The 
major feature over South Africa during the southern winter is the gradual build
up of the thermal gradient which is strongest at 300mb in association with the 
westerly subtropical jet stream of southern winter located near 25°S. 

14.5 Surface-flow patterns over Africa (based on Dhonneur (1974)) 

Figure 14.7 shows the annual progression of the monthly mean streamlines 
over Africa as given by Dhonneur (1974). The heavy line separates different 
flow reg1mes. It is of interest to note that southerly flows cross the Equator 
north-ward into West Africa during all months of the year, Although this separation 
line stays north of the Equator over West Africa, its behaviour over east Africa is 
much influenced by the Asian monsoons. During the period of the winter monsoon, i.e. 
of northerly flows over east Africa between October and March, the wind separation 
line moves south of the Equator. The ITCZ over the Atlantic ocean as well as this 
wind separation line over West Africa stay north of the Equator all year long. Over 
the Indian Ocean the ITCZ moves from the southern hemisphere (around1P0 S) to the 
northern hemisphere (around 20°N) between January and July. Thus east Africa en
counters the largest meridional movement of this wind separation line. The double 
dashed line in these diagrams is another major wind separation which also exhibits 
humidity contrasts. The position of these lines migrates considerably with the 
season, staying for several months of the year (except May, June, July, August and 
September) close to the migrating rainfall belt shown in Figure 14.1. 
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Figure 14.7- Monthly mean surface streamlines over the surface based on 
Dhonneur (1974) . Heavy and dashed lines indicate wind 
separation lines 
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14.5.1 Vertical slope of the pressure system 
-------------------------------------
During northern summer the surface pressure trough over India and Africa 

occurs quite far north (compared to its position over the Atlantic and Pacific 
Oceans). This gressure trough has a very pronounced Equatorward slope with height, 
roughly 6 km/15 latitude. Figure 14.8 illustrates the trough line at surface, 850, 
700 and 500mb during July based on the study of Dhonneur (1974). Further re
finements based on more recent data are necessary to construct such diagrams. How
ever, the essential features are most probably correct. 

14.6 Some climatological aspects of the Sahara Desert 

In the section on radiative processes we discussed some aspects of the heat 
balance of the deserts. The surface climatology of the desert area is extremely im
portant for the understanding of subtropical droughts. A few diagrams, Figure 14.9, 
illustrate the following (taken from Climate of Africa, Griffiths, 1972): 

(i) 

( ii) 

( iii) 

The extreme maximum surface air temperature is in °C. It shows 
that the air temperature gets as high as 55°C over the Sahara 
Desert. It should be noted that the soil temperature has been 
observed to be as high as 70°C in these same regions; 

The highest air temperatures move northwards between April and 
July. Near the West African coast the highest air temperatures 
are realized even later. The relative humidity shows a marked 
diurnal change. Near the West African coast the early morning 
values approach an uncomfortable 90% while during the afternoon 
hours drop down to near 65%. Over the Sahara the relative humi
dity fluctuates between 20 and 40% between 1300 hours and 0700 
hours GMT; 

Figure 14.9 also shows a field of 'piche' evaporation for the 
month of June. These are the values of surface evaporation that 
would be realized from a pan if sufficient water were available. 
A parameter called "ground wetness" which takes into account the 
soil moisture would provide a better measure of true evaporation
which should be negligible over the deserts. A diagram of the 
surface network of meteorological observing sites over West Africa 
is also shown here. Although plenty of observations of different 
parameters are available,not many of these are used or properly 
archived. 

14.7 Heat lows over the African deserts 

The dynamics of the heat lows is intimately related to the understanding 
of the role of the deserts of Africa. In the chapter on radiation we showed the 
following interesting aspects of the radiative heat balance of this region. l~e 

desert region has a high albedo of the order of 30%; the heat balance of the Earth's 
atmosphere system, at the top of the atmosphere, as measured at satellite altitude, 
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shows that this region is an anomalous heat sink for these subtropical latitudes. 
Her~ the net outgoing radiation exceeds the net incoming radiation. Tropospheric 
layers experience a net divergence of radiative flux. On the large scale there is a 
balance between the diabatic and adiabatic atmospheric temperature changes. As a 
consequence, one finds descent and drying of air on the large scale in the tro
posphere over this region. Near the surface, however, one notes a strong warming of 
air due to the large fluxes of long-wave radiation, reflected short-wave radiation 
and sensible heat flux from the Earth's surface during the day-time hours. Descending 
motion at the higher levels may be thought of as a dynamic response of the upper 
troposphere to this intense heating near the surface. The adiabatic warming of the 
descending air and dry convection near the ground provides a continuity of lapse rate 
(a stable lapse rate) in the vertical which is an essential adjustment that the at
mosphere undergoes on the large scale. The heat low is a very shallow (in the 
vertical) feature of the atmosphere. There is large-scale ascending motion of the 
warm air in this lower atmosphere. The compensating descent evidently occurs bet
ween the heat low and the near-equatorial rainbelt around 5°N during the northern 
summer months. There is also a possibility that the descent occurs selectively in 
the preferred regions of West African disturbances that move westwards. The heat 
low thus shows a coupling with the westward propagating disturbances. The descend
ing motion calls for an upper tropospheric convergence; on the other hand, the warm 
tropospheric columns call for an upper anticyclone. This is, in fact, observed over 
West Africa during northern summer; see Figure 14.5b. The upper anticyclone is a 
dynamic anticyclone which is characterized by descent and convergence and is most 
likely maintained by lateral input of anticyclonic relative vorticity in the upper 
troposphere. This lateral input can come from the Asian monsoon region where the 
poleward side of the tropical easterly jet contains large amounts of anticyclonic 
relative vorticity. This is steadily advected downstream, i.e. westwards over West 
Africa, Thus ~t appears that an understanding of the three-dimensional dynamics of 
the atmosphere over West Africa requires an understandin9 of the coupling of this 
region with the Asian monsoons to the east. If the coupling at the upper levels is 
weak, then it would be difficult to maintain an upper anticyclone over the deserts 
dynamically and the heat low would most likely have anomalous characteristics in such 
situations. Although heat lows exist in many parts of the world, similar upper level 
features are generally noted to exist over most of them. Figure 14.10 shows a 
schematic meridional cross-section of the vertical circulation over this region near 
the Greenwich meridian. The heat low produces an anomaly in an otherwise conven
tional pattern of ascent near 5°N and descent near 35°N6 the heat low induces addi
tional local meridional cells over the desert around 20 N in the lower troposphere. 
The schematic diagram places the following phenomena in their (plausible) per
spective: 

(i) 
(ii) 
(iii) 
(iv) 

Heat low; 
Major rain belt; 
Upper easterly jet; and 
Lower easterly jet. 

The diagram shown here has a southerly flow that extends across the Equator all the 
way to the heat low at 20°N; howeve~ the major convergence and ascent are shown to 
occur near the major rain belt near 6°N. Speed convergence rather than directional 
convergence is more important at the surface level. The surface air undergoes strong 
mixing with the descending warm dry air as it moves northward towards the heat low. 
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The schematic picture of the local Hadley cell is somewhat complex,primarily 
due to the distortion produced by the heat low over the desert. 

The dynamics of the heat low deserves detailed investigations. 
The African monsoons, the Asian monsoons and the thermodynamics of the 
deserts are all interrelated and the ultimate understanding of the Sahara 
heat low during the summer months will only be possible when the interrela
tions of all of these phenomena are understood. 

14.8 West African wave disturbances 

In the broad survey of tropical zonal asymmetry in Chapter 3, we 
have already discussed the structure of African wave disturbances and hence 
we shall not repeat this here. Here we shall present a brief account of the 
dynamics of these disturbances. The West African wave disturbances are known 
to pass westwards over the region of strong meridional temperature gradient 
near 13°N (i.e.1 just south of the warm Saharan belt). This region is char
acterized by a strong horizontal as well as vertical wind shear (see Figure 
14.5b). It was shown by Burpee (1972) that these shears are sufficiently 
large that they satisfy the necessary conditions for the existence of 
combined barotropic/baroclinic instability (see mathematical Appendix). A 
wave of the typical horizontal scale of a few thousand km is maintained by 
drawing energy both from the horizontal and the vertical shears of the en
vironmental flows over this region. Burpee carried out calculations of the 
co-variances of the zonal and the meridional wind (UTVT) and of temperature 
and meridional wind (T'-V') at several West African weather stations. He 
noted that the time-average value (~ of the flux of westerly momentum 
was directed towards the low-level African easterly jet. This would tend 
to weaken the lower-level West African easterly jet and thus give rise to 
an energy exchange from the zonal kinetic energy Kz to the eddy kinetic 
energy, KE which may be expressed as~ 

Here u < 0 and 3~ UTVT < 0. This relates to the barotropic energy exchange. 
Burpee furthermore noted that V"f' < 0, i.e., sensible heat is transported 

equatorward, and ~~ > 0, i.e., mean temperature increases northwards. This 

down-the-gradient heat transfer is consistent with properties of baroclinic 
waves; thus the African wave is thought to be maintained from horizontal 
and vertical shear. 

With the coming of the GATE dat~much further progress has been made 
in observational compositing of West African disturbances. Aside from the 
distributions of the horizontal motion, temperature and moisture, it has 
been noted that ascent and clouds and rain tend to occur to the west of the 
trough line. This was noted by Pedgley and Krishnamurti (1976) and Reed 
et al., (1977). This region ahead of the wave trough is moist with relative 
humidities around 70 to 80% in the subcloud layer; however, the upper tro
posphere over this region tends to be very dry. We shall discuss this 
region, where severe weather is frequently encountered, in the next section. 
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14.9 West African disturbance lines 

Squall lines are knownto propagatewestwards from the Sudan area 
towards the west coast of West Africa during the northern summer months 
(Hamilton and Archbold, 1945; Eldridge, 1957; and Obasi, 1974). 

Roughly 7 disturbances are known to propagate westward during each 
month. From time~sections of surface and upper-air data, Obasi (1974) has 
constructed some interesting west to east cross-sections relevant to their 
passage across Lagos (Nigeria). Figure 14.11 from Obasi (1974) illustrates 
the variations, from west to east, of surface temperature, relative humidity, 
pressure and the 900mb relative humidity. Prior to a squall line passage, 
surface temperature and the 900mb humidity show larger than normal values, 
reflecting larger values of 8e near the ground and conditional instability. 
A pressure rise somewhat analogous to a pressure jump is found just after 
the temperature drops. The latter is used here as a reference to define 
the local passage of the disturbance line. 

1.4. 9.1 ~g~~!!_!~~~~-~~!!-l!!!~2!!:!!_~~!L~L!b~_M!i29rU:Jg:t~~ 

A recent study by Reed et al., (1977) and by their associates, Payne 
and McGarry (1977) , provides an entirely new picture of the West African 
squall line. The idea is roughly as follows. 

Although a squall line may move faster than the westward propagating 
African wave disturbance, they note that the squall line is most active just 
to the west of the trough line. They, in fact, identify a beginning of a 
squall and an active squall at different distances west of the wave trough. 
Figure 14.12 from their study shows that the frequency of occurrence of 
cloud clusters as well as squall is largest in categories 2 to ~which are 
located roughly 300 km to the west of the trough line. These results are 
obtained by compositing a large number of episodes with reference to a 
trough line identified by category 4. 

This study does raise the question as to whether squall lines ever 
go past African waves without any significant interactions and the answer is 
that some of them probably do. An important question that needs to be ad
dressed here is'Vhy is the region ahead of the trough line preferred for the 
development of squall lines?" The answer to that must lie in the configura
tion of moist static stability and the vertical distribution of the hori
zontal wind. The moist southwesterly monsoonal low-level flows~e capped by 
dry east north-easterlies ahead of the trough line. The mid-tropospheric 
easterly jet at 600 mb and the moist southwesterly monsoonal current provide 
conditions quite similar to those encountered in the continental United 
States (see Petterssen, 1956). Thus there may be some measure of similarity 
between the tropical and the extratropical squall systems. 

14.9.2 Q!h~t-~~~2l!_!iu~_mQg~!~ 

From an analysis of GATE data,Mower (1977) (Fig. 14.13) suggests the 
following schematic outline of a squall line over the eastern Atlantic ocean. 
This may be thought of as the structure of a West African squall line after 
it crosses over to the oceanic region. Mower notes the following features: 
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(a) Sharp convergence of high Be air at the "leading" edge of the 
lines (l0-3 s-1); 

~) Strong divergence of slightly smaller magnitude to the rear; 

~) Large drop in Be indicating the presence of a downdraft at the 
surface with its origins in the 900-800 mb layer; · 

0) Cooling at the surface after the line passage of 1.5 K (small); 

~) Small, but sharp, pressure drop with a large decrease in incoming 
solar radiation, together with a lowering of cloud base. 

The wind profiles showed: 

~) Surface westerlies ahead of the line; 

~) Very little vertical shear in both wind components; 

(c) No observable steering levelj 

(d) Lines are embedded in a larger-scale motion field which is con
vergent and cyclonic from the surface to 700 mb, 

The thermodynamic profiles showed; 

(e) Drying in the lowest 50 mb resulting from the downdraft; 

(f.) Drying at the surface and moistening above; 

(g) Cooling at the surface of 1.5 K with warming aloft~ and 

~<) A large Be drop in the mixed layer. 

The schematic diagrrun is drawn relative to the moving squall line. The 
driving mechanism for the squall line is thought to be an abundant supply of 
warm moist air in the subcloud layer with high eno~gh value of Be; the con
vergence and ascending motion are maintained by the downdraft reaching the 
ground; this seems to originate from a rather low level, i.e., 900-800 mb 
in this situation. This picture by Mower does not require a large-scale 
shearing environment (i.e., vertical shear of the horizontal wind) for the 
maintenance of the squall system. In this regard it is different from that 
of squall line in middle latitudes. Mower's picture of the squall system is 
somewhat similar to that presented by Moncrieff and Miller (1976), a three
dimensional numerical model which describes the passage of the squall line. 
In this study, the doWl<draft air is shown to originate from a rather low 
level just above the subcloud layer. The downdraft air is warmed adiabatic
ally during the descent and is cooled by evaporation of the liquid water and 
rain. The final configuration of the surface air was noted to depend on the 
intensities of these opposing effects. 

In another recent study, Leroux (1976) presents a different view of 
the squall system where the effect of the shearing environment is emphasized. 
Figure 14.14 from the study of Leroux (1976) shows a schematic outline of 
the West African squall line. The emphasis here is on the downward flux of 
easterly momentum from the middle tropospheric easterlies over West Africa. 
The hypothesis of Leroux needs to be tested more closely with observations. 
According to this hypothesis, the convergence at the surface occurs at the 
leading edge of the strong surface easterly surges. The southwesterly men
soon current is split into two parts by this easterly current. The precise 
reasons for the downward flux of easterly momentum is not explained by this 
study. The proposal of Laroux (1976) is not too different from that of 
Obasi (1974). Obasi noted strong easterlies with speeds ~ 30 to 35 knots 
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in the lower troposphere (700 to 900 mb) and at roughly 100 km to the rear 
of the disturbance line. Ahead of this line he found weak westerlies in 
this region. This asymmetry of the zonal flow provides a sustained field 
of low-level mass convergence (8u/8x < 0) across the disturbance line. 
Squall line passages over the Atlantic Ocean are known to exhibit similar 
strong zonal flow asymmetries. The dynamics of the initiation .of a strong 
surge in the easterlies is an unsolved problem in tropical meteorology. It 
is observed to occur over many parts of the global tropical belt. Over West 
Africa this sudden surge of easterlies may be due to downward motion and a 
downward flux of easterly momentum from higher levels. This descent may be 
the mass compensation for the active ascent over an ITCZ disturbance in the 
near-equatorial rain belt. Once such a surge of easterlies is established, 
local convergence. lines and the squall system could perhaps maintain them
selves via mechanisms such as those proposed by Moncrieff and Hiller (1976). 

Finally, the student should examine the structures illustrated here 
with that of the oceanic squall system proposed by Zipser (1969) for studies 
over the Line Islands over the Pacific Ocean. This is described elsewhere 
in the section on Pacific Ocean disturbances. 

14.10 Central Africa 

Although rainfall amounts exceed 2 540 mm a year in parts of the 
near-equatorial rainbelts, we know very little about the disturbances that 
produce these rainfall amounts. Since the major rainfall belt migrates from 
Z0°S to 7°N during the year arriving at Z0°S during the northern winter, the 
near-equatorial regions encounter two rainfall seasons associated with the 
northward as well as the southward· passage of the rainfall belt. Some in
teresting mean cross-sections of the atmospheric structure over central 
Africa were recently presented by Dean (1975). The rest of this section 
describes cross-sections that were based on data obtained during the Inter
national Geophysical Year in 1957 and 1958. Figure 14.15 is a station 
locator chart that was used by Dean. Here we shall only look at his sec
tions for some selected stations near and south of the Equator. Figures 
14.16a, b, c show these sections for Bangui at 40N, Coquilh.atville at the 
Equator, Luluabourg at 50S, Albertville at 5oS, Elisabethville at lloS and 
Broken Hill at 140S. The left panels in these thr~e diagrams show the meri
dional (top) and the zonal (bottom) velocity in m s during the year. Dean 
has also included the monthly mean rainfall totals in mm at the bottom. We 
note the following interesting features. As one proceeds south from the 
Equator, the rainfall totals decrease if the lower tropospheric flows are 
from the east. This is partly due to the fact that low-level easterly flows 
are of continental origin and are dry since the Indian Ocean moist trajecto
ries do not cross the east African highlands. The westerly winds are of 
oceanic origin (Atlantic) and are moister. 

At Bangui and at Coquilhatville the low-level westerlies are weak in 
all seasons except the summer. During these months when the westerlies are 
weak, the easterlies at 4 km are fairly strong. As one proceeds southwards 
the low-level westerlies are replaced by low-level easterlies and the winter 
hemisphere high-level westerlies appear in these sections. The strength of 
strong easterlies (~ 10 m s-1) in the lowest km over Elisabethville and 
Broken Hill, i.e., south of lOOS are extremely interesting features. There 
does not seem to exist any simple relationship between monthly mean rainfall 
and the meridional wind. 
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Figure 14.17- Zonal vertical cross-section of the monthly mean meridional 
wind speed near the Equator (following Findlater, 1971). 
Areas of wind speed larger than 20 knots are shaded. 
The mountains illustrated here are the Kenya highlands 
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14.11 Cross-equatorial flow near the east African coast 

During the summer as well as the winter monsoon months strong cross
equatorial flows near the 1.5 km level develop along the east African coast 
of the Indian Ocean. The southerlies during the summer monsoons and the 
northerlies during the winter monsoons are a regular part of the annual 
cycle of flows in this region. Figures 14.17a, b show (Findlater, 1969) 
vertical cross-sections from west to east near the Equator, illustrating 
this wind reversal. The Kenya highlands lie to the west of the low-level 
cross-equatorial flows in these cross-sections. Findlater has shown that a 
substantial part of the monsoonal cross-equatorial flows occurs in this low
level jet. An interesting clockwise gyre of low-level flows is usually found 
over the southern Indian Ocean in February, and this gradually moves north
westward and becomes a quasi-stationary summer monsoon flow by June (see Fig. 
14.181 which is based on Findlater's data). The low-level jet remains quasi
stationary during June, July and August and thereafter the gyre slowly re
treats southeastwards with the arrival of the northeast monsoons. Figure 
14.19, from Findlater's work, shows a well-known monthly mean isotach field 
illustrating the major cross-equatorial low-level jet. Findlater's (1971) 
report contains the mean maps for the entire year and shows the annual cycle 
of the cross-equatorial flows. The August mean map illustrated here contains 
the following interesting features: 

(i) A low-level jet extending from the southern Indian Ocean meri~ 
dionally along e.ast Africa towards Somalia and then eastwards 
over the Indian Ocean; 

(ii) Strong winds are noted (at the 1 km level) just downstream of 
the Malagasy Republic and downstream from the coast of the Somali 
Republic over the Arabian Sea; 

(iii) A split in the axis of the jet is noted over the Arabian Sea. 
The split may be a reflection of barotropic instability of the 
strong jet near Somalia. The Ethiopian mountains are noted to 
be an important factor in determining the strength of the Somali 
jet. 

The weather over Somalia is dry and lacking in clouds during the 
sun1mer monsoon months; however, the sky is usually covered by a haze layer 
that extends to a height of a few kilometres. The speed of the cross-equa
torial jet exhibits interesting fluctuations on time scales less than 6 days 
and around 18 days. Findlater has noted some interesting lag relationships 
between the occurrence of velocity maxima along the east African coast and 
the subsequent rainfall over western India. This study is a preliminary one 
and deserves further careful analysis. 



Chapter 15 

SOUTH .AMERICAN. NEAR-EQUATORIAL RAINBELTS AND DRY ,ZONES· 

15.1 Rainfall and lower tropospheric flow fields 

Figures 15.la, b, c and d portray the rainfall for February, May, August 
and November based on a recent atlas of Dean (1971). The near-equatorial rainfall 
maxima in May are found over Brazil and Colombia. The disturbances that account for 
nearly 30 cm of rainfall in one month are not well described in the literature. A 
major field experiment to determine the structure of these disturbances is evidently 
needed. By August the rainfall maximum moves to l0°N along the Venezuelan coast south 
of Barbados. By November the rainfall belt moves southwards towards eastern Peru near 
10°S, east of the Andes. Much of this rainfall is orographic. February is the period 
of most widespread rainfall over the Amazon valley and western Brazil. Figures 15.2a, 
b, c and d portray the mean 850mb flow field during these four months based on Dean's 
atlas. Figure 15.3 shows a recent map of the ~pper-air stations over Brazil. 

15.2 The low-level easterly wind maximum during Februar~ 

During February an easterly wind maximum is found over the Equator, near 
the 2 km level. This is very clearly illustrated in the vertical cross-section of the 
zonal wind shown in Figure 15.4. The Amazon rainfall belt is located south of the 
easterly wind maxima on its cyclonic shear side. The cyclonic shear side of this jet 
(often as strong as 30 knots) contains the path of many westward moving rain-producing 
cyclonic wave disturbances. This region is somewhat similar to the West Africa rain
fall belt of northern summer. A calculation of the meridional distribution of absolute 
vorticity across this easterly jet shows a weak change of sign in the gradient of abso
lute vorticity. This suggests the possibility of barotropic instability in these 
Amazon disturbances. This is a region that deserves much further study. 

15.3 Northeast Brazil 

This is a unique region of the tropics south of the Equator. An interesting 
dry belt (located near 10°S and 40°W) has perplexed meteorologists for some time. 
Rainfall increases westward from the region. The rainy season from January through 
April in this near-equatorial belt shows considerable variability over South America. 
Figure 15.5 shows the normal monthly precipitation based on a 30-year period from the 
study of Ramos (1974). The annual total of 474 mm (18 inches) at Petrolina reflects 
very dry conditions for these latitudes. The region is under the influence of the 
western Atlantic oceanic flow regimes which exhibit, in the mean, a low level 
diffluence during the rainy season; see Figure 15.6, Ramos (1974). The rainfall 
characteristics show a maximum during the early morning hours and minimum in the 



- 294 -

Figure 15.1 ( a,b,c,d) 
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curve) 
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afternoon hours; Figure 15.7, Ramos (197Lf). This is a feature of rainfall 
over the oceanic tropics. As one proceeds westwards the afternoon maximum 
in the rainfall is clearly dominant. Ramos has emphasized the importance 
of orographic heating to explain the diurnal variation of rainfall. It is, 
however, recognized that there exist westward propagating disturbances which 
account for the observed rainfall, most of which is observed to occur within 
a few days. The few storms that do reach this region are on the average as 
intense as the Caribbean easterly waves. The large-scale mean low-level 
diffluence pattern over the region is a semi-permanent feature; it is char
acterized by broad-scale descent and an intense inversion. 

15.4 Synoptic maps during the rainy season 

We present a sequence of 850 and 200 mb maps (based on Rocha de 
Aragao, 1975) over South America during the rainy season (see Figures 15.8a, 
b, c and d). The maps illustrate the formation of cyclonic disturbances. 
The sequence of maps is for January 20th through 23rd at 1200 GMT, 1970. 
The most interesting feature is an anticyclone situation (on the 20th) at 
around 2oos, 37.sow. The northerly flows west of the anticyclone undergoes 
a marked turn towards northwesterlies in the next 48-hour period. Two major 
cyclonic disturbances form and they are evident on the 22nd with a separation 
or scale of around 1500 ~· They seem to form in the cyclonic shear zone of 
the westerlies ~n this instance around the 22nd and move westwards with a 
speed of roughly so longitude/day. The 200 mb flows in this sequence show 
a rapid eastward motion of an upper trough with a subsequent formation of an 
upper closed low on the east coast. Not much is known about these types of 
rain-producing disturbances over western Brazil. As stated earlier, it is 
desirable that a major field project be organized to study the dynamical and 
thermodynamical structure of the rainy season disturbances over the Brazilian 
rainbelts. 
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Chapter 16 

TROPICAL CLOUD COVER, RAINFALL AND SATELLITE METEOROLOGY 

16.1 Introduction 

Near the west coasts of continents (North and South America, Afri~a) one 
usually notes low stratus and fog during the summer season. As one proceeds west
ward and equatorwards along the trades the low stratus breaks down into strata
cumulus and then into fair weather cumulus regimes. As one approaches the ITCZ the 
occurrence of tall cumulonimbus becomes predominant. In propagating disturbances 
such as easterly waves, equatorial waves and hurricanes, the cloud cover is mostly 
convective, containing a mixture of shallow and deep clouds. 

Figuzes 16.la, b, c and d illustrate monthly mean cloud cover over the 
global tropical belt from the tabulation of Sadler (1970) based on several years of 
satellite data. The illustrations are for January, April, July and October. The 
isopleths are in units of 1/8, 2/8, •••••••• to 8/8, i.e. oktas of cloud cover, The 
types of clouds are here identified in terms of coastal stratus, ITCZ clouds (con
vective), monsoonal (convective) and front~L for the sake of convenience in identi
fication. 

The axis of the ITCZ cloud cover (5 to 6 oktas) remains north of the 
~uator over the Atlantic and the eastern Pacific Oceans, while over the western 
Pacific and th~ Indian Oceans it is found south of the Equator during the northern 
winter. The band of convective cloudiness northeast of Australia is an interesting 
and year-long feature. This region of convective cloudiness extends from northwest 
to southeast merging with the active frontal regions of the southern hemisphere. 
The existence of this extremely intriguing phenomenon is as yet unexplained. 

In order to study tropical cloud cover, its area! extent, its day-to-day 
variations and its interseasonal and annual variations the satellite is without doubt 
the best tool. Satellite cloud cover information is nowadays presented in digital 
form from the visible and the infra~ed radiation received at the satellite altitude. 
These data are archived at different resolutions, these depending on the types of 
satellite resolution and the scientists' requirements. An example of satellite bright
ness data for northern summer is shown in Figure 16.2. This is based on studies of 
Krishnamurti and Bhalme (1976). The satellite brightness data over the global tro
pics for a whole yearweze recently examined by Gruber (1974). His major interest was 
in the examination of what we call space-time spectra of this data set. The student 
should familiarize himself with relevant statistical techniques that may be useful for 
studies of meteorological space-time spectra. The original data for the satellite 
brightness are tabulated on a 5° latitude by 5° longitude mesh of grid points. The 
smallest resolvable spatial scale is of the order of 1 000 km in this data set. 
Taking the entire year of tiDpical data, Gruber found that there exist dominant 
westward propagating ''brightness waves~. Zonal wave number 5 had a period of around 
12.5 days and zonalwave number 9 had a period of around 6 days. Tropical 
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Figure 16.la - Climatological cloud cover. JANUARY. Sadler (1970) 
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Figure 16.lb - Climatological cloud cover. APRIL. Sadler (1970) 
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Figure 16.ld - Climatological cloud cover. OCTOBER. Sadler (1970) 
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Figure 16.2 - Satellite brightness data over India on a 
1ubreak"monsoon day during July 1967 (top) 
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meteorological literature nowadays contains an abundance of such information on space
time spectra for many different parameters. The transient waves defined by the bright
ness data spectra are extremely interesting. Gruber feels that these are respectively 
related to Rossby waves and easterly waves. The near 15-day oscillation in the 
satellite brightness data was also noted by Krishnamurti and Bhalme (1976) over the 
Asian summer monsoonal belt. It is generally felt that the cause of this oscillation, 
which also shows up in many other meteorological parameters, is not understood at 
this time. 

16.2 Tropical rainfall climatological aspects 

Two excellent references on tropical rainfall are: (i) the tabulation of 
Wernstedt published in 1972 and (ii) the recent monthly rainfall maps published by 
Jaeger (1976). Wernstedt's compilation contains a vast climatological data collection 
for the tropics; as an example, data for well over 500 raingauge stations over the 
islands of Indonesia were processed. Most of these tabulations are averages for at 
least 20 to 30 years of data. Jaeger's maps are generally based on 30-year averages 
between 1931 and 1960. Here we shall present four of his maps for January, April, 
July and October, These maps, Figures 16.3a, b, c and d, the result of painstaking 
effort, are about the most reliable compilation to date that exists over the oceans. 
The four maps shown here contain the geographical distribution of rainfall. This 
original text of Jaeger is an important reference for the annual variability of 
rainfall on a month-by-month basis. Here we present selected charts from his text. 

(a) January rainfall, Figure 16.3a. The maximum rainfall over the eastern 
Pacific Ocean of over 200 mm is found between 5° and 10°N along the ITCZ. 
The.rainfall totals over the central part of South America near 5°S over 
western Brazil exceed 300 mm. The ITCZ over the Atlantic remains north 
of the Equator in January and the rainfall maximum occurs near 5°N with 
values near 200·mm. The rainfall maximum over Africa has its larger 
value between l0°S and 20°S with magnitudes reaching as high as 300 mm. 
This maximum extends eastwards towards the northern part of the Malagasy 
Republic. The Indian Ocean just south of the Equator is an active dis
turbance area where roughly 200 mm of rainfall occur in January. The 
rainfall amounts gradually increase as one proceeds eastwards and over 
Indonesia the rainfall totals for January exceed 300 mm. The extremely 
dry belt over Australia and the pronounced rainfall minimum near 25°$ is 
a very interesting feature during January. The local Hadley-type over
turning has a rising branch centred near Indonesia, the sinking branches 
are located near 25.5 and also near 25°N. The subtropical westerly jets 
near southern Japan and over Australia are both closely related to these 
Hadley-type overturnings. This entire region between 30°5 to 30°N is an 
extremely interesting region for studies of the Winter Monsoon phenomenon. 
The rainfall over the western Pacific has a maximum of around 300 mm du
ring January. This is related to the cloudiness maximum we earlier re
ferred to in some detail. From these large rainfall amounts one can infer 
that this region east of Australia over the New Hebrides Islands is 
mostly convective. This is a quasbstationary rainfall belt elongated 
from the Equator south/southwestwards into the southern Pacific Ocean. 
As stated earlier, the quasbstationarity of this large-scale rainfall 
belt poses an unsolved problem. 
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April rainfall totals, Figure 16.3b. The rainfall maps change con
siderably over the l~nd areas and the Indian Ocean, but less so over the 
Atlantic and Pacific Oceans. Over the land masses of South America and 
Africa the belt of rainfall maximum (around 200 to 300 mm) moves Equator
ward. This is the period of heavy rain over northern Brazil and equato
rial and east African countries. A number of countries, such as Kenya, 
publish their own climatological rainfall maps. These are very detailed 
and contain far more information than it is possible to include in a 
global chart. The rainfall belt over Indonesia and the dry belt over 
Australia remain until April and are prominent features. 

July rainfall totals, Figure 16.3c. This is the period of intense 
summer monsoon activity over Asia and West Africa. During this month 
the totals begin to exceed 500 mm over several regions, such as: 

(i) 
(ii) 
(iii) 
(iv) 
(v) 

The west coast of India; 
Bengal, Bangladesh and the Burma coast; 
Central America; 
The Philippines; and 
The West African Guinea coast. 

Most of the active rainfall is north of the ~uator during this month. 
The western and eastern Pacific both indicate rainfall amounts in excess 
of 200 mm along the ITCZ which is located between 5° and 10°N. A rain
fall maximum at 10°S on the Brazilian coast is related to the surges in 
the southeast trades of the southern Atlantic Ocean. This belt is loca
ted just adjacent to the dry zone of northeast Brazil where one notes 
negligible rainfall totals during July. These are two interesting ora
graphically controlled features. In order to study the summer local rain
fall problem in further detail the student should examine the tabulations 
of Wernstedt or regional climatic publications. 

October rainfall totals, Figure 16.3d. The regions of intense rainfall 
exceeding 300 mm are: 

(i) 
(ii) 
(iii) 

The West African coastal area; 
Malaysia; 
The Indian Ocean extending eastwards over Indonesia to the 
Philippines; 

(iv) Northeast of Australia along the island chain; 
(v) Central America; and 
(vi) Along the north Vietnam coast. 

The ITCZ rainfall totals over the southern Indian Ocean, western Pacific 
and eastern Atlantic are quite large. The activity along the eastern 
Pacific and western Indian and Atlantic Oceans has weakened by October. 
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16.3 Mapping of rainfall rates from satellite brightness data 

When one intercompares observed rainfall rates with satellite brightness 
the one-to-one correspondence is not always apparent over all regions. The reason 
for this is that although satellite brightness of newly-forming clouds has some 
correspondence to rainfall rates, older and long-lasting clouds and their anvils do 
not exhibit the same kind of relationship. The latter account for a large fraction 
of the total cloud cover. A closer examination of data shows that the time change 
of satellite brightness measured from several frames, bears a better relationship 
to observed rainfall rates. Hence, it is desirable to collect satellite brightness 
information from several successive observations (roughly 30 minutes apart) from 
geostationary satellites. Griffiths et al.,(l978) have outlined a procedure for 
mapping rainfall rates from satellite data of cloud brightness measured from visible 
as well as infr~ed digital products. A three-way interrelationship among (i) rain
gauge measurements, (ii) radar reflectivity, and (iii) satellite brightness is ob
tained in these studies. The following is a summary of their method. 

(i) The negatives of the satellite brightness (obtained from satellite 
photographs) are magnified roughly 33 times using a densitometer. 
A densitometer can display on a monitor (in either black and white 
or in colour) all or part of the image of a film transparency. It 
can enhance a brightness contrast and also colour code a satellite 
photograph's relative brightness over its different regions. The. 
colour scheme (called false-colour coding) can be used to provide 
a clear distinction between low and high clouds, oceans and land. 
A digital count in the range of 0 to roughly 250 units is used to 
describe a satellite photograph. 

(ii} The next step is to define a test area where a good network of 
raingauges exists. Here one should recognize the limitations of 
rainfall measurements from raingauges due to unrepresentativeness 
of the sites where they are placed. Buildings, hills and local 
effects can influence the rainfall measurements and may not be 
representative of the scales in which one is interested. Thus, 
the data from a network of raingauges oce better suited for the 
calibration of the satellite-derived products. 

(iii) The radar is able to provide a better integrated picture of mesa
scale rainfall if the radar reflectivity is calibrated with the 
raingauge data. Here one constructs a nomogram of the echo area 
(as sensed by raingauges) over a region of good surface observa
tions and radar coverage. Such a nomogram requires to be fine
tuned for each region; furthermore, it should also take into con
sideration the representativeness of raingauge data. Figure 16.4 
shows a map of rainfall (measured over 24 hours) based on rain
gauge data which was extended using a standard Z-R relationship 
using radar data: (Z = 230 Rl.25), This map was prepared for a 
period during the GATE Experiment. 
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(iv) Calibration of satellite-derived products. Figure 16.5 illustrates 
a relationship between the area of clouds Ac (measured from 
satellites) and the area of the cloud echoes Ae (measured from 
radar). Here both Ac and Ae are nondimensionalized with respect 
to a maximum cloud area; Am defined as 80 digital cc)unts on a 
brightness scale. The graph distinguishes between a period of 
increasing cloud area and one of a decreasing area. This dis
tinction is important because non-precipitating anvils can occupy 
a large area in the later stage of a cloud's life cycle • 
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Figure 16.5 - The cloud area / echo area relationship. 
Both cloud (Ac) and echo (Ae) areas have 
been normalized to the (relative) maximum 
cloud area (~). Data have been averaged 
over intervals of O.lOx Ac/Am• The curve 
is an eyeball fit to the mean data. Median 
values are also plotted 

(From Griffiths, Woodley et al.) 
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Finally,in Figure 16.6 we illustrate a rainfall chart during GATE 
obtained from the satellite products. The calculations shown here 
should be compared with Figure 16.4 which shows the field based on 
surface-based observations. 

16.4 Rainfall maps from microwave radiometer data 

The microwave radiometer is another powerful tool that is becoming in
creasingly important for the mapping of rainfall over tropical oceans. Rao et al. 
(1976) have prepared an atlas of this product based on satellite observations made 
by an Electrically Scanning Microwave Radiometer (called ESMR). The ESMR operates 
at 19.35 GHz (band with 250 MHz), The oceans provide a nearly uniform background 
for the estimation of rainfall rates. Here one uses ESMR brightness temperature to 
map the rainfall. The brightness temperature is a product of the emissivity of 
water near 19 GHz and the thermodynamic temperature. Figure 16.7 shows a nomogram 
prepared for ESMR by Rao et al.,(l977) for the rainfall atlas. They ~tudied the 
rainfall over global oceans during 1973 and 1974 by this method. They note large 
intePannual variations in the rainfall over the Pacific and Indian Oceans. Their 
studies also indicate an interesting region of large rainfall over the southwestern 
Atlantic Ocean during the southern winter season. It is most probably related to 
quasi-stationary frontal zones that are oriente.d southeast to northwest. Figure 16.8 
from this study illustrates the inter-annual variability over the Pacific Ocean. 
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Figure 16.8 - ESMR-derived Pacific Ocean average rainfall rate for 
January 1973 (el Nino year) and January 1974 (non-el Ni~o 
year) 
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Chapter 17 

TROPICAL UPPER-TROPOSPHERIC PHENOMENA 

The tropical upper troposphere contains a variety of disturbances such 
as jet streams, quasi-stationary troughs and ridges, transient waves, upper cold 
lows and dynamic and thermal anticyclones. There are two major jet streams: 
(i) the subtropical jet stream of winter (e.g. see Krishnamurti, 1961) and (ii) the 
tropical easterly jet stream of northern summer. The quasi-stationary troughs are 
the mid-oceanic troughs that were discussed in Chapter 2; the quasi-stationary 
ridges are found over continents during the summer seasons. Transient waves are 
usually observed on the cyclonic shear side of the tropical easterly jet, Upper 
cold lows are frequently found in the summer hemispheres near 20°N and 20°S latitude. 
These are very slowly westward-moving transient systems and occur within the quasi
stationary long-wave mid-oceanic troughs. 

The formation and maintenance of these upper tropospheric disturbances 
are usually discussed in terms of calculations of their energetics. In this section, 
we shall present a brief review of the jet streams, upper cold lows, warm anti
cyclones and upper waves and their maintenance. 

Many studies show that the scales, speeds of propagation, structure 
and life cycle of the lower- and upper-tropospheric disturbances are different and 
that they are often decoupled. Howeve~ there also exist upper anticyclones which 
are an integral part of the lower-tropospheric cyclonic disturbances; also,one 
frequently observes upper-closed lows over the oceanic tropics that are coupled 
to lower-tropospheric cyclonic wave disturbances. 

17.1 The subtropical jet stream of winter 

The subtropical jet stream of winter was investigated by Defant and 
Taba (1957) and Krishnamurti (1961). These studies were based on aerological 
observations for the winter of 1955 and 1956, The data coverage of the present 
day is of an order of magnitude better than during that year. The jet is known to 
be located near the 200 mb surface. The precise mechanisms for the formation of the 
subtropical jet stream of winter are not well understood. From global observations 
and results of general circulation models·one gets the impression that the following 
sequence may be important for our understanding of this phenomenon. 

(i) The heat balance of the Siberian area results in a net cooling 
of air at low levels. 

(ii) The mountains to the west, east and south of Siberia traps this 
cold air at low levels. 
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The atmosphere tends to balance this intense rate of 
cooling by creating downward motion and adiabatic warming 
of air at low levels. 

The descending air spreads at the surface under the 
influence of surface friction and a polar anticyclone 
forms over this region which is called the Siberian high 
of the winter season. 

A south-north directed sea-level pressure gradient 
extends all the way to the Equator. 

The flows from the north develop at the surface down 
this pressure gradient. Parts of these flows are called 
the north-east monsoons. 

This air converges and ascends along the ITCZ over the 
southern Indian Ocean near 5°S and over Indonesia and 
southern Malaysia. 

0 0 
On a vertical cross-section near 120 E or 140 E, the 
ascending branch of a local Hadley type overturning 

0 occurs between roughly 5 S and the Equator. The Hadley 
type overturning is enhanced and maintained by the heat 
released in the convective region near 5°S, and by the 
descending motions near 30°N which are partly forced by 
the descent of the Siberian air at these latitudes. A 
strong westerly jet forms at the poleward edge (i.e. near 
30°N) of this local Hadley cell located around 120°E to 
140°E. 

From here on the influence of the mountains, primarily 
the Himalayas, seems crucial in determining the global 
geometry of the subtropical jet stream of winter. 

The heat balance of the atmosphere over Tibet also has 
a crucial influence in locating the axis of the sub
tropical jet south of the Himalayas. A cold troposphere 
is found over the Tibetan Plateau during northern winter. 

One wave of the axis of the subtropical jet stream of 
winter extends from northern India towards Japan, the 
ridge being located slightly east of Japan near 30°N. 
The strong influence of Siberia (its heat balance), the 
Himalayas,and Tibet (its heat balance) anchors this wave 
in a quasi-stationary position. 



- 325 -

(xii) A quasi-stationary three-wave pattern forms over the 
globe around roughly 27°N; ridges being located east 
of Japan, east of the southeast coast of the United 
States and over the Mediterranean Sea; a~ troughs being 
located over the Arabian Sea, central Pacific Ocean and 
central Atlantic Ocean. 

(xiii) The speed of the jet is found to be a maximum in the 
ridges and weaker in the troughs. The stronger winds 
in the ridges are related to strong ageostrophic south
easterly flows towards lower pressure in the ridges, 
Northwesterly flows are found upstream from the troughs. 
These flows are also somewhat ageostrophic and towards 
higher pressure, the net result being that troughs tend 
to exhibit ~ minimum in the speed. 

(xiv) The ageostrophic flows in the southwesterly branch of the 
the subtropical jet is, in fact, seen to originate from 
the ITCZ. This air moves northeastwards crossing towards 
lower pressure, giving rise to strong winds in the ridges 
of the subtropical jet stream of winter. There exists a 
one-to-one relationship between the three ridges of the 
subtropical jet stream and the following three well
known rainfall belts of the northern winter season: 

(i) 
(ii) 
(iii) 

The Indonesia - southern Malaysia regia~ 
Equatorial central Afric~ and 
The Amazon and the northwestern part of 
South America. 

This activity in these land-area (ITCZ) rainfall belts 
may, in fact, be a consequence of the formation of the 
global subtropical jet stream of winter. There most 
likely exists a major influence of the Siberian, Tibetan 
and Himalayan region on the circulation over the rest of 
the global tropics. This can be established only by 
carefully controlled numerical experiments. Figure 17.1 
provides a schematic outline of the major upper tro
pospheric phenomena that are relevant to the under
standing of the subtropical jet stream·of winter. The 
three major tropical rainfall belts provide a link 
between the northern and southern hemisphere phenomena. 

(xv) During the northern winter three middle-oceanic quasi
stationary troughs are found in the southern oceans, the 
divergent upper level outflows from the near-equatorial 
rainbelts converging into these upper troughs. For the 
maintenance of these mid-oceanic troughs, the vorticity 
generation by these east/west overturnings shown in 
Figure 17.1 are considered to be important. 
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The fifteen points presented here do not give a very convincing explanation of the 
existence of the global subtropical jet. Maybe they should emphasize more clearly 
the global aspects, In the upper troposphere the mid-oceanic troughs have re
latively lower temperatures than the rest of the tropics. The tropical upper-cold 
lows are an interesting phenomenon and are discussed in section 17.4. 

The southern oceans are data void and the only useful source of data is 
commercial aircraft wind reports. Much of our present knowledge is based on this 
data source. Subtropical fronts are upper tropospheric frontal zones that are found 
below the subtropical jet stream of winter. These were first noted by Defant and 
Taba (1957), They do not usually extend down below 600mb. They most likely form 
as a result of geostrophic adjustment of the mass field to the strong winds aloft, 
thus providing thermal wind consistency in these subtropical latitudes. We shall not 
go into a detailed description of the tropical easterly jet here since it is des
cribed elsewhere as a monsoon problem. 

17.2 Barotropic instability of the tropical upper-level jets 

(a) 

In Chapter 2 we discussed the climatology of this jet. The meridionally 
varying zonal flow of this jet at different longitudes was subjected to the following 
two tests (see the Appendix for theoretical discussions): 

(i) Whether or not the condition for tha existence of barotropic 
instability was satisfied by the data along different meridians; 
and, if the above criterion was satisfied: 

(ii) The determination of the scales and growth rates of the most 
unstable barotropic waves. 

As stated earlier, the interesting regions of the subtropical jet stream 
of winter are located near: the western Atlantic Ocean (near 30°N), south of the 
Mediterranean Sea, over India near 90°E,and the western Pacific Ocean (near 30°N 
and 140°E). 

In all these four regions the data sets of the summer mean zonal flows 
satisfy the necessary condition for the existence of barotropic instability. This 
is determined by noting that the meridional gradient of absolute vorticity 
a ( au ] vanishes somewhere within 10° latitude on either side of the sub-

- -- + f ay ay 
tropical jet stream of winter. 

Figure 17.2 shows the graphs of the growth rate versus the scales for 
barotropic instability in these four regions of the subtropical jet stream of winter, 
These graphs are based on calculations of the linear stability using the so-called 
finite-difference method, described in the Appendix to these notes. The region 
downstream from the southeastern United States shows a very weak growth rate for a 
scale of the 3 500 km waves. The interesting region of the subtropical jet stream 
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Figure 17.2- The growth rate versus the scales of the disturbances on 
January mean map of: (a) west Atlantic Ocean (near 30°N), 
(b) southeast of the Mediterranean Sea (near 45.0 E) 
(c) Indian Ocean (near 90°E), and (d) western Pac1f1c Ocean 
(near 300N and 1400E) 
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of winter extends from North Africa to the strong wind region near Japan. Here 
the growth rates are very large, i.e. with a doubling time of 2-3 days (Figure 17.2) 
and the scale of the maximum growth rate gradually increases as one proceeds east
wards: 

(i) 
(ii) 
(iii) 

Mediterranean 
India 
Near Japan 

- 2 200 km 
- 2 800 km 
- 5 500 km • 

This downstream increase in the scale of instability is not well understood, Wind 
observations along the subtropical jet stream of winter do exhibit small amplitude 
fluctuations on the time scale of a few days. These are evidently the transients 
driven by the barotropic instability. The dominant mode~ howeve~ are the quasi
stationary long waves of the subtropical jet which are primarily driven by the 
Hadley and east/west type overturnings. These studies suggest that the upper
level shorter waves draw energy from local zonal flows barotropically, while the 
longer waves are baroclinic and it is necessary to invoke the effects of vertical 
circulations to explain their maintenance. 

(b) Ih~ !r£pic£l_(~o~S£O~a!)_e£s!e!ll ie! £f_t~e_u£p~r_t!O£O~p~e!e_d~rin~ 
northern summer 

The climatology of this jet was reviewed in Chapter 2. Its dynamics 
is presented in Chapter 13. Here again we examine the (i) necessary condition for 
the existence of barotropic instability, and (ii) the scales and growth rates of 
maximum instability along the easterly jet, 

All along the tropical easterly jet from its entrance region near 150°E 
to the exit region near the Greenwich meridian,the local meridional profile of the 
monthly mean zonal flows (across the jet) satisfies the necessary condition for the 
existence of barotropic instability. The results of calculations of the growth 
rates of barotropic instability as a function of scale are shown in Figure 17.3. 
The most remarkable result here is a decrease in the growth rate along the jet from 
the western Pacific to the west coast of West Africa. The scale of maximum growth 
rates(as in the case of winter) also increases downstream along the easterly jet 
stream; these are at: 

(i) 
(ii) 
(iii) 

Western Pacific Ocean 
Indian Ocean (70°E) 
West Africa 

- 2 000 km; 
- 3 000 km; 
- 7 000 km. 

This downstream increase in the scale of barotropic instability ~s not well under
stood. 

A number of films of tropical upper level flows based on real data 
during northern summer indeed show that the eastern hemisphere, from the date line to the 
Greenwich meridia~ has very interesting wave motions on scales between 2 000 and 
6 000 km. These may be driven by barotropic instability of local meridional flows. 
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Figure 17.3- The growth rate versus the scales of the disturbances on 
July mean map of: (a) West Africa, (b) Indian Ocean (near 
70°E), (c) West Pacific Ocean and (d) mid-Pacific Ocean 
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(c) 

The analysis presented above does not take into account the zonal 
asymmetry of the tropical zonal currents which was emphasized in Chapter 3. This 
is an important addition that needs to be done to determine what kind of difference 
would arise if the zonal variation of the speed of the easterly jet were invoked in 
the stability analysis. 

Tupaz et al.,(l978) has presented an interesting analysis of a zonally varying 
easterly zonal jet. He shows that the major difference is that the maximum growth 
rate and instability occur not at the longitude of the strongest local instability 
but some distance downstream from it, Furthermore, the waves are shown to draw 
energy from the zonal jet in the region of instability, transfer it downstream where, 
if local conditions favour barotropic stability, this energy is transferred back to 
the zonal current. Tupaz's study is amenable to the analysis of a number of questions 
regarding the behaviour of tropical upper-tropospheric waves. 

17.3 The northward seasonal march of the Tibetan high 

During June, July and August the upper-tropospheric circulations over 
Asia are dominated by the Tibetan high. In a recent atlas by Chin and Lai (1974) 
the seasonal progression of this anticyclone at 200 mb is very clearly portrayed. 
The following diagrams (Figuresl7.4 a and b) based on their study illustrated 
this. This upper anticyclone is recognized as a warm thermal high maintained by 
condensation heating. It is first seen over the South China Sea in April; it then 
gradually moves northwestwards until June when it is located over Tibet. The 
retreat starts in September and the anticyclone loses its identity by December. 

During different years this event occurs at somewhat different rates and 
the onset and withdrawal of monsoons is evidently related to this phenomenon. One 
of the most important questions here is the speed of north-westward motion of this 
system during early summer. This is not very well understood. It is evidently re
lated to a number of factors such as the heat balance of the land areas to the 
northwest and the gradual intensification of the differential heating between land 
and sea. 

17.4 Tropical oceanic~per-level cold lows 

A review of the climatology of the mid-oceanic tropical upper-level 
troughs is essential in this context. Figure 17.5 shows a mean map of the tropical 
upper-level mid-oceanic trough, following Frank (1970). The time-averaged map shows 
the mean trough. On daily maps one quite frequently finds in its vicinity transient 
upper-tropospheric cold lows. These lows generally move very slowly westwards and 
have a lifetime of 4 to 7 days. A large frequency of transient upper lows in the 
same general vicinity of the mean trough is observed. Tropical motions in the 
vicinity of these upper lows are often decoupled in the vertical. Below 600 mb, one 
frequently observes westward propagating wave disturbances and vortices. The phase 
speed of the latter is usually 5°to 7° longitude/day and thus much faster than that 
of the upper cold lows. Coupling and decoupling of these disturbances in the vertical 
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Figure 17. 4a --Monthly mean 200 t:J.b wind field over Asia from January to June 
~ased on Chin and Lai, 1974) 
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Figurel7 .4b - As in Fig. l7.4a except from July to December 



Figure 17.5 -Mean upper-tropospheric winds and streamlines for July to September 1965 
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are often noted. The "flare up" of the lower-tropospheric disturbances often occurs 
when these drrive just to the east of the upper centre. Southwesterly flows aloft 
usually go with ascending motions near the upper trough. This is a region where 
surface development of disturbances sometimes occurs. However, frequentl~ as the 
faster moving lower-tropospheric disturbancmpass to the west of the upper trough, 
upper-level descending motions inhibit their further growth. Many lower-tro
pospheric disturbances weaken in this region. Frank (1970) identifies two types 
of upper-cold lows of the tropics. One type has a cloud-free region near the centre 
surrounded by a region of clouds. Figures 17.6 and 17.7 illustrate an example of 
such an upper low from Frank (1970). The other type of upper-cold lows contains 
clouds in the centre of the low with surrounding clear areas. Figure 17.8 is an 
illustration of such a disturbance from a study of Frank (1970). In order to 
appreciate the lateral and vertical scale of this phenomenon, we present a space 
and a time section in Figures 17.9 and 17.10. Figure 17.9 shows a detailed verti
cal cross-section following Erickson (1969). In this drawing, the temperature 
anomaly isopleths are shown (see figure caption). The thermal amplitude of the 
cold-core low is largest at 300 mb. It is about 4°C colder than the Jordan sounding. 
In fact, the cold core extends all the way up from 850 mb to roughly 250 mb. The 
big enigma here is the lower stratosphere. An intense warm anomaly above the cold 
core is found in the observations. The intensity of this lower-stratospheric warm 
core is much larger than that of the cold core. The cold-core low has the largest 
amplitude in its motion field at 200 mb where the winds (Figure 17.10) are strongest. 
This cross-section passes through a cold-core low of category one, i.e. it is re
latively cloud-free at the centre and surrounded by cloudiness. Figure 17.11 (also 
from Erickson, 1969) shows a vertical time section illustrating the passage of this 
upper-cold low. 

17.4.1 The maintenance of the cold low 

A number of interesting questions arise that have not been adequately 
answered in the literature. How do these transient disturbances form? This question 
has not been addressed properly since there are no detailed observational studies in 
four dimensions that describe its formation. Unless such documentation is available, 
it will be difficult to properly pose the problem. The two categories of the cold 
lows raise a number of questions. The second category with clouds near the centre 
must have downward motions in the centre where it is coldest and thus eddy kinetic 
energy must be converted to eddy available potential energy by the indirect circu
lation. For the maintenance of this system, an energy source would be required. If 
we examine the following framework for this problem, we can make some spe~ulations 
regarding the maintenance of this system (see Lateef, 1964): 
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Figure 17.7- 48-hour composite of cloud reports for the July low 1964. The scalloped line 
encloses reports of middle and/or high clouds 
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Figurel7.9 --Vertical cross-section for 1200 GMT, August 9, 1966, along a 
line through Miami, Florida, and Raizet, Guadeloupe. Isolines 
are temperature deviations (oC) from mean Caribbean atmosphere 
for August (Jordan, 1958) and are based on smoothed analyses 
at constant pressure levels. Areas of deviations exceeding 
2oc are shaded. Unsmoothed data are plotted at four individual 
stations. Intermediate winds along standard isobaric levels 
are interpolated from streamline-isotach analyses. All winds, 
both surface and aloft, are plotted in the standard synoptic 
convention (one full barb = 10 kts, wind directly from left of 
page is from west, from bottom south, etc.). Heavy dashed 
lines near 75° and 70°W are axes of upper-level cyclonic curv
ature and low-level wave, respectively 
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Figure 17.10- Vertical time-section for San Jt.tan, Puerto Rico (18. 5°N, 
66°W) (See Figure 17.9 for legend) 
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24-hour sea-level pressure tendency (to 0.1 mb) for period 
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(to 0.01 inch, parenthetical values are estimated) 
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This equation is obtained by integrating the kinetic energy equation over a hori
zontal area A and) in the vertica~ between pressure levels at the surface Po and the 
top reference levelp. The various terms on the right-hand side have the usual 
interpretation, i.e.: 

I Lateral inward flux of kinetic energy into area A, 
II Vertical inward flux of kinetic energy into area A, 
III Lateral inward flux of eddy potential energy into area A, 
IV Vertical inward flux of eddy potential energy into area A, 
V Internal conversion of eddy available potential to eddy 

kinetic energy inside domain A, 
VI Frictional dissipation of kinetic energy inside domain A. 

If we extend the integrations from the Earth's surface to the top of the atmosphere, 
then the terms II and IV are small. Table 17.lyfrom a study of Frank's,illustrates 
the magnitude of these various terms for the two categories, i.e. the dry and the 
wet lows. The domain was roughly·a 1 000 km square. It contained the cloudy areas 
within it for both categories. The wet lows were decaying in timeJ as may be noted 
from the last column. The lateral pressure work term indicates that it has opposite 
signs for the dry and wet lows. For the former, kinetic energy is generated by the 
pressure work at the boundaries and thus the maintenance of this system, i.e. the 
dry low, depends on the boundary forcing. For the wet lows, the only source of 
kinetic energy is the internal conversion of eddy potential to eddy ki~etic energy, 

Dr~ Lows 

July 27, 1964 

Aug.l2, 1961 

July 22, 1961 

Wet Lows 

Sept. 14, 1965 

Sept. 15, 1965 

I 

Table 17.1 

Kinetic energy budgets for the three "dry" lows 
and the "wet" low of two days (Frank, 1970) 

Horizontal Vertical Horizontal Vertical Conversion Residual Tendency 
advection advection work work (friction) 

I II III IV V VI 

-12.6 o.o 11.5 0.1 16.4 -15-4 o.o 
-10.9 o.o 22.7 0.1 3.0 -14.8 o.o 
- 8,3 -0.1 28.2 o.o 7.2 -27.0 o.o 

- 9.5 o.o -29,0 0.1 14.9 -18.9 -42.4 

-14 7 0.0 -28.9 -0.1 13.7 -11.6 -48.4 
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All of the other terms act to destroy kinetic energy of the wet low. Thus the 
magnitudes of these numbers in Table 17.1 suggest that the dry lows require a 
boundary forcing for their maintenance, while the wet lows depend on the internal 
generation mechanism. 

Next consider the thermal balance.· The first law of thermodynamics may 
be written in the form~ 

R/c 
ae 1 (Po} P [ J - w · ve - w - + - - Hs + He + HR Clp cp p · (17.2) 

where Hs stands for the convergence of the sensible heat flux from below, 
He stands for condensation heating, and 
HR stands for radiative warming. 

For the near steady-state maintenance of the cold low_, radiative cooling in the 
tropical upper troposphere plays an important forcing role. Frank (1970) and 
Pelli:o~!!lier (1972) both drew attention to the importance of radiative cooling in 
these systems. It is quite clear tha~ for the dry lows with descending motion 
(- w ~~ >0) and inflow (-V •116>0)1 radiative cooling would be essential for the 
maintenance of a thermal balance. 

The aforementioned observational studies do not provide very convincing 
estimates of the detailed structure of these upper-cold lows. The results presented 
in Table 17.1 do not seem very definitive. Since the distribution of radiative 
cooling seems so important, it appears that detailed observations of the vertical 
distribution of moisture are required. Such observations are not available except 
perhaps from some of the ships during the GATE Experiment. The presence of middle
and high-level clouds would help to produce large long-wave radiative cooling rates 
in the upper troposphere. Detailed infr~red radiometric measurements and observa
tions of cloud distributions should be made to obtain reliable cooling rates. 

A successful numerical simulation would go a long way towards providing 
a better understanding of the phenomena. Other questions such as the coupling of 
the transient cold lows with the planetary scale mid-oceanic troughs need to be 
explored. The entire question of the high lower-stratospheric temperatures 
(Figure 17.10) remains unexplored at this stage. It is conceivable that this is 
due to net radiative warming (rather than descent). Furthermore, descending motion 
in the lower stratosphere may be a part of a thermally indirect lower-stratospheric 
east/west circulation. The latter remains to be mapped as well. The currently 
available lower-stratospheric data suggest strongly that in the lower stratosphere 
there exists a strong thermally indirect east to west circulation; cold air ascends 
over the Asian monsoon belt and warm air descends in the regions of these mid
oceanic troughs. 
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A review of tropical upper-tropospheric energetics duri~ the northern 
summer 

Because of the large number of wind reports from commercial aircraft 
and "cloud winds" from high cloud motions> it has been possible to analyze the upper
tropospheric motion field between 300 and 200 millibars in considerable detail on a 
daily basis. Analysis groups at a number of institutions such ~s Florida State 
University, University of Hawaii, the National Meteorological Center in the United 
States have exploited this data source very extensively. One of the most complete 
studies on tropical upper-tropospheric energetics was recently carried out by 
Depradine (1978). His work complements the earlier contribution of Kanamitsu et al., 
( 1972) and Murakami ( 1977) • --

The region considered here extends between 25°S and 45°N around the 
globe. For this region, Depradine made estimates of energy variables and their 
transformations. The basic energy equations are usually written in the form: 

<K · P) ~ <P · P ') + G + Bp-

P :> + G' + Bp' 

<K · K ') - D + BK 

~~I = - (!Z I • p ·> + <K . K ·> - D I + BK I 

(17.3) 

(17.4) 

(17.5) 

(17 .6) 

where the symb£1 B de~otes the boundary fluxes, and (A·B)denotes an energy transfer 
from A to B. P, P', K and K',are, respectively, the zonal available potential energy, 
eddy available potential energy, zonal kinetic energy and eddy kinetic energy over a 
domain bounded between two latitude circles around the globe and in the vertical bounded 
between lOO mb and 300 mb. The definition of available potential energy over a 
limited domain is not a valid one; the rationale one adopts is that these energy 
transformations and generation terms represent contributions by the selected domain 
to the global energetics. A somewhat more detailed explanation of the energy 
equations is given in the Appendix. Here we will point out some important avenues of 
current tropical research into these problems. 

It is possible to cast the above energy equations in a wave number domain. 
This enables one to ask what the principle energy exchanges and generation (or 
dissipation) terms are for different scales of motion. This kind of analysis from 
observations was first presented by Saltzman (1957) for atmospheric data fields. 
Saltzman's (1970) review of this work essentially outlines the energetics north of 
30°N. Here one obtains equations of the type: 
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ClPo 
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(17.7) 

aPn .~ \ 
at = -Yn • Kn/ - <wAVE • zoNAII +(wAVE • WAVE) + G + B (17.8) 

n o P m,n,p P n pn 

aKo 

at (Ko • Po) +(WAVE ZON~ - Do + BKo 
o K 

(17. 9) 
n 

ClK 
----.!!. = + (p . at n Kn' - (wAVE • ZONALf + (WAVE • WAVE) - D +BK (17.10) 

l/ n • o K m,n,p K n n 

We shall not go into a detailed derivation of the above in these tropical notes• 
Reference may be made to papers by Saltzman (1970) and Depradine (1978) for further 
details. 

The following are important definitions: 

K refers to 
n 

pn refers to 

Ko refers to 

Po refers to 

< > 

~AYE • ZONA'> 
n o P 

~AYE 
11 

~AYE 

ZONA~ 
o K 

WAVE_,'> 
m,n,p 

the kinetic energy of a zonal wave number n; 

the available potential energy of zonal wave number n; 

the zonal kinetic energy; and 

the zonally available potential energy. 

represents a mass integral over theentire mass of the atmosphere 
being considered here. 

denotes an energy exchange from A to B. 

denotes the generation of zonal kinetic energy from Hadley type 
overturning. 

denotes the generation of eddy kinetic energy due to the a.scent of 
warm air and descent of relative colder air on the scale n. 

is the eddy available potential energy exchange from the wave, n, 
to the zonal flows. 

denotes the kinetic energy exchange from wave, n, to the zonal flows. 

denotes the gain of eddy available potential energy by a scale n, 
due to its interaction with scales m and p where p = m ± n. 
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fAVE • WAV* 
m,n,p 

denotes the gain of eddy kinetic energy by a scale n, due to 
its interactions with scales r,1 and p, vJhere p = m ± n. 

Go Gn 

~p BP. o n 

denote generation.terms for the zonal and the eddy (of scale n) 
available potential energy, respectively. 

denotes dissipation terms for the zonal and the eddy (of scale 
n) kinetic energy, respectively. 

Boundary fluxes in the zonal, and eddy ava:i,labl-e potential energy 
equations, respectively: 

denotes boundary fluxes in the zonal and eddy kinetic energy 
equations, respectively. 

Depradine used global observations of the wind for the period of the 
GATE Experiment. He analyzed the daily motion field at 300, 250 and 200mb 
for a 100-day period. From these winds he determined the geopotential field 
at these three levels using a dynamical initialization technique (this is 
discussed in Chapter 21). From the geopotential fields at 300, 250 and 200 
mb, he deduced the temperature field at 225 and 275mb using the hydrostatic 
relation. Using the above data set, Depradine estimated the various terms 
of the above stated spectral energy equations, We shall next present a brief 
review of his important results, 

A grouping of scales can be made as follows: 

(i) Zonally averaged state wave number 0, 

(ii) Long waves : Zonal wave numbers 1 and 2. 

(iii) Short waves: Zonal wave numbers 3 through 15. 

The reasonfor defining 1 and 2 as long waves is because a large proportion 
of the variance of the motion field (i, e., the tropical stream function) is 
accounted for by the quasi-stationary part of the flows which are closely re
lated to the land/ ocean configuration, i.e. , troughs .over the mid-Atlantic 
and Pacific Oceans and ridges over Asi~ Africa and over the southwestern 
United States. Furthermore, observational studies show that much of the 
variance in zonal wave numbe~ 3 through 15 is accounted for by transients. 

The results of the energetics are presented for the layer between 
200 mb and 300 mb and between the Equator and 300N around the globe zonally. 
Fig. 17.12 is a schematic outline of the observational energetics. · 

Kinetic energy: Calculations based on observations show that 
kinetic energy transfer occurs from long waves to.the zonal flows. This is 
related to the observations that long waves have a very pronounced tilt from 
southwest to northeast and they transfer westerly momentum away from the 
latitude of the mean zonal easterly jet, thus strengthening the easterlies 
barotropically. One could state that, with respect 6) the long wa-ves the 
tropical zonal flows are barotropically stable during the northern sunnner 
season. 

Results of the analysis of observations also show that an exchange 
of kinetic energy occurs from the zonal flows to the short waves (with a 
pronounced peak around zonal wave numberS). Thus, it seems.that zonal flows 
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are unstable (barotropically) to smaller scales. Calculations of kinetic 
energy exchanges among waves show that the long waves are a source of kinetic 
energy for all other waves. The wave-wave energy exchanges occur in associa
tion with three-wave interactions (wave numbers m, n and p). The selection 
rules require that p = m + n or p = m - n; and the mutual interaction of m, 
n, and p would either increase or decrease the kinetic energy of m. The 
largest such interaction occurs at low wave numbers. The potential energy 
exchanges over the tropics have been estimated by Kanamitsu (1975) and Depra
dine (1978). The most important results are that the short waves (i.e., 
zonal wave numbers 3 through 15) supply available potential energy to longer 
waves (via wave-wave interactions) and the zonal flow (via wave-zonal inter
actions). This is also indicated in Figure 17.12. Furthermore a weak trans
fer of available potential energy also occurs from the zonal to the long waves 
(via wave-zonal interactions). No simple synoptic interpretation exists for 
the wave-wave exchanges of kinetic or eddy available potential energy between 
different scales. It is desirable to determine map features in the motion and 
thermal fields that relate to such energy transfers. 

In summary we can state that shorter waves are a source of available 
potential energy for the long waves and the zonal flow, while the longer 
waves are a source of kinetic energy for shorter waves as well as to the 
zonal flows. Kanamitsu (1975) also estimated the generation terms (i.e., 
generation of available potential energy by different heating terms) and 
noted that cumulus convective heating contributes quite significantly to the 
generation of zonal, long-and shorter-scale eddy available potential energy. 
Such a generation occurs if the covariance of the heating and temperature 
(HoTo or li'T') is positive for the scale in question. The energetics of the 
tropical easterly jet is also indicated by Figure 17.12. According to this 
diagram, the tropical easterly jet (i.e., the Kz box) receives energy from 
the Hadley-type overturning as well as from the wave-zonal transfers from 
the long waves. The latter is found to be the more important of the two. 

17.5.1 

The circulation patterns as well as the associated energeti.cs vary 
somewhat from year to year. The major differences appear when one compares 
normal rainfall years with drought years. It has been shown by Kanamitsu 
and Krishnamurti (1978) that during a drought year, e.g. the year 1972 when 
tropical rainfall was quite deficient over India and West Africa, the long 
waves did not develop in the same way as they did during normal rainfall 
years (for example, 1967). In the drought yea~ the zonal flows were the 
source of kinetic energy for all other waves and the Hadley cell was ener
getically more active. Energetics fluctuations on time scales of several 
decades pose an important problem. 

17.6 On the quasi-stationarity of the upper-tropospheric climatology 

A perplexing question that has drawn considerable interest in recent 
years relates to the maintenance of the quasi-stationarity of the large 
amplitude upper-tropospheric map features such as the Tibetan high, mid
oceanic troughs, the Mexican high and the tropical easterly jet. As stated 
earlier, the stationary part of these circulations carries a large propor
tion of the variance of the total motion field. These large amplitude dis
turbances show up on most daily maps, but they do not move westwards as they 
should lithe beta term in the vorticity equation were a dominant effect. 
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One of the observational findings at 200 mb during the northern sum
mer is that the divergence and the vorticity fields are nearly out of phase 
(Krishnamurti, 197la; Holton and Colton, 1972). Since the maximum values of 
the horizontal advection of vorticity would be located some distance away 
from the minimum value of relative vorticity, the advection term is not able 
to balance the production of vorticity by the divergence term. The latter 
occurs over regions of maximum and minimum vorticity (and not vorticity 
advection). Holton and Colton proposed a viscous drag coefficient with a 
value of l.Sxlo-5 s-1 and introduced a viscous dissipation term in their 
vorticity equation. Such a mechanism is able to dissipate the vorticity that 
was advected, to the west of the disturbances, in a matter of some 19 hours. 
Quasi-stationarity was actually achieved in a time integration of the vortic
ity equation with the above specifications. Although such a large dissipa~ 
tion may be rationalized as a parameterization of the vertical transport of 
vorticity by the deep cumulus convection, this required finding "negative 
hot towers" in the regions of the upper troughs over oceans. The "negative 
hot towers" would have to transport cyclonic vorticity down via sub-grid 
scale eddy motions. This does not seem reasonable observationally. 

This problem is very succinctly presented by Fein (1977). The prob
lem was also addressed by Abbott (1977). 

In another recent stud~ Kanamitsu (1977) described an alternate 
mechanism for the maintenance of quasi-stationarity. His analysis utilizes 
a Fourier transformed vorticity equation in wave number domain using zonal 
harmonics. The basic equation used in Kanamitsu's study is of the form: 

(Adv (m,n-m)) + (div (m,n-m)) - f div (n) -<~v(n)) 

+ <TWISTING (m,n-m~ + F (n) (17.11) 

where the terms denote: 

Left-hand side: local change of vorticity for zonal wave number n. 

Right-hand side: 

(i) 

(ii) 

(iii) 

(iv) 

(v) 

(vi) 

First term - horizontal as well as vertical advection of relative 
vorticity; 

Second term - contribution by the product of divergence and 
relative vorticity; this invokes wave-wave as well as wave-zonal 
interactions, e.g., the divergence of wave number n interacts 
with the vorticity of waves with wave numbers n and n-m to give a 
rate of increase of vorticity of wave number n; 

Third term is the contribution from the product of the Earth's 
vortiaity and divergence; 

The fourth term is the contribution from the beta term of the 
vorticity equation; 

The fifth term is the contribution by the twisting term and it 
also includes wave-zonal and wave-wave interactions; 

The sixth term denotes a frictional term. Here the symbol 
denotes a summation over all wave. numbers m (-a to +a) . 

For a derivation of the above equation reference may be made to 
Kanamitsu (1977). Kanamitsu first accomplished the desired quasi-stationarity 
by showing a reasonable numerical weather prediction over a global tropical belt 
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between 25° N and 45° N and from 100 mb to l 000 mb. The model included the 
salient physical features that are used in the most sophisticated primitive equation 
prediction models. 

He diagnosed the quasi-stationarity from the above-stated spectral 
vorticity equation by examining the balance of vorticity for the long waves 
(n = 1,2) which were noted to be nearly stationary. 

Kanamitsu's major conclusionson the quasi-stationarity of the long 
waves were that: (i) the long waves "by themselves" do not have a vorticity 
balance; their quasi-stationarity requires that other scales be involved. 
By themselves they retrograde westward due to the phase-shifts between the 
production by divergence and the beta term; (ii) the non-linear advective 
term supplies cyclonic vorticity primarily via wave-wave interactions to the 
west of upper anticyclones and anticyclonic relative vorticity to the east. 
He notes that the smaller waves ~hrough their contributions to wave-wave 
interactions) play an important role in supplying the needed vorticity to 
the longer waves and thus contribute to the quasi-stationarity of the long 
waves, and (iii) he attributes the major differences between his results and 
those of Holton and Colton (1972) and Abbott (1977) to the non-linear advec
tion by the divergent part of the motion field. 



Chapter 18 

THE TROPICAL LOWER STRATOSPHERE 

In this text we shall examine the structure of the atmosphere only below 
30 kilometres. 

18.1 The quasi~biennial oscillation (QBO) . 

The most spectacular phenomenon is the well-known quasi-biennial 
oscillation. An excellent review of this topic appears in a recent study by 
Hopewood (1972). 

A major reversal of wind direction, westerly for roughly one year and 
easterly for another year was noted by Graystone (1959), Reed et al., (1961) and many 
others. The period of this oscillation varies between 22 and 29 months. According 
to Reed and his eo-workers, the amplitude and phase of the phenomenon vary little 
with longitude. The phenomenon disappears at the tropopause. Its largest amplitude 
is near the 25 km level. Above that level the easterlies are more frequent than the 
westerlies. Howeve~ the phase varies with height; the westerlies or easterlies first 
appear at about 30 km and propagate downward at a rate of about 1 km/month. The 
largest amplitude occurs at the Equator. The amplitude decreases as we go poleward, 
and it is very small at 30°N and S latitudes. Figure 18.1 from Wallace (1973) shows 
a time-section of the wind reversal as a function of height. This illustrates some 
of the findings mentioned above, 

The amplitude, period and the rate of downward propagation seem to vary 
somewhat from one cycle to the next. The temperature field also exhibits some 
oscillation in this same time frame of nearly 2 years. Reed (1964) noted that 
temperature oscillations have an amplitude of around 2°C near 25 km but this de
creases as one goes down to the lOO mb level (~16 km). The amplitude is largest 
near the Equator, but decreases poleward, being almost negligible at 17°N. The 
amplitude, however, increases once again towards the subtropics. The highest 
temperature of the cycle in the 0° - 17°N belt is found to precede the maximum of 
the west wind at 20°N by some 5 months at the 20 mb level. The subtropical cycle 
appears to be out of phase with respect to the near-equatorial cycle. 

One of the convenient ways to handle data in reference to this 
phenomenon is to use 1~-monthly running means of the data sets. This also has some 
limitations. Although it achieves the desired result of suppressing the annual 
cycle, other cycles are also attenuated. To avoid this problem, one has to resort 
to harmonic analysis. 
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Figure 18.1- Time-height section of zonal wind at the Canal Zone station 
through June 1970 and at Kwajalein from July 1970 to June 
1971 with the 15-year average (1956-1970) of the monthly 
means subtracted to remove annual and semi-annual cycles. 
Both stations are located near 9°N 
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Figure 18.2 - Schematic illustration (adapted from Hatsuno, 1966) of 
pressure and streamline patterns for (a) the Kelvin wave 
and (b) the mixed Rossby-gravity wave 
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The discovery of the oscillation of the zonal wind component in the 
tropical stratosphere led investigators to attempt to develop a theory which could 
explain the cause, dynamics and structure of the oscillation. A satisfactory 
theoretical model of the QBO should successfully explain the three most striking 
features of the oscillation: (1) the upproximate biennial periodicity, (2) the 
downward propagation without loss of amplitude, and (3) the occurrence of zonally 
symmetric westerlies at the Equator. 

A number of theories have been proposed to explain the main features of 
the QBO. Most of these have failed in some way to fully explain the phenomenon. 
We shall review some of these theories and discuss the theory which is now con
sidered most reliable in explaining the major features of the QBO. No attempt will 
be made to give mathematical details of any of the theories. 

Early attempts at a theoretical explanation of the QBO vere generally 
based on thermal forcing by some variation in solar output. Shapiro and Ward (1962) 
associated the oscillation with variations of solar ultraviolet radiation caused by 
a small hitherto neglected sunspot maximum with a period of 25 monthsi Staley (1963) 
suggested that the zonal wind oscillation in the equatorial stratosphere was a forced 
geostrophic wave resulting from downward propagating heat supplied 1 presumably) by a 
solar source of ultraviolet radiation with a period of about 26 months. The heat was 
assu~ed to propagate downward by eddy diffusion, although radiative transfer was 
thought to be of significance. Reed (1964) rejected Staley's suggestion of a 26-
month fluctuation of solar radiation and postulated as a possible agent the annual 
heating cycle. The QBO was regarded as a subharmonic response to this cycle. Both 
Reed and Staley presented theoretical models to support their suggestions. However, 
neither of the models was able to account for the downward propagation of the os
cillation without loss of amplitude, 

In the theories based on thermal forcing, the zo.nal wind field is coupled 
to the heating field through a system of zonally symmetric circulation cells driven 
by differential heating. These motions produce a local change in the zonal wind by 
advecting absolute angular momentum in the meridional plane. In a rotating frame of 
reference the local changes in angular momentum arise mainly as a result of Coriolis 
torques produced by the mean meridional circulation. However, this mechanism is not 
very effective near the Equator, where the Coriolis parameter is small. In addition, 
the mean meridional circulation is incapable of producing any sizeable westerly 
momentum near the Equator. As a result, there must be some other mechanism capable 
of providing a source of westerly momentum near the ~uator. 

The inability of the thermal forcing theories to fully describe the main 
features of the QBO led Tucker (1964) to look for a possible momentum source for the 
oscillation. Tucker examined the transient eddy statistics for evidence of long
term fluctuations in the meridional flux divergence of zonal momentum in the tropical 
stratosphere. At the 25 km level he found evidence of fluctuations that seemed to be 
related to the QBO. Wallace and Newell (1966) also indicated a biennial periodicity 
in horizontal eddy momentum fluxes in the middle latitudes above 30 mb. However, the 
evidence for these fluxes in the tropical latitudes was not very convincing, and the 
amplitude of such variations was too small to account for the QBO. 
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The above type of forcing does not explain how an oscillation in 
momentum fluxes could generate the downward propagation of the oscillation. Tucker 
(1964) suggested that the observed downward propagation was mainly a result of ad
vection produced by a mean sinking motion throughout the tropical stratosphere, 
Such a wide region of subsidence would, by continuit~ require a strong ~quatorward 
meridional flow, and consequently unrealistically large mean easterlies a few degrees 
from the Equator. Hence, it might be possible that the downward propagation was due 
to a combination of thermal and dynamical forcing. 

To test this hypothesis, Wallace and Holton (1968) developed a diagnos
tic numerical model of the QBO based on the equations of motion, the continuity 
equation, and the thermodynamic energy equation for a geostrophically balanced vortex. 
The model tested various time-dependent distributions of thermal and dynamical forcing 
in order to obtain some understanding of which physical mechanism might be responsible 
for the observed wind and temperature oscillations. Numerical results of the model 
indicated that it is possible to obtain a solution which resembles in some respects 
the QBO. However, it was impossible to produce the observed amplitude of the os
cillation without assuming a larger variation in solar output than is observed. 
Neither thermal nor dynamical forcing could produce the observed downward propagation 
without loss of amplitude. Wallace and Holton concluded that the only way to account 
for the downward propagation is to resort to a momentum flux oscillation which pro
pagates downward. 

Observations and theory now provide evidence that long-period vertically 
propagating planetary wave disturbances are the momentum source, and can explain the 
quasi-biennial periodicity as well as providing a source of westerly momentum genera
tion at the Equator. The interaction of these waves with the zonal wind provides the 
basis of the thepry for the QBO as proposed by Lindzen and Holton (1968) and revised 
by Holton and Lindzen (1972). 

Before discussing this theory, a brief description of the waves and other 
observed zonal wind oscillations in the equatorial stratosphere will be given. 

Reed (1965 , 1966) and others have noted, in addition to the QBO, an 
annual and semi-annual oscillation in the tropical stratosphere. The annual cycle is 
pronounced between 36 and 40 km, while the semi-annual cycle is prominent above 40 km 
and is strongest at equatorial latitudes. 

Two types of wave disturbances are found in the equatorial stratosphere. 
These are the Kelvin waves and the mixed Rossby-gravity waves. The Kelvin wave is an 
eastward travelling wave which has a distribution of pressure and zonal velocity which 
is symmetric about the Equator, and has essentially no meridional velocity component. 
The mixed Rossby-gravity wave, on the other hand, has distributions of pressure and 
zonal velocity which are antisymmetric about the Equator, and has a distribution of 
meridional velocity which is symmetric. Both of these waves transport zonal momentum 
upward; the Kelvin wave transports westerly momentum and the mixed Rossby-gravity wave 
transports easterly momentum. As these waves propagate upward, they are attenuated 
primarily by infra~ed cooling and their momentum is absorbed by the mean zonal flow. 
The greatest absorption tends to occur near the transition between easterlies and 
westerlies. When this occurs, the mean momentum which is deposited in the mean zonal 
flow produces an acceleration which is westerly for the Kelvin wave and easterly for 
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the mixed Rossby-gravity wave. This acceleration then alters the original mean zonal 
wind distribution in such a manner as to cause a downward propagation of the shear 
zone. This in turn causes the wave to be absorbed at lower levels, so that the shear 
zone is lowered further. The process continues until the shear zone approaches the 
tropopause level. 

Lindzen and Holton (1968) assumed that a spectrum of gravity waves, 
generated in the neighbourhood of the tropopause and propagating upward, are the mo
mentum source of the QBO. The vertical flux of momentum due to the waves is deposited 
in the mean flow at critical levels where the waves are absorbed by the mean flow. 
An interaction is assumed to take place with the semi-annual zone wind oscillation 
above 40 km. The region above the critical level at which the interaction takes 
place is shielded from the action of the waves by a "velocity ledge" or zone of 
strong wind shear which is produced by the interaction. As a result, the inter
action will then take place at a lower level and the shear zone will propagate down
ward. When the zone descends below the tropopause, there is no longer any shielding 
effect, and the waves are ~gain able to propagate upward to interact with the semi
annual oscillation, which by this time has changed phase. The process is repeated, 
this time with a shear zone opposite in sign to the previous one propagating down
ward. 

Lindzen and Holton (1968) noted the need for improvement and extension 
of some details of the theory, including a better understanding of gravity waves and 
their interaction with the mean flow without assuming separation of scales. 

Observational and theoretical developments have provided a better under
standing of planetary-scale wave disturbances in the tropical stratosphere. Evidence 
now indicates that the waves consist primarily of a single westerly Kelvin wave during 
the descending westerlies phase of the QBO and in a single easterly mixed Rossby
gravity wave durlng the descending easterly phase. This information led to a re
vision of the theory of Lindzen and Holton (1968) by Holton and Lindzen (1972). In 
this theory, the assumption of a critical-level absorption mechanism is replaced by 
a more realistic mechanism wherein damping of the short period Kelvin and mixed 
Rossby-gravity waves by infra.,red cooling produces the necessary momentum flux ne
cessary to accelerate the mean flow. As a result, there is no longer the need for 
the full spectrum of gravity waves and the semi-annual oscillation, while important, 
is no longer essential to the overall theory. 

In order to understand the theory, assume that a Kelvin wave is allowed 
to propagate upward from the tropopause through a mean wind profile which is easterly 
at all levels. The wave will be attenuated slightly until it reaches near 30 km where 
attenuation will become rapid, leading to a pronounced acceleration of the mean flow. 
Once this shear zone is established, it will propagate downward as a result of ab
sorption taking place within it. 

When the westerly regime reaches the tropopause, the mixed Rossby-gravity 
wave, which was previously absorbed by the lower stratospheric easterlies, becomes 
free to propagate upward until an upper level easterly shear zone is encountered. 
This will then cause an easterly r~gime to propagate downward to the tropopause, where 
the cycle begins anew. 
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The upper-level shear zones may be produced either as a result of con
tinued absorption of the wave at upper levels, or be provided by the semi-annual 
oscillation above 40 km. 

A numerical model, which included the above mechanisms based on the 
theories of Lindzen and Holton (1968) and Holton and Lindzen (19721 was able to 
simulate the main features of the QBO. The model was a simplification of that used 
by Wallace and Holton (1968) with height-dependent dynamical forcing. 

There is strong observational and theoretical support for all the 
crucial requirements of Lindzen and Holton's mechanism; however, there are still 
more uncertainties to be cleared up. Despite these remaining uncertainties, the 
theory has been able to explain the major features of the quasi-biennial oscillation 
and produce some understanding of its origin. 

18.2 Spectral analysis in the tropical lower stratosphere 

The Kelvin wave and the mixed Rossby-gravity wave have been studied 
extensively from tropical time-series of long data records. Wallace (1973) has pre
sented an excellent summary of these waves. We have referred to these two waves in 
the previous section. Table 18.1 from Wallace (1973) describes the essential 
characteristics of these two types of waves. 

Table 18.1 Description of vertically propagating wave modes 
in the tropical stratosphere 

Yanai and Maruyama Wallace and Kousky 

Theoretical description 
Frequency w (ground based) 
Horizontal wave length L 
Zonal wave number k 
Vertical wavelength D 
Structure 
Average phase speed relative to ground 
Average phase speed relative to zonal wind 
Doppler-shifted frequency w' 

Amplitudes 
Zonal wind u* 
Meridional wind v* 
Temperature T* 
Geopotential height z* 
Vertical velocity w* 

mixed Rossby-gravi ty wave 
2 1r /4-5 days 

10 000 km 
4 

4-8 km 
Fig. 18.2b, 18.3a Fig. 

-23 m s-1 
-30 m s-1 ·§ 

2 1r /3 days§ 

2-3 m s-1 
2-3 m s-1 

l°C 
30 metres 

0.15 cm s-1 

§ Near level of maximum westerly winds, where U~ 7 m s-1 

§§ Near level of maximum easterly winds, where U~ -25 m s-1 

Kelvin wave 
2 1r /15 days 

30 000 km 
1-2 

6-10 km 
18 • 2a, 18. 3b . 
+25 m s-1 
+50 m s-1 §§ 

2 1r /8 days§§ 

8 m s-1 
0 

2°-3°C 
4 metres 

0.15 cm s-:1 
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TROPICAL LOWER STRATOSPHERE 

--w LONGITUDE E--

Figure 18.3a- Idealized longitude-height section through a mixed Rossby- · 
gravity wave at a latitude north of the Equator showing 
maximum and minimum pressure, temperature, vertical motion 
(indicated by vertical component of small arrows), zonal 
wind (indicated by horizontal component of small arrows), 
and meridional wind (indicated by arrows pointing into the 
page for northward flow and out of the page for southward 
flow) . Heavy arrows indicate the direction of phase pro
pagation (Figure supplied by J. R. Holton) 
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Figure 18.3b- Idealized cross-section along a latitude circle showing 
phases of the zonal wind, temperature, and pressure and 
vertical motion oscillations associated with Kelvin waves 
(adapted from Wallace and Kousky, 1968), Conventions are 
the same·as those in Figure 18.3a 
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The horizontal structure of these waves is of considerable interest. The 
pressure and streamline charts of the Kelvin and Rossby waves are shown in 
Figure 18.2. These are based on the theoretical analysis of Matsuno (1966). 
The Kelvin wave shown on the left panel propagates eastward and has an even 
symmetry about the Equator for the zonal wind and the pressure. The mixed 
Rossby wave shown on the right panel propagates westward, the meridional wind 
exhibits an even symmetry while the zonal wind and pressure show odd symmetry 
about the Equator. Here we define even and odd symmetry by the usual rules: 

even 0 at the Equator odd = ± at the Equator 

Figure 18.2 is a schematic representation. In practice, real data and 
weather maps are more complicated. Many scales are usually present, although 
winds sometimes show such geometrical patterns. The pressure data are almost 
impossible to analyse because of the extremely weak gradients. These are 
both transient waves that, as indicated in Table 18.1, move either westward 
or eastward. The tropics are characterized by a dominant quasi-stationary 
climatology. Understanding of the large amplitude quasi-stationary strata
spheric equatorial waves remains an unsolved problem to date. The strata
spheric Kelvin and Rossby-gravity waves are forced from below and they re
quire a tropospheric source of excitation. Figures 18.3a and~ show idealize~ 
longitude-height cross-sections ona vertical plane of the structures of the 
Kelvin and the rnixed Rossby-gravity waves, respectively, based on Wallace, 
Kousky and Holton. The arrows in these diagrams are interpreted to have a 
zonal and a vertical component. The diagrams indicate the vertical tilt of 
the disturbance, and the wind, temperature and pressure relationships. For 
the case of the mixed Rossby-gravity wave, the maximum temperature coincides 
with the maximum poleward wind component. 

As stated earlier, the tropical stratospheric weather maps show a 
great degree of complexity. This is evident if one examines stratospheric 
time-height cross-section of wind data. The reason for this is that these 
motions are not only excited from below but there exists also a variety of 
local instabilities and energy exchanges among scales (stationary and transi
ent). Except for the interests of the stratospheric supersonic jet aircraft, 
and the monitoring of stratospheric aerosols, there is not much interest in 
day-to-day forecasting of the stratospheric variables. The influence of the 
stratosphere on the tropical troposphere is considered very small. 

18.3 The large quasi-stationary gyres 

A large proportion of the total variance of the zonal velocity and 
temperature fields is accounted for by the long quasi-stationary components 
of the zonal harmonics. This has been noted at 150 and 100mb in the 
tropics. The maintenance of these large amplitude quasi-stationary gyres 
is an unsolved problem. 



Chapter 19 

MISCELLANEOUS PHENOMENA AND PROBLEMS IN THE TROPICS 

In this section we shall present a very bdef overview of a few in
teresting problem areas that are not covered in the main text. These appear to be 
very interesting although not much is known about them at present. 

19.1 Diurnal changes in near-equatorial continental regions away from 
the coast 

Observations in many places (e.g. Zaire and Brazil) exhibit a dominant 
diurnal mode which is not simply explained as a sea-breeze phenomenon since the 
regions in question are quite far away from the coast. There are no well-defined 
westward (or eastward) passing wave disturbances over Zaire that account for the 
major rainfall during March and April around 0° to 5°S. The observed rainfall seems 
to have a large diurnal component associated with convergence of mass which also ex
hibits a pronounced diurnal change. The region is far away from the coastal region 
and hence the phenomenon is not easily explained. Figur~l9.la and b illustrate 
the diurnal change in the surface divergence field during February and March, the 
rainfall months. A dense network of surface stations provides wind observations on 
a three-hourly basis. The divergence here is based on these 3-hourly maps of the 
wind field over a domain between 14°S and 4°N and 12°E to 32°E. The graphs are of 

0 0 average values centred at 3 S and 21 E. 

19.2 Diurnal changes over the open oceans 

Observations over tropical oceans far away from continental influences 
usually indicate interesting diurnal fluctuations in rainfall, surface pressure, wind 
and even sea-surface temperatures. We have addressed the general problem of diurnal 
change in Chapter 7. This is, without doubt, an important problem of tropical meteo
rology. In 1969 a field experiment called BOMEX (see Chapter 20) was carried out to 
study tropical budgets during both disturbed and undisturbed periods, Nitta and 
Esbensen (1974) examined the diurnal variation over the western Atlantic trades 
utilizing the BOMEX data sets. Figures 19.2a, b, c, d and e illustrate the diurnal 
changes (obtained b~ averaging 7 days of hourly data) of the following parameters 
over open ocean (15 N, 56°W): 

( i) 
(ii) 
( iii) 
(iv) 
(v) 

Horizontal divergence; 
Relati~e vorticity; 
Eastward wind; 
Northward wind; 
Vertical velocity. 
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Here Nitta and Esbensen use p* as the ordinate where p* = Ps - p where Ps and p 
respectively are the surface pressure and pressure at some upper level. 

Table 19.1 summarizes the diurnal changes illustrated in the five 
diagrams, 

Table 19.1 

Diurnal change ~n the trade-wind belt over the oceans 

Divergence below 
800 mbs 

Relative vorticity 

Zonal wind near 
the ground 

Meridional wind 
below 900 mbs 

Meridional wind 
at 700 mbs 

Vertical velocity 

AMPLITUDE LOCAL TIME OF 
MAXIMUM 

-6 -1 2 x 10 s 8 a.m. 

2 x 10-6 s-1 4 a. m. 
(cyclonic) 

0.5 m s-1 4 a.m. 
(max easterly) 

0.5 m s-1 Maximum southerly 
at 10 a.m. 

1.5 m s-1 Maximum northerly 
at 6 a.m. 

1 mb h-1 Maximum downward 
motion at 8 a,m. 

LOCAL TIME OF MINIMUM 

8 p.m. 
(Maximum convergence) 

4 p.m. 
(anticyclonic) 

4 p.m. 
(max westerly) 

Maximum northerly at 10 p.m. 

Maximum southerly at 6 p.m. 

,Maximum upward motion 
around 8 p.m. 

These calculations with the BOMEX data over the open oceans have not been adequately 
explained. It has been shown by Hudlow (1970) that radar echoes exhibit a maximum 
activity in the early morning some 6 hours after the occurrence of maximum upward 
motion. Over oceans the minimum echo activity occurs around noon some 4 hours after 
the occurrence of largest downward velocity. It is believed that these diurnal 
variations are related to a complex structure of the mixed layer. 

19.3 Diurnal change of the monsoon trough 

Figure 19.3 from Kreitzberg et al., (1969) illustrates the diurnal change 
in surface pressure over Indochina based on observations made at 0500 and 1700 LST. 
This is a region of the monsoon trough. The mean pressure for June over this region 
changes from a low value in the daytime to a high value during the night. The 24-
hourly average pressure shows pressure in this region to be low. This is a phenomenon 
of diurnal change over an area on a scale of 1500 km2• Surface winds are noted to 
respond to this diurnal change. Kreitzberg et al., (1969) also examined the diurnal 
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Figure 19.3 -Diurnal variation of equivalent vertical motions determined 
from moisture changes (solid) and temperature changes 
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changes in the vertical velocity over this region and their graphsJbased on thermal 
and humidity changes,are illustrated in Figure 19.4. This is an important diurnal 
change phenomenon on the continental scale whose implications and interaction with 
the passing disturbances are worthy of detailed examination. 

19.4 Wave CISK 

This is a new concept in tropical meteorology developed for studies of 
interaction of cumulus convection and wave disturbances by Yamasaki (1969), Hayashi 
(1970), Lindzen (1974), Chang (1978), Stevens et al., (1977) and Stevens and Lindzen 
(1978). Moisture convergence associated with the wave fields provides the water 
vapour which condenses in cumulus clouds; the heating of the atmosphere occurs in 
the space and time scales of the wave itself. It departs from the idea of CISK 
presented in Chapter 6 where frictional convergence in the boundary layer rather 
than an explicit wave scale was emphasized. 

19.5 Sea-~urface temperature anomalies over the tropics and tropical 
weather 

A number of interesting studies, primarily using numerical general 
circulation models, have examined the influence of warm (or cold) sea-temperature 
anomalies on tropical weather; Shukla (1975) and Washington et al. 1 (1977). 

The basic strategy in these studies is to compare the results of two 
long-term integration experiments:(i) where climatological values of sea-surface 
temperatures are used (called a standard run) 1 and (ii) an anomaly run where a 
previously observed sea-surface temperature anomaly is used over a portion of a 
tropical ocean. An example of a well-known sea-surface temperature anomaly is that 
which occurred during 1972 when the central and eastern Pacific sea-surface tem
peratures (in the near-equatorial latitudes) were noted to be some 2° to 3°C warmer 
than the climatological values. This was a year of rather unusual circulations over 
the tropics, recently discussed by Kanamitsu and Krishnamurti (1978). Washington 
et al., (1977) introduced (in three separate studies) sea-surface temperature 
~lies over the western Arabian Sea, eastern Arabian Sea and over the central 
Indian Ocean. They examined the 30-day evolution of the monsoonal rainfall in a 
general circulation model which was designed to simulate the weather conditions (and 
their anomalies) during July. They found that no significant changes in monsoon 
rainfall occurred over India in these simulations. In this sense, their results are 
not in agreement with an experiment (on imposed cold sea-surface temperature anomaly 
over the western Indian Ocean) carried out by Shukla,who noted a significant re
duction in rainfall totals over India. This suggests that further studies along these 
lines are necessary to examine the reasons for the differences among different models. 
Wdshington et al., (1977), howeve~ note that when a warm anomaly ( + 3°C) is intro
duced in th~tral Indian Ocean, it leads to an increased rainfall and an enhanced 
upward vertical velocity over the region of the anomaly. However, this effect is 
known to decay rapidly with distance away from the imposed anomaly with a reversal 
in the sign of the vertical velocity. In this case they noted a reduction of rain
fall over Malaysia and the western Pacific Ocean. This is an interesting and 
important tropical problem and deserves further careful studies. 



Chapter 20 

FIELD EXPERIHENTS OVER THE TROPICS AND FUTURE TROPICAL OBSERVING SYSTEMS 

20.1 Introduction 

A number of very important field experiments have been conducted in 
recent years to study the behaviourof the tropical atmosphere. Among these 
are the following: 

(i) Line Island Experiment (south of Hawaii near the Equator) for 
study of ITCZ, 1970; 

(ii) BOMEX. Polygonal array of ships east of Barbados to study the 
undisturbed and disturbed trades, 1969; 

(iii) ATEX. To study wintertime trades in the North Atlantic Ocean, 
1970 i 

(iv) M1TEX. To study air-mass transformations over the western 
Pacific Ocean south of Japan, 1972-1973; 

(v) GATE. The most detailed field experiment to date to study the 
interaction of cumulus with larger-scale tropical motions, 1974. 

The following is a list of some important platforms used in field 
experiments: 

(a) Research aircraft: They provide wind, temperature, moisture, 
pressure, turbulent flux, radiative flux, sea-surface temperature and cloud 
microphysical measurements. 

(b) Research ships: These are usually placed at strategic positions 
to study important scientific problems. Triangular and polygonal arrays 
of ships with the capability of upper-air atmospheric measurements are most 
often used for tropical budget studies. A number of important findings have 
emerged on shallow and deep convection and studies of the trade-wind inver
sion using these ship configurations. Fig. 20.1 shows ship arrays for ATEX, 
BOHEX, M1TEX and GATE . 

(c) Geostationary satellites: The products from geostationary satel
lites play an important part in operational weather prediction. Special 
efforts to collect data from these products have improved the overall data 
base in field experiments. Day and night cloud imagery (or cloud photo
graphs) and cloud-motion vectors are used to determine the wind from daily 
film loops of visible and infra-red images. The "cloud winds", as they are 
called, are an indispensable product for tropical meteorology. It has been 
shown by a number of workers in this field that three levels of cloud-motion 
vectors can be mapped depending, of course, on the availability of cloud 
tracers. The undisturbed trades are usually covered with low-cloud tracers 
because of the preponderance of shallow convection over oceans. Fig. 20.2 
shows an example that illustrates this point (based on Prof. Fujita's work 
at the University of Chicago) of the low cloud-motion vectors over the 
Atlantic. Over a disturbed region, the high cloud-motion vectors are usually 
abundant. Fig. 20.3 shows an analysis of the motion field over the Atlantic 
at 850 and 200mb that exploits this important data source. The determination 



/['·w T T l 'i r r l l 
19• Ship t.iist:r i.buthm 

dnr ing .BCMEX 1 

18·1 I I I ! I _i. 2 ~L ~i 

Wsz· 
lzo· 

IN 
19' 

17"1 I ' - ,---

srlw 40" 30° za• 10" 

.. iT I OCEANOGRAPHER 

. I 1 RAi1HER~ L 
16" I I , , --11•· 

1\ I ~·uJf I , I 
Ship d.istr lbution 
during f{fF.X 

1s· 1 --r---H--+--_!1!1~ __ --- ~;oc~<Aywl_~[j., 

I
. ;r a»moas ~ {- --~ 

.. I . CS. ·--
' 

12
-1 rTif. MITCHELL i C!SCOVERl:R - l__J 

.spo-. . .. ·""r· .,. -~r-. toJw I a. 
'I' - .... i ,.. ! ' l I I • I.. I I I 

: .. : · · Ship distribution . 1' · 122 
• • 1 "" -- .... I 

· · · · durinp GATE 1 1 , ; .. : •• • • • • ·- • • •• , •o·-l ~ I ' . ~I UK. • . • . •. . • ' l ' ' I I I . . I .· . . SAO VICENTE 1 . . . I I 

: : : : ! 1·. : : . 1 . : : ! : : : : l .... j~ •••. I .... i.; ~·· . 1'·: . . I 1 
SA?.oADDS ·-~- ..... " .~ ""' 1 •••• 15s I · · · .,,~ · · · · · · · · 1 · ·•· · I · I I / 1 

i ; __ ; NtTH : :. !jl~ ~· ·. 1"-;:;-.:';:;:;;---t-----i---~+--~ 
,;JETh · \ kss? •, •. I .... 

1 

S·Scale "'" . I" 1 I '.[ ioA~AR I 1 
' I ' • I (" • . . . . • ' i i 1 •.•• • .•..• , :;)ee r-•gure. 3 i 1d} I I •. I I I 
' I i . .. . I ·_. •, . . I • >·-. ' T .• ,. . . I . B. * . '·.· ; I I i : • • .. .. ·:-. I . :--.: I·:~~ . )A2k:. *I . 9 •. I I I 

· ' 1 ·, · . ''<;~"s~ c ~~7 • 2 · 'J'' ussR-:: ui-: I \ i 
.. '17J · · 1SJ · )

0 
· ·~ ::o t: ..:~.-.. c:---~2~,8 -~ 1 I~"N 

•• ~><:x . • BRA • -~-- • ~S~R·- . . . I ~"REETOWN I I .
3
. ·" · ·- · i ... "':U .... ''2. I .6

1 ,. 4. 1 ·1o • • · · I I 
. • • . ., .. , 178 . 

1 
.•• _BRA, • • • lussR ~ c , 5 · · ussR · 1 · • • OfONROVIA 1 

.. "._ I I I ""'t.. I . . . . c .. ·'7· ... J;.. [ASIDJAN ~ 
Mt:.X I -..,. 00 - :·; I \ !:=::-. A .. I : . I . yssR. . . . ,

1 

6' 1_1 uss~ : .. : zsc ... :;:;_;;>""~ ..--, 
I I • i R8 "1C • ,· . . . 251'FR . . . . ... I ..•. I •• -

, ! . • i18 · I · : · · ~sse · · , · · FR · • * · I · · · · ~- · · · • . · I ' BR ' • • • . • • I . . . ' l 
c• --7--r-<?J.--=.---+-----+~---· :\ 2' .A i . . . - ~ ~ 24 . ' . . . zs ' : : .l 

. i -~fi~- I • • • ; •• • • ·u~s~ !' i' o• 
1 .. I l" ... :: 

-~---! "I 

!(PS 

. • riiil 30 11 . • . . . .. I .... i I!!JUSSR . . . . • .... 
I •••. '. • .• ~ •J' ... • •• , • • • . 

RECiFE f) .•.• I .... ! l. • • . ••• '1· ... f 
i1 ', I ., ............. , .. . . } . . . . I ... usse.'P.8 .. I • • • I :o•s -l 

Figure 20.1 

o· 

10'5 

w c-
oo 



¥"';~ LO\b'·CLOUO Vt:LOCITY IN 11 r 
....f.lluc·CI..OYDV£LOCJTYINI<T 

- 369 -

Figure 20.2 ~· Velocity vectors of low clouds over the Atlantic Ocean for 
July 22, 1969. A sequence of five pictures taken between 
1544 and 1637 GMT is used for the computation. Cloud ele
ments in an arc cloud are connected with a heavy line. 
High-cloud areas are shaded. Flow patterns are shown with 
streamlines drawn to fit cloud velocities 



- 370 -

l() 

..... 
c: 
(I) 
li 
(I) 
0 
c 

.--! 
0. 
(/) 

0 ...... 
f<) '"C 

'"C 
:::> 
0 

.--! 
0 

E 
0 

l() 1-t [{', 
4-.q· ~1· 
'"C 
(I) 
1-t 
1-t 
(I) 

4-

C\l 
c: ...... 

(V) 

0 0 
0 ·.-I w C'l ..... 

c: 
Q) c 
1-t .--! 
:::> ..... 
m <( 

...... 
(I) LL. ..c ..... 

lJ} 
1-t r-. (I) 

> 
0 

..a 
E 

0 
LC') 
00 

0 ..... 
ml c 

If) 

1-t 
0 ..... 
0 
(I) 

> 
~ .. () 

L() '"C ·,') ·o c: 
•r-f 
3: 



- 371 -

0 

"' 

+' 
1: 
Q) 
E 
Q) 
u 
0 ..... 
c. 
1/) 

•.-! 
"0 

"0 
::> 
0 ..... 
u 
E 
0 
H 

4-

"0 
Q) 
H 
1-< 
Q) 

4-
1: 

•.-! 

u 
•.-! 
+' 
1: 
0 ..... 
+' 
<( 

Q) 
..J:: 
+' 

1-< 
Q) 

~ 
...c 
E 

8 
C\1 

+' 
0 

1/) 

1-< 
0 
+' 
(.) 
Q) 

> 



- 372 -

of the vertical level of best fit for these cloud winds is a difficult prob~ 
lem. The present feeling based on a number of comparisons of the rawinsonde 
winds in the cloud-vector winds suggests thCJ.t th.e low cloud-motion vec::tors 
should be assigned a level close to 900 mb over the tropics while the high 
cloud-motion vectors belong near the 200 mb surface. 

The satellite photographs and film loops with an 800 m resolution 
provide a powerful research tool. The ground equipment to receive such sat
ellite products is a worthwhile investment for developing tropical countries. 

(d) Polar orbiting satellites: Aside from the Earth's radiation 
budget (see Chapter 3), a number of other products from the polar orbiting 
satellites are extremely valuable for tropical meteorology. The microwave 
radiometer on board satellites such as the NIMBUS series provides a measure 
of the total precipitable water. Maps of total precipitable water can be 
obtained from the digital products. The horizontal resolution of this prod
uct is at present somewhere around 50 km. A simple technique was proposed 
by Haydu and Krishriamurti (1978) to calibrate this satellite-derived product 
for ground truth. The procedure consists of obtaining a finite difference 
Laplacian of the satellite-derived precipitable water field on a horizontal 
mesh of five grid points. The radiosonde observation locations are projected 
to their nearest grid points. These values are kept fixed during a relaxa
tion of the Laplacian field. As boundary conditions, one uses assigned normal 
gradients. The final solution matches the radiosonde values at their nearest 
grid points and it matches the Laplacian of the satellite,-derived product 
elsewhere. Once the total precipitable water ('Q') is calibrated for ground 
truth, then,using a vertical structure function for specific humidity, one 
can map the field of specific humidity "q" at several levels in the atmosphere. 
An exponential variation of specific humidity with height is a reasonable 
structure function. This field satisfies the relation: 

J
Ps 

Q = .l 
g 0 

q dp 

where Ps is the surface pressure. The maps of q at each level can also be 
calibrated for ground truth (i.e., radiosonde measurements) by an analysis 
technique such that the final values of q still satisfy the integral con
straint stated above. This procedure is known to produce an analysis of the 
vertical distribution of the moisture field with sufficient detail to enable 
its horizontal gradients to be meaningful and compatible with satellite 
photographs. It should be stated here that this satellite-derived product 
of total precipitable water is only reliable over oceans since the microwave 
radiometer is an unreliable instrument over land areas. 

Another useful product that one can map in the tropics is the satel
lite-derived sea-surface temperature distribution generally obtained from 
polar-orbiting satellites. In clear sky conditions, the black body radia
tion emitted by the ocean surface is usually calibrated to determine the 
field of sea-surface temperature. Low clouds, excessive water vapour and 
aerosols (dust) all tend to contaminate this field. Hence, a careful cali
bration of this product is essential. It is generally believed that under 
clear sky conditions the gradients of the satellite-derived field of sea
surface temperatures are more reliable than their absolute values. General
ly, one computes a finite difference Laplacian of the satellite-derived sea
surface temperature on a fine mesh. This field is inverted. However, in 
this process one keeps the values fixed at those interior points which are 
closest to the station locations, the station values being assigned to these 
nearest grid points. Furthermore, it is desirable to use normal gradient 
boundary conditions and thus only the gradient~ and not the absolute value~ 
enter the analysis. 
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(e) Commercial ships: The merchant ship fleet provides an extremely 
valuable data base for research. Whenever field experiments are designed in 
and around oceans, special efforts are usually made to collect surface mete
orological observations from a large number of merchant ships. During GATE, 
on the average1 close to 1000 ship observations per day were collected over 
the tropical Atlantic Ocean. The surface observations include the usual 
parameters such as pressure, temperature, dew point, wind direction and speed, 
state of sky (cloud amount and type, visibility and sea-surface temperature, 
and sea state). Fig. 20.4 provides an illustration of the commercial ship 
distribution during the GATE. 

(f) Commercial aircraft: This is an extremely valuable data source 
in the upper troposphere. A large number of wide-bodied jets carry several 
inertial navigation systems and, as a result, this stable platform enables one 
to measure high-level winds very reliably, especially between 300 and 200mb. 
Although the temperature reports are not usually very reliable, the wind 
accuracy matches that from any other observational platform. Tropical oceans 
are usually data-void and the collection of commercial aircraft wind reports 
is very important. During the GATE, well over 1000 commercial aircraft wind 
reports were collected on a daily basis. Fig. 20.5 shows recent routes of 
commercial aircraft over the global tropics. This, of course, includes a 
number of smaller aircraft that depend on the global OMEGA navigation system 
for determining their position but the winds derived from these aircraft are 
slightly less accurate. 

Several plans are under consideration by the global meteorological 
community to implement automatic collection of commercial aircraft wind re
ports for a selected number of wide-bodied jets. Data from these aircraft 
would be available for global weather prediction in near-real time. Wind 
data are transmitted from the aircraft to a satellite and then on to a data 
collection centre. Fig. 20.6 shows an example of global tropical wind 
analysis where commercial aircraft provide the bulk of the data. 

(g) Boundary layer instrumentation: In the section on boundary 
layers~we made reference to some of the observations that are being made in 
order to obtain a better definition of the tropical boundary layer. The 
GATE contained within it a very sophisticated boundary layer subprogramme. 
This included both low-level research aircraft flights and ship-based teth
ered balloon measurements. The aircraft measurements included vertical eddy 
fluxes (with respect to flight leg averages) of moisture, sensible heat and 
momentum. A boom approximately 2.5 m long in front of the nose of the air
craft carries the small bead thermistor for temperature measurement and a 
fractometer cavity for water-vapour meosurements. A gust probe measures the 
three components of air motion relative to the aircraft. 

The ship observational program in GATE included tethered balloons 
and ascending and descending sondes. They are instrumented to provide the 
vertical distributions of moisture, temperature, and pressure and their 
fluctuations. The primary aim here is to examine the structure of the sub
cloud layer under a hierarchy of cloud convection r~gimes. 

(h) iuoys: The deployment of moored and drifting buoys is a very 
useful way o getting oceanic observations. In addition to the usual surface 
meteorological and oceanographic measurements such as pressure, temperature, 
moisture and sea-surface temperature, they can be designed to provide real
time flux computations of sensible heat, momentum and water vapour. These 
are called "Spar Buoys." They provide fast-response measurements of the 
vertical wind component as well as temperature, wind and humidity on a 
similar time resolution. 
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Figure 20.5- Commercial aircraft routes between major airports 
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(i) Shipboard radar: 3 and 5 cm radars are generally carried on 
ships with a stabilized platform. The radar observations of echo intensity 
are extremely useful for the mapping of oceanic rainfall intensity. A very 
careful calibration is required. Calibration is usually carried out by per
forming drop-size spectra measurements by aircraft and ships in a well-coor
dinated field experiment such as GATE. The digital product can be used to 
construct vertical cross-sections as a function of time. They reveal a lot 
about the mesa-scale cloud structures in evolving disturbances. 



Chapter 21 

NUMERICAL \-iEATHER PREDICTION OVER THE TROPICS 

In this text on tropical meteorology, it is felt appropriate to 
present some of the fundamentals of the numerical prediction models suitable 
for this region. Since this is an area where much effort is expected from 
developing countries, it would be well worthwhile for the student interested 
in tropical meteorology to understand the ingredients of a tropical numerical 
prediction model. 

21.1 Filtered barotropic model 

As a starting point in the development of numerical weather predic
tion models for the tropics, the simplest barotropic model is very useful. 
This model will take as input the str~amlines and isotachs of a limited area 
weather map and provide a forecast of the flow field at that level. For 
operational and research work, the various advances that have been made in 
this model should be exploited. Factors such as analysis of the initial map, 
domain size, grid size, handling of north/south and east/west boundaries, and 
the finite-difference techniques all deserve very careful examination. This 
type of model can be very useful by providing a quick look prediction for a 
typical tropical wave-type disturbance that may be identified on the initial 
map. To consider an example, let us assume that a model is being constructed 
for the West African region. 

The African waves have their largest amplitude near the 700mb level. 
Their scale is roughly 2000 km and their speed of westward propagation is 5° . 
to 10° longitude/day. Barotropic energy conversions are largest near the 
700 rob level because of the presence of the West African low-level jet at 
this level. The choice of 700 mb as an appropriate level for making bare
tropic forecasts is appealing on these grounds. However, the forecast will 
be of marginal value if the level of non-divergence is far away from this 
level. Experience shows that the barotropic model behaves far better at 700 
mb than at the 850 and 200 mb levels over Africa. Because of the extreme 
simplicity of the model, the suggestion was advanced that it should be made a 
"model zero" for operational purposes and twice daily forecasts should be 
attempted. Only by making a large number of forecasts can one assess the 
value of the product. Furthermore, by watching the day-to-day behaviour of 
the forecasts on facsirnile charts, experienced synoptic meteorologists quick
ly gain enough insight to assess its good and bad features. Such an experi
ence adds to the possibility of issuing a revised subjective forecast where 
the experienced meteorologist adds his own evaluation of the product. 

A systematic development and evaluation of a hierarchy of models is 
essential. Failures of simpler versions of models can be due to a number of 
factors such as: inadequate observations to define the initial and the veri
fication maps, poor physics, poor numerical techniques, and unrepresentative
ness of the scales being studied. We shall next go into the details of de
signing of a simple barotropic model. 

21.2 The basic dynamics of the barotropic model 

The principal of conservation of absolute vorticity is expressed by 
the relation: 

D - r; = 0 Dt a (21.2.1) 
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where D/Dt = ;t +\~n · V is a substantial derivative for the horizontal 
advection and ~a lS the absolute vorticit~ which may be expressed by: 

~a= v 2 ~ + f (21.2.2) 

while \VH = /K x V~ is the rotational part of the motion field, i.e.: 

u 

(21.2.3) 
V = 

where ~ is a stream f~ction. The law of conservation of absolute vorticity 
may be written as: 

u ~-v~-vlf ax ay ay 
which can be simplified to the form: 

(21.2.4) 

(21.2.5) 

where S = ~is the beta parameter. Equation (21.2.5) is the basic framework 
of the barotropic dynamics and the so'"'called non-divergent barotropic model. 
The equation has one unknown ~. 

In the undifferentiated form, this may be expressed by the following 
three equations for the three unknowns u, v and z; where u, v are the two 
horizontal velocity components and z is the height of the pressure surface: 

au = - u au - au + fv - g a z 
at ax V ay ax 

av av av az 
IT = - u ax - v ay - fu - g ay 

au + av = 0 ax ay 

(21.2.6) 

It should be noted that (21.2.5) and (21.2.6)are equivalent systems. The 
differentiated form (21.2.5) is not complete if the pressure field is not 
adequately defined. This may be obtained from the divergence equation from 
(21.2.6). This comes out as the well-known non-linear balance equation: 

v2g z = V • f V~ + 2J (2..1 E.j_] (21. 2. 7) ax' ay 

The differentiated form of the vorticity equation describes the u, v, and z 
fields via the system of equations (21.2.5), (21.2.3) and (21.2.7). If 
these three equations are solved in sequence with appropriate initial and 
boundary conditions, then one can map the motion and the pressure fields of 
the barotropic forecast model. This is an interesting system for low lati
tudes. Equation (21.2. 7) is called a reverse balance equation since the 
pressure field (z) is determined from the motion field. The following sim
plified versions of the reverse balance equation exist and they are worth 
examining: 

z = (21.2.8) 

where fo is a constant value of the Coriolis parameter, and 
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(21.2.9) 
where equation (21.2.8) describes the pressure (height) distribution from 
the geostrophic wind law and equation (21.2.9) describes the linear balance 
pressure-wind law. In the tropics, the problem of the pressure-wind laws is 
the reverse of that in the middle latitudes. Here the wind is supposed to be 
given and the pressure field is deduced from it. This is why we call it the 
"reverse" balance equation. 

For a given wind field (i.e., the~ distribution), if one wishes to 
compare the three geopotential height fields from equations (21.2.7), (21.2.8) 
and (21.2.9), it is important that the same boundary conditions be used for 
z in the three equations. 

The barotropic forecast model is defined by e-quations (21. 2. 5) , 
(21.2.3) and (21.2. 7) and next we shall address the question of the solution 
of this system. 

21.3 Some properties of the barotropic flows 

We shall design a closed domain such that there is no net mass flux 
in or out of the domain and within such a domain we shall be making barotrop
ic forecasts. It is important to recognize some important parcel and domain 
invariants of the barotropic flows. 

21.3.1 l-~~~~b-iEY~I-~~~~§ 

Following the parcel (two-dimensional flows), absolute vorticity is 
conserved (equation 21.2.1). In a closed domain, this implies that one 
should watch the maximum and minimum values of absolute vorticity during the 
evolution of the barotropic model. A good model will preserve nearly the 
same value of the maximum and minimum value within the domain. It should be 
noted that all powers of vorticity are parcel invariants. 

21.3.2 PE~~~~-i~YESJ-~t~ 

The well known invariants are: -~a the mean absolute vorticity,~ 
the mean square absolute vorticity, and K, the total kinetic energy where 
the bar is a domain average. It should be noted that domain averages of all 
powers of absolute vorticity are also invariants of this system. To show 

- -z that c;c;t and c;a are invariants, equation (21.2.1) is written in the advective 
form, ~.e.: 

c; n-1 
Multiply by :: 

Equation 

ac;a ac;a ac;a 
at=-u8X-v8Y" 

and rewrite: 

a n 
at c;a 

(21.3.2) can 

d n a ,n 
- U ax i;a - V ay ~a 

be expressed in flux form: 

a u,n 
- ax ~a 

(21.3.1) 

(21.3.2) 

(21.3.3) 



- 381 -

upon integration over a closed domain D defined by; 

D = I I dx dy (21.3.4) 

we obtain: y X 

a~ I J 0 (21.3.5) 
y X 

if the normal wind component is zero at the boundary. We have thus estab
lished that all powers of sa are invariants. 

To show that the kinetic energy K is an invariant, multiply the first 
equation (21. 2. 6) by u and the second equation (21. 2. 6) \by v and add. We 
obtain; 

aK = -\V • V'K - W • V'gz at 
In flux form, this can be expressed by: 

aK -- = - V' • W (K + gz) at 

(21.3.6) 

(21.3. 7) 

and over a closed domain D with the previous boundary condition the integra
tion of ~uation (21.3.7) yields: 

a --- K = 0 at (21.3.8) 

which implies a conservation of the domain average kinetic energy. The in

variants of ~and K are important properties. They are called the quadratic 
invariants ofathe barotropic model. If the finite difference analogs of the 
model do not conserve these properties, then, after some time, the flows in 
the forecasts look usually very unrealistic. 

It is very difficult to design a model that goes beyond the conserva
tion of just the first and second order moments. In designing a barotropic 
forecasts model for a limited tropical domain, it is better to ensure that 

l ----z -
:~st!:~t sa' sa and K are conserved for the finite-difference analogs of the 

21.3.3 Energy exchanges of the barotropic model 
--------------------------------------------
The weather map for a given day may contain large-scale motion only. 

One may see a wave or vortex on the map of the following day. The barotropic 
model contains an important mechanism for disturbance generation on certain 
scales. This is the transformation of shear vorticity into curvature vortic
ity. The absolute vorticity contains the shear, curvature and the Earth's 
vorticity. Parcels conserving their absolute vorticity can move along their 
trajectory exchanging shear vorticity into curvature and vice versa. The 
analogous linear problem is the barotropic instability problem. It is impor
tant always to recognize, whenever a development occurs, the extent to which 
the development could be accounted for by the barotropic process. 

Scale analysis shows that large-scale processes in the tropics are 
quasi-barotropic and the linear stability criterion frequently shows that 
the fields satisfy the necessary conditions for the existence of barotropic 
instability. Hence, the use of a barotropic model can be quite meaningful 
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in this region. The two principle energy exchanges of the barotropic model 
are: 

[u] a [u'v'] 
ay 

- [u] a [u'v'] ay 

£.M [u'v'] 
ay (21.3.9) 

(21.'3 .10) 

(21. 3 .11) 

where r-1 is~ meridional average, [ ] is a zonal average, and is a time 

average. ~' K; and ~T are, respectively, the total eddy kinetic energy, 

the total zonal kinetic energy and the total energy. These relations can be 
derived easily from the equations of motion for a barotropic fluid. The 
equations merely state that convergence of flux of westerly momentum in a 
westerly current increases the zonal kinetic energy. These exchanges usually 
exhibit a quasi-periodic oscillation in time. 

21.4 Numerical prediction techniques 

21.4.1 The advective term for filtered models 

Although there are many ways of expressing an advective term for a 
filtered model, we shall illustrate the so-called "Arakawa" Jacobian. The 
advection of a property ~ by the rotational part of the wind ~ may be 
written as: 

~ (~,~) = i{~l(l/J,~) + ~2(~,~) + ~3<~~~>1 (21.4.1) 

where the three Jacobians on the right-hand side of the above equation are 
three alternate finite-difference analogs of the advective terms. 

Where ~ 1 (~,~) is a finite difference analog of the term: 

a~ a~ a~ a~ 
ax ay - ay ax 

~2 (~,~) is a finite difference analog of the term; 

a (~ ~] a ( ~] ay - ax ~ ay 

and ~ 3 (1/!,~) is a finite difference analog of the tem: 

a 
( ~ ~~ J a ( a~ J 

ax - ay 1/! ax 

(21.4.2) 

(21.4.3) 

(21.4.4) 

It can be shown that this linear combination of the three finite difference 
Jacobians conserves mean vorticity, mean square vorticity and mean kinetic 
energy. The following is a final form of the Jacobian for a rectangular 
mesh of grid points at distanced apart (Arakawa, 1966): 
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~· .((;,1/J) l.,J 
1 

-----,.,- [(1/J .. 1+ 1/J.+l '-1- lJ!. '+1- 1/J.+l '+l)(t_;.+l.- [_; .. ) 12dL. l.,J- 1. ,J l.,J 1. ,J 1. ,J l.,J 

+ (1/J. 1 . 1 + 1/J. . 1 - 1/Ji-1, j+l - lJ!. '+1) (t;. . - [_;. 1 .) 
1.- ,J- l.,J- l.,J l.,J 1.- , J 

+ (1/J '+1 . + 1/Ji+l,j+l - 1/J. 1 . - 1/J._l '+l)(t_;. '+1 - s. . ) 
1. ,J 1.- ,J 1. ,J l.,J l.,J 

+ (1/Ji+l,j-1 + 1/Ji+l,j - 1/Ji-l,j-1 - 1/J. 1 . ) (t;. . - s. . 1) 
1.- ,J l.,J 1. 'J-

+ (1/J.+l . - 1/Ji,j+l) (t;i+l,j+l - s. . ) 
1. 'J l.,J 

+ (1/J. . 1 - 1/J. 1 . ) ( s. . - [_;. 1 . 1) 
1. 'J- 1.- ,J l.,J 1.- ,J-

+ (1/J. "+1 - 1/J. 1 .)([_;. 1 "+1 - [_;. . ) 
l.,J 1.- ,J 1.- ,J l.,J 

+ (1/J.+l . - 1/J. . 1) ( [_;. . - [_;i+l,j-1) (21.4.5) 
1. 'J l.,J- l.,J 

where d is a local mean grid distance for a square mesh. In short-range 
numerical weather prediction it has been stated that a quadratic conserving 
advection scheme is desirable. There ar~ however, many problems that arise 
when one uses such a scheme. 

Although the weather maps produced by a quadratic conserving scheme 
appear extremely elegant, they usually exhibit large phase errors. Con
trolled experiments with idealized systems show that the quadratic conserving 
schemes are, in fact, not very accurate. The problem, of course, is that one 
cannot use centred-difference formulae and ~1(1/J,t;) alone all the time,since 
they are known to be non-linearly computationally unstable and can give 
trouble. The semi-Lagrangian advective scheme has not been used in filtered 
models; it is described elsewhere in these .notes and may be better in some 
ways. 

21.4.2 T-~~~:~!!E~!-~~~~~g-~~-~~~~ 

In the filtered models we shall use an explicit time-differencing 
scheme. The. schemes we shall use are a slight modification of the Euler 
backward predictor-corrector technique. For an equation of the type~ 

The two steps are: 

p (1) 
2 

ClP = Q 
Clt 

(21.4.6) 

(21.4. 7) 

(21.4.8) 

where Pil) is the predictor and Qil) is the corresponding value of Q based 

on the predictor. P~ 2 ) is the corrector or final value of P. a and (3 are 
constants such that a+(3 = 1, and if a = 0 and (3 = 1, it gives the so-called 
Matsuno scheme. It is necessary to make sure that the linear stability 
criterion is satisfied by the data set. This is the well-known 
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Courant-Friederick-Levy criterion and is discussed in standard textbooks on 
numerical weather prediction (e.g., Haltiner, 1971). 

21.4.3 Boundarv conditions ________ .t., ____________ _ 

In the zonal direction it may be desirable to extend the domain by 
about 1000 km and add some extra grid points beyond the analysis domain. In 
this region a smooth cyclic continuity of the map may be assumed to remove 
east/west boundaries. 

In the filtered model, after the stream function is specified at the 
boundaries by the procedure illustrated in the next section, the stream func
tion is first obtained in the interior of the domain. During the barotrop~c 
forecast, a variety of boundary conditions can easily be used at the north/ 
south boundaries: 

(i) 1j!(x,yB,t) = 1j!(x,yB,t)= 0 t = 0 

(ii) 1j!(x,yB,t) = p 1j!(x,yB, 0) dx I pdx 

(iii) 1j!(x,yB,t) made to change according to some specifications. 

Since there are no problems regarding excitation of gravity-inertial 
oscillations, the boundaries can be specified relatively easily in this 
problem. 

In general, no smoothing other than that implied by the Arakawa, 
Jacobian and the time-differencing scheme is necessary. Figure 21.1 illus
trates an example of a filtered barotropic forecast in the tropics. 

21.5 One-level primitive equation model 

This is usually considered next in the hierarchy of the simple 
models. This model allows for divergence and is known by the following names: 

(i) 
(ii) 

(iii) 
(iv) 

One-level primitive equation model; 
Shallow water equations; 
Laplace's tidal equations; and 
Divergent barotropic model. 

It is described by the following three equations for the three unknowns u, v, 
and z. The equations of motion are: 

au + au + au f 
at U ax V ay - V 

and the mass continuity equation: 

az 
- g ax 

az 
- g ay 

(21.5.1) 

(21.5.2) 

az az + az [au avJ at + n ax · v ay - z ax + ay ( 21. 5 · 3) 

where z is the height of a free surface. For our purposes, we shall identify 
z = 0 with the mean sea level. It should be noted that if this model is used 
to forecast the weather at a level in the troposphere, z should not a priori 
be assumed to be the height of the pressure surface. The interpretation of 
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Figure 21.1- (Top) 700 rab observed winds, time 0; (middle) same at time 
48 hours; (bottom) barotropic forecast at time 48 hours 
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z is an important problem in the application of the shallow-water equa
tions for numerical weather prediction. We shall review this later in this 
chapter. 

This system of equations is very similar to the system described in 
equation (21. 2. 6) except for the mass continuity equation. The. divergences 
in the vertical columns are altered by the individual change in the free sur
face height in the shallow-water equations. This system also permits as 
solutions external gravity waves. These waves are a part of the physical 
system and can grow spuriously as a result of certain initial data imbalances. 
This is another topic which is very important in all primitive-equation pre
diction models. 

21.5.1 Invariants of the shallow-water equations 

The parcel invariants ot this system are the potential vorticity 

~ = (~+f) and all its powers. In order to show this, form the usual vortic-p z 
ity equation using (2.1.1) and (2.1.2!: 

3~a 
a-1:= -WH • 'V~a- ~a'V •\V (21.5.4) 

Upon elimination of 'V • W from (21.5.3) and (21.5.4), we obtain: 

(aat +WH • v] (<~~f)) = o (21.5.5) 

or ~P is a parcel invariant. Upon multiplication of (21.5.5) by (~p)n-l/n, 
we show that: 

(21.5.6) 

which shows the invariance of all powers of ~P· It is easy to see that over 
a closed domain the mean value of ~p is an invariant. 

Another important invariant of this system is a total energy para
meter. It is given by the integral over a closed domain, i.e.: 

;t J (Kz + gz
2

/2) do= 0 
0 

(21.5.7) 

Equation (21.5.7) shows that the local time change of the total energy of 
the divergent barotropic model is an invariant. It is worth noting at this 
point that although the quantity Kz + gz2/2 is often referred to as total 
energy, the dimensions associated with it (L3T-Z) are different from those 
of energy (L2T-2). Here L is a measure of len~th and T is a measure of time. 
In MKS units the units of Kz + gz2/2 are m3 s-2 • This is to be contrasted 
with HKS units for energy m2 s-2. Over a closed domain it is easy to see 
from equation (21.5.3) that z is an invariant and so is also z2. 

Here we shall not try to provide a summary of all existing methods 
and discuss their relative merits. Instead, we shall describe the details 
of one good working model. 
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The two important areas where care must be exercised in the finite
difference aspects are: 

(i) The horizontal advection terms; and 
(ii) The treatment of the pressure gradient, Coriolis and horizontal 

divergence terms. 

The semi-Lagrangian advective scheme used in the Florida State Uni
versity's primitive equation model is described by Mathur (1970). This 
scheme is very powerful in conserving parcel and domain invariants of the 
system. The treatment of the pressure gradient, Coriolis and horizontal 
divergence term is described by Kanamitsu (1975). The time-differencing 
scheme used in the present model is an Euler-backward scheme. · 

21 . 5 . 3 'f.l_!~_J?!.?_b_l_~~-~E-~~-o_p_~£~~!i.§t_l __ l!_~~~~!--i_n __ ~~!-~~_t_i_t_~<l~~ 

This is really the problem of the wind-pressure laws in low latitudes. 
The temperature error in the radiosonde element makes it extremely difficult 
to analyse the pressure field in low latitudes from the hydrostatic law. An 
error of 1°C corresponds to an error of roughly 20 metres in the geopotential 
height in the lower troposphere. It turns out that this is intolerable in 
low latitudes. The synoptic definition of pressure-wind patterns in low 
latitudes thus has to rely on dynamics and as such must remain model-depen
dent. This is especially true at present in the equatorial latitudes. How 
does one go about determining a pressure field in low latitudes? Next we 
shall discuss several different initialization procedures for numerical 
weather prediction in low latitudes. These methods yield as a by·-product 
wind-pressure laws of some interest. 

The starting point here is a given streamline-isotach map over a 
tropical belt such as West Africa. The pressure field is deduced from the 
horizontal motion field by a hierarchy of models of increasing complexity. 

21 . 5 . 5 ~~~!i-s: _ _i_I!,:ht!~.!-l-_?:_o!!.,1;,:i.:,<2,~ 
The single level static initialization techniques are based on the 

non-linear balance equation and on simplified versions of it. The following 
laws are relevant to the static initialization problem. 

Geostrophic law: 

\/2 gz v2 fo 1/J (21.5.8) 

Linear balance law: 

\/2 gz == \1 . f\/1/J (21.5.9) 

Non-linear balance law: 

\/2 gz = \1 . f\71)! + 2J ( () 1/! () 1jJ J (21. 5 .10) ()x' ay 

In these relations the stream function 1/J is supposed to be known from the 
observed wind field (Hawkins and Rosenthal, 1965). The procedure for ob
taining the stream function from the wind field has been improved by Mathur 
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(1970) . The relative vorticity of the observed wind is relaxed to obtain 
the streamfunction with appropriate boundary conditions from the following 
equation: 

(21. 5 .11) 

where u and v are the velocity components. Around a closed domain, the out
ward normal velocity vn at any point is modified to a value v~ by the 
formula: 

(21. 5 .12) 

where ~ is determined from a constraint of zero net mass flux out of the 
domain, which yields: 

E = - ~ vn d~cp Jvnl ds (21. 5 .13) 

where the line integral is taken around the closed domain with line segments 
ds along the boundary. 

In general, for sufficiently large domains E << 1. Thus the modifi
cation of data implied by equation (21.5.12) is very small. The stream 
function at the boundary is then determined from the relation: 

:£j_ = vmn 
Cls 

This equation can be integrated along the boundary to yield ~ with an as
signed value at one point. 

We now have the right-hand sides of equations (21.5.8),(21.5.9) and 
(21.5.10). These equations are to be solved for the geopotential height z 
with approprtate boundary conditions. We could have written (21.5.8) in 
the form z = fo~/g; however,this is not a suitable form for comparison of 
the three height fields. For purposes of comparison, it is desirable that 
the same boundary conditions for z be used. The selection of boundary con
ditions for z is not an easy matter: If the north/south boundaries are 
over the middle latitudes, then geostrophic boundary conditions or the ob
served geopotential (from an analysis) would be appropriate. In the east/ 
west direction, an artificial cyclic continuity is imposed on the initial 
analysis of the motion field. Thus there are no walls or boundaries in the 
zonal direction. If the north/south boundaries are within the tropics, i.e. 
10°N to 10°8, there is no simple way of assigning boundary conditions. It 
is desirable to select a sufficiently large-sized domain so that the north/ 
south boundaries are at least zoo away from the ~uator. 

It is the present feeling that any of these static initialization 
procedures do not adequately describe the wind-pressure laws for low lati
tudes. In fact, the feeling is that there exist no diagnostic simple 
wind-height laws for low latitudes. 

21.5.6 ~~=~~5~~-J:~=~~:!i3_~-~=~~~i~u-~~ 
The single-level dynamic initialization makes use of a one-level 

NWP model. All of the numerical techniques of the one-level primitive equa
tion model are used in the iterative initialization since it is the backwar~ 
forward integration of the same model. Although many versions of the models 
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exist, we shall here briefly address the model of the Florida State University. For 
this purpose, the equations are written in the form: 

Du = fv - g ~=A Dt ax 

Dv 
Dt 

Dz 
Dt 

az 
fu - g ay B 

z (au + av) c ax ay 

21.5. 7 ~e!E_i_:~g_r~g_i§~ ~d~e_s:!:_l,;.og 

(21.5.14) 

(21. 5 .15) 

(21. 5. 16) 

In order to control non-linear computational instability, it is 
necessary to exercise care in the treatment of horizontal advect.ive terms. 
We have already stressed the need for this within the context of the filtered 
models. The semi-Lagrangian advection proposed by Krishnamurti (1962) and 
Mathur (1970) treats the horizontal motion of the parcels each time-step and 
no explicit advective terms such as \V • VQ are found in the finite difference 
analogs of the equations. 

Q 

In the above diagram, Q denotes a grid point and a parcel which is 
located at P at time t - L'lt arrives at location Q in a time L'lt. We have to 
define u, v and z at grid points at the end of each time-step. The first 
guess on the location of P is: 

X u IQ 1'1 t - 1 I 2 A IQ 6t 2 ( 21. 5 . 17) 
t-f'lt· t-At 

y VIQ At -l/2 BjQ L'!t2 (21.5.18) 
t-L'!t t-At 

The point P falls. between the grid points generally and a definition of u, 
v and z at P at t - L'lt has to be carried out by a local surface fitting from 
the information at the various grid points for time t-L'It. 

The second guess on the location of P is next carried out via the 
relations: 

x u/Pt-At L'lt 1/2 AjPt-At L'!t
2 

(21.5.19) 

y vir At 112 Bjr L'lt2 (21.5.20) 
t-At t-At 

where A and B at time t-At are interpolated to P from the grid point values 
at time t-6t. The location P, for determining A and B, is the previously 
guessed value. 

The predictor correctors for u and v are constructed as follows: 
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First guess: 

uiQt uiPt-llt + AI p t-llt l\t (21.5.21) 

viQt V I P·t-{)t + BIPt-llt lit (21.5.22) 

Second guess: 

UIQt ufPt-llt + AIQt lit (21.5.23) 

vjQt = vjP t-llt + BIQt lit (21. 5. 24) 

The above steps are analogous to the predictor corrector of the Euler back
ward time-differencing scheme used in NWP. 

Once u and v are known, the integration of z is carried out with an 
analog?us predictor corrector; the function C is evaluated at Pit-lit and Qjt 
for th~s purpose. 

21. 5 . 8 Qg _ _!:~~- !F~.<t!!E.€-!!!=_.9!_~9~_EE~f?_ f?_'-!:t:_~-_g_;..aAi_ep_t __ 0!S.€-_ ~g~ _ ~!. ~e}'_g_~_t}£~- ~Il 
~~=-~-~~~:=~~~!~~~~~-:9~~!-~~ 
Special care needs to be exercised in the finite-difference formula

tion of these terms to avoid the excitation of spurious computational gravi
tational modes (Kanamitsu, 1975). Kanamitsu has shown that a standard 
centred difference formula for the pressure-gradient force results in a 
splitting of the solution and resulting spurious divergence. Since this 
problem is important for one-level and mult~level dynamical initialization, 
the reader is referred to the original paper. 

21.5.9 ~~~~3~!~~-=~~~~!-~~~~-~~!_3!~~~~:!~7!} __ ~~~I3_~--~~~EI~1-~~~~~~~ 
The domain has a cyclic continuity in the zonal direction. Along 

the north/south boundaries we set~ 

V 0, 
u constant (independent of x and t), 
z =constant (independent of x and t). 

21.5.10 ~!PZ)!-~~~~~!-~~~~~S-IEi~J-~~!~~E}~P-
This dynamic initialization procedure utilizes the shallow-water 

equations as its basis (see equations (21.5.1), (21.5.2) and (21.5.3)). The 
procedures entail a forward/backward integration of the one-level primitive 
equation with the following definition of the pre-initialized u, v, z dis
tributions. 

u and v are obtained from the initial analysis of streamlines and 
isotachs. The pre-initialized z field is obtained from a solution of equa
tion (21. 5 .10). 

The primitive equations are integrated forward and backward utilizing 
small time steps of a few minutes. The purpose of this exercise is to let 
the motion and pressure fields adjust to an equilibrium which may depart from 
the so-called "balance laws." In the process of this forward and backward 
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integration, gravity-inertial oscillations are excited and the final state 
of iterative initializ.ation is one which varies very slowly upon forward 
prediction. The adjusted state does not excite surface-gravity waves. We 
find from this exercise that the finally adjusted motion field varies very 
slightly (rms ~ 2m s-~ from the analysed initial analysis. The large changes 
are in the adjustment of the pressure field in low latitudes. The end product 
yields a desirable wind-pressure relationship for low latitudes that is con
sistent with the dynamics of a one-level primitive equation model. It should, 
however, be recognized that the wind-pressure relationship for a multi-level 
primitive equation model may be somewhat different. 

The framework here is a multi-level primitive equation prediction 
model. The first propositions for dynamical initialization were presented 
by Nitta and Hovermale (1967), Miyakoda and Moyer (1968), Winninghoff (1968~ 
and more recently by Kanamitsu (1975). Our interest here is in the wind
pressure laws for a multi-level primitive equation prediction model in low 
latitudes. 

Florida State University's primitive equation model is the framework 
here. rhis model is described elsewhere in these notes. Here again a 
forward/backward integration of the primitive equation (one hour of forecast 
time forward and one hour for return) is carried out to obtain a distribution 
of dependent variables in a "primitive equilibrium". As in the one-level 
model, the balanced initial state is not accepted by the mult~Jevel primitive 
equation model. The model excites gravity-inertial oscillations prior to 
settling down to a slowly varying state. At present the forward/backward 
integration is carried out with an adiabatic, frictionless version of the 
model where the influence of mountains i9 included only in the forecast part 
which comes after the completion of the iterative initialization. Kiange 
(1977) used these procedures to illustrate the wind-pressure laws over 
Africa. The major finding is that the wind-pressure adjustment in low lati
tudes is quite different from that given by the so-called "balance laws". 
The validity of the "non-linear balance laws", especially in the equatorial 
latitudes, is not supported by the dynamical initialization technique. 

Experience with a multi-level model shows that the tropical wind
pressure laws depend crucially on the physical processes that are invoked in 
the model. Convective heating in a cloud-cluster, for instance, gives rise 
to large horizontal divergence D and on the large scale the departure from 
the balance laws will be significant. In this context, it is important to 
keep in mind that the following complete form of the divergence equation is 
satisfied by the primitive equations: 

n2gz aw au aw av + D2 + aD +\V aD 
v = V • f v~ + ZJ (u,v) + ax aP - ay aP at H • VD+ w aP 

(21.5.25) 

The last six terms are not present in the so-called balance laws. Any 
physical mechanism that produces large divergence or vertical motion pro
duces a large departure from the .balance laws. 
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The basic equations of this system are: 

au _ au 22!.t fv - g _]__ (z t h) (21.5.26) rr- - u ax - V ay ax 

av _ - u av 
- V av - fu - g _2._ (z + h) (21. 5. 27) rr- ax ay ay 

~= - u az 
- V ~- z (au + av] (21.5.28) at ax ay ax ay 

where h is a smoothed mountain height. This system has the following three 
domain invariants: 

(i) 

(ii) 

potential vorticity, [f.:] . p 

mean square potential vorticity, 

(iii) a total energy parameter, ET = ['z (K + 1/2 gz f gh'] 

Parcel invariant (as for the case of no topography) is the potential vortici
ty ~ . This model is a trivial extension of the no-mountain case. No prob-
lemsp arise if straightforward centred difference formulae are used to 
evaluate the time-independent fields of 8h/8x and 8h/ay. A smoothed topo
graphy such as that given by Gates and Nelson (1975) is a useful representa
tion of mountains for numerical weather prediction. The finite-difference 
forms are analogous to the no-mountain case. Figure 21.2 illustrates an 
example of a forecast made with this model. The mountains used are shown in 
Figure 21.3. 

21.6 Multi~vel primitive equation prediction model 

This is without doubt the most desirable model for low latitudes. 
Apart from making forecasts, it is also a very powerful research tool. It 
will not be possible to go into the details of such a model here. These 
models include features such as: 

(i) 
(ii) 

(iii) 

(iv) 
(v) 

(vi) 
(vii) 

Smoothed mountains; 
Airjs

7
ea interaction; 

Land air interaction: 
(a) heat balance of the Earth's surface, 
(b) momentum fluxes at the Earth's surface7 
Dry convective adjustmenG 
Moist, shallow and deep convection; 
Large-scale stable rainfall; 
Radiative processes in the atmosphere: 

(a) short-wave radiation, the diurnal chang~ 
(b) long-wave radiation, 
(c) effects of clouds. 

Some of the above-mentioned effects are discussed earlier in these notes. 
However, the student desiring to learn more about applications should spend 
some time with a group active in this field. 
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Figure 21.2- (Top) 700 mb ·observed wind, time 0; (middle) same at time 48 hours; 
(pottom) primitive equation forecast at time 48 hours 
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LIST OF APPENDICES 

The mathematical appendices presented here are no substitute for an 
appropriate text on dynamical or physical meteorology. The following is a 
list of appendices cited in the various chapters of this text. 

(i) Moist and dry static-energy equations (Chapter 6); 

(ii) Conditional instability of the first kind (Chapter 6); 

(iii) Arakawa' s identity relating saturation specific 
humidity to the moist static energy (Chapter 6); 

(iv) Necessary conditions for the existence of 
barotropic instability 

(v) Finite-difference methods for studying barotropic 
instability in the tropics 

~i) Combined barotropic/baroclinic instability 

(vii) Kinematic vertical velocity for a triangular 
array 

~iii) ·The Ekman vertical velocity 

ax) Explanation of terms in the energy e9uations 

(Chapter 9); 

(Chapters 9 & 17); 

(Chapters 11 & 14); 

/ 

(Chapter 12); 

(Chapter 13); 

(Chapter 17). 

In addition to the topics cited here, this text does assume some 
knowledge of applied mathematics and elementary statistics. This is no 
more than that contained in senior level undergraduate programmes in these 
subjects. Topics such as differential equations (linear), complex variables, 
time-series analysis, matrix algebra, numerical solution of hyperbolic and 
elliptic problems are all being increasingly used in the solution of tropi
cal problems. Notes on the topics listed above are presented in sequence. 

* 
* * 
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(i) Moist and dry static-energy equations 

Here we are interested in presenting a short derivation of the 
equations governing the time rate of change of(gz + cpT) the dry static 
energy and (gz + c T +Lq) the moist static energy. p 

Eguations of motion: 

au au + au + au fv ~+ F IT+ u V - w ap - g ax ay ax X 
(1) 

av av + av + w av _ fu ~+ F at+ u - V -ap- - - g ax ay ay Y 
(2) 

Upon multiplication of (1) by u and (2) by v and adding (letting k = 
l/2(u2 + v2) denote the kinetic energy, per unit mass of air) one obtains: 

dk Of = - g W • Vz +\V • JF 

g I~ - ~ ~ -w ~ ~] + \V • IF 

Hydrostatic law: 

RT = _ g ~ 
P ap 

Upon substitu'tion of (5) in (4) one obtains: 

d az RT h:;> Of (gz + K) = g at - ~ w +\V • p: 

First law of thermodynamics: 

RT w + E Hi 
p i 

(3) 

(4) 

(5) 

(6) 

(7) 

where ~ Hi denotes the sum of different heat sources and sinks. Upon sub
stitution of (7) into (6) one obtains: 

~t (gz + cpT + K) = g ~ + E Hi +\V • JF (8) 
UL at i 

Note that K << c T, since c ~ 1000 metrei s ~2 deg- 1 ; T ~ 300°~ cpT = 3xl05 

metres2 s - 2 ; K ~ (u2+v2) /2p ~ 5xl03 metres2 s -·2 ; , then we can neglect K and 

its dissipation, i.e., W • JF in equation (8). Furthermore, the pressure 

tendency term g ~~ is ~lso usually neglected on the grounds that it is small 

compared with the other terms. Thus one obtains: 
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L: Hi 
i 

In the absence of heat sources and sinks: 

which is compatible with the conservation of potential temperature, 

T de _ 0 cp 8 at-

(9) 

(10) 

i .. e.: 

(11) 

The student should also derive the familiar,dry static-stability relation: 

T a e a 
cp 6 3p = - ap (gz + cPT) 

Equation (9) is an important energy relation. 

where 

Definition of the heating function: 

We define 

HSEN 

HEVC 

HCON 
HRAD 

is the sensible heat flux from the ocean, 

heating (negative of cooling) due to evaporation of 
cloud matt"er 1 

condensation heating, 
rate of radiative heating. 

(12) 

(13) 

All the above forms of heating refer to unit mass of air. Note that the 
evaporation from the ocean does not enter equation (8) since the evaporation 
only cools the ocean and can only affect the temperature of the air when it 
condenses again. 

We shall write: 

HCON = - L ~ (14) 

provided that air is saturated (i.e., q:::; qs) and rising. 

The conservation of moisture: 

~= E + E 
0 c 

- p (15) 

where 
E is evaporation from the ocean, 

0 

i.e., 
E is evaporation of cloud matter, c 
E ~ HEvc/L c. (16) 

and P is precipitation per unit mass of air. 
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In energy units we may write (15) in the form: 

L ~ = LEo - HCON + HEVC 

Adding equations (17) and (9), we obtain: 

(17) 

(18) 

In the absence of heat sources and sinks gz + c T + Lq is conserved following 
a parcel. It can be modified by surface moistu~e flux LE0 , by flux of sens
ible heat of the lower boundary HSEN and by radiative processes HRAD' 

(ii) Conditional instability of the first kind 

In a conditionally unstable atmosphere the prevailing lapse 
rate of the atmosphere lies between the dry and the moist adiabatic lapse 
rates. If a parcel of air is lifted from the Earth's surface to the lifting 
condensation level and then lifted further along the moist adiabat, the par
cel will become buoyant and find itself warmer than the environment. Ver
tical motions and clouds result in these situations. Kuo (1961) and Lilly 
(1960) have examined the question of what horizontal scales would be most 
unstable under the above conditions. We present here a very brief outline 
of this linear analysis. 

The basic framework is the so-called Boussinesq system of equations 
(see Phillips, 1967). These are linearized with respect to a basic state 
hydrostatic atmosphere whose thermal stratification is stable in the dry 
sense (+ d8/dz > 0) and unstable in the moist sense (d8e/dz < 0) in the lower 
troposphere . . 

The basic state is defined by the following parameters: 

(i) 

(ii) 

(iii) 

Density stratification a 

ds Static stability dZ 1 deo 

eo az 

1 dpo 
p;az 

dq 
Vertical stratification of specific humidity n = ~ d 

0 

qo z 
Here eo, p0 , q 0 , respectively, are the basic state potential temperature, 
density and the specific humidity. This base state is conditionally unstable. 
The moist adiabatic heating in a conditionally unstable atmosphere is usually 
expressed by: 

Q Lv Pt-
where (q = qs) (i.e., saturated). 

In linear problems one frequently writes Q as: 
dq 

Q = - L ~ W 
V ut 
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where the vertical velocity W is upward, Lv is the latent heat of condensa
tion and qs is the base state stratification of saturation specific humidity. 

The follmving five equations describe the linear equations for the 
stability problem: 

Here 

Horizontal equations: 

L(u) fv 

L(v) + fu 

aTf 

ax 

Vertical equation=. 

L(W) "" aTr + os' 
3z az 

. V • V + aW = 0 

First continuity law of thermodynamics: 
d 1 L dqs 

L(S 1
) + =zs W Q 

u<: cpT 0 cpT0 ~ 

a a · 2 L - at + u 0 ax - vv ; S I :: Cp .Q.n e I ; 

(1) 

(2) 

(3) 

(4) 

(5) 

R/c 
Tf "" (p/po) p 

From here on, one follows the usual procedure of eliminating variables 
to obtain a single equation for a single variable. This is usually that for 
the vertical vel6city W, i.e.; 

L (f2 + L2) .1._ - -- + L ds + _v_ s + L2 V W - 0 ( 
1 3 p 0 WJ ( gL dq J 2 

az Po az g dZ cpT0 ~ 2 - ( 6) 

faz 
Kuo next introduced a new variable ~ "" p0 W 

obtained the relation: 
e z- and upon substitution in 

(6) 

where 

( 
2 2 } 

L (f
2 + L

2
) :z~ - ~ ~ + L (-gS + L

2
) 

ds Lv dqs 
S = - dZ- c T- ~ 

p 0 

Next he assumed solutions of the form: 

A eqt sin ~ F(x,y) 

0 

2 2 2 
where F is a trigonometric function of x and y such that V F ~ F 
where q is the frequency, a is the horizontal wave number, 2 h ' 

(7) 

(8) 

and k is the vertical wave numbe~ Substitution of (8) into (7) leads to 
relation: 

q 

where v is the viscosity coefficient. The condition for the existence of 
an amplifying wave turns out to be: 

the 
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2 2 ga S - f > 1 
1 + a

2 

Here the maximum value of q, i.e., k = 1 (the largest vertical wave in the 
troposphere) is considered. 

This condition is equivalent to requlrlng that S > 0 for growth where 
S = l/T 0 (y - Ym) is a measure of the moist static instability (y and Ym 
are the prevailing and the moist adiabatic lapse rates). Kuo next 
plots q versus a (i.e., growth rate versus scale) for different values of the 
moist static instability parameter S. The graph clearly shows that for the 
tropical atmospheric range of values of S, the maximum growth rate (when 
friction is included) is on horizontal scales of the order of a few km. This 
is what we understand as the conditional instability of the first kind. 

(iii) Arakawa's identity used in Chapter 6 

This relates the saturation specific humidity to the moist static 
energy. 

Let y L/ cp ur~) p 

~ ~f*· expressed in finite difference form 
cp 
L (qci- ci) 

(see Chapter 6 for symbols) 
Cp (T .. - T) 

Cl 

qci - q 
L (since s = gz + cpT and zci 

(s . - s) 
Cl 

h . - fi;\
Cl 

sci - s 
h s + Lq 

Hence to obtain the relations: 

sci - s = I ~ y (hci - h*) 

and - y -
L (qci - q) = ~ (hci - h*) 

These are very frequently used relations in the formulation of convection. 
Here * refers to a saturation value. 

(iv) Necessary conditions for the existence of barotropic instability 

We start from the barotropic vorticity equation: 

(1) 
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and express it in linearized form: 

(s (2) 

where U, the basic zonal flow, is a function of y only, and the perturbation 
stream function ~ is a function of x and t. 

We write~ 

~ = IJI (y) ei).l (x-ct) 

where c is a complex phase velocity. Upon substitution of (3) 
obtain: 2 

(U - c) [!;; -bJ -r:y¥ - s] ' = 0 

(3) 

in (2) we 

(4) 

We assume a current of finite width centred at y = 0 with rigid boundaries 
at y = id, since normal velocities should vanish at these boundaries: 

v(±d) = f* (±d) = i).l IJI(±d) ei).l(x-ct) = 0 

which is the same as: 

IJI(d) = IJI(-d) 0 

(5) 

(6) 

Both the phase speed and the amplitude function '!' considered here are complex. 

We may write: 
(7) 

~'( 
Let IJI be the comp'lex conjugate of IJI; multiplying equation (4) we obtain~ 

2 2 
(U - c) [IJI~'( :Yi - iiJIIJI*] - [:YR -sJ n* = o (8) 

Note that: 

ljl'k d
2

1J' d (ljl~'( ~yljl) diJI"k diJI 
dy2 = dy uv - dy ay (9) 

IJIIJI* = /IJI/2 (10) 

and 

diJI diJI·k I ~ylj/12 Ty ay= uv 
(11) 

Dividing (8) by (U - c) and 

(12) 

Integrating (12) from -d ·to d: 
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(13) 

Noting that ~ vanishes at y = ±cl, its real and imaginary parts should each 
vanish at y = "±cl, hence IJ!'>'( also vanishes at y = ±cl, the first term of (13) 
vanishes, and we thus have: 

(d {v2 j.l2 + ~~~2}dy 

=- C {[:~- s]/ lu- cl 2
} (u- c)*W dy (14) 

where we have multiplied the right-hand side of (13) by the complex conjugate 
of (U - c) . 

Note that (U - c)* = U - er+ ic.. We can write the real and imagi
nary parts of equation (14); the imaginafy part is: 

0 = (15) 
u - c I 1

2 dy 

Vanl.'sh (ddy
2
¥ - a] must for amplifying waves c. f 0. Thus for the integral to ~ 

change sign at least o~ce in the interval y = td. Thus we 
write the necessary conditions for barotropic instability as: 

[d
2
U l O 

dy2 - s y=yk = 
- d < yk < d (16) 

which is equivalent to stating that: 

dz;;a d (- dU + 
f) = 0 (17) ay =dy dy y = yk 

Hence, absolute vorticity sa should be maximum or minimum at some latitude 
in the basic current. 

(v) Finite-difference methods for studying barotropic instability in 
the tropics 

Basic equations: 

If the motion is purely horizontal and non-divergent, the vortic
ity equation can be written as: 

dz;;a ( (J ] -= -+w ·v z;; =o dt C!t H a (1) 
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We may define a stream function for a perturbed motion as: 

81/J 
u = - Cly' (2) 

where 1/J is a stream. function. Using equation (2), we can write e.quation (1) 
in the usual form: 

(3) 

By application of the method of perturbations, (3) can be linearized and 
written in the form: 

where 

(i) 

(ii) 

(iii) 

(4) 

a prime denotes a differentiation with respect to y; 

S = ~f and f is the Coriolis parameter. S is assumed constant 
Y for this analysis; 

U is the zonal current and U = U(y). 

We can write down the stream f~ction in the form: 

ljJ(x,y,t) cf>(y) eia(x-ct) (5) 

i.e., assume that this perturbation has a harmonic form. 

Substituting for ljJ(x,y,t) in ~quation (4) yields a linear, second
order differential equation in the form: 

where 

and 

(U - c) (et>'' - a 2 cp) + (S - U") cp = 0 (6) 

a is the wave number 
c is the phase speed which may be complex, i.e., c = c + i ci r 
cp denotes the unknown amplitude of the perturbation. 

Method of finite differences: 

Consider a domain as shown in which the real amplitude functions cp 
vanish at the north and south boundaries, i.e.: 

cp (0) = cjl(M) = 0 (7) 

t~t 
y M 

y M-1 
y H-2 

t Figure 1 - The domain 

J .... 
y 2 
y 1 
y 0 
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The eigenvalue problem, namely the determination of values of c, the phase 
speed, for which solutions of the systems (5) and (6) existJis solved here 
by the use of finite differences. 

the 
For a point YJ iri the domain, the derivative et>" is approximated by 

finite-difference relation: 
2 

(~J+l + ~J-1 - 2 ~J)/~ (8) 

Equation (6) can now be expressed in the form: 

(UJ - c) (ct>J+l + ct>J-l - 2 cpJ)/6
2 

- a
2 

cpJ 

2 
+ [S - (UJ+l + UJ-l - 2 UJ)/~ ] ct>J = 0 

(9) 

Both the complex phase speed c and the amplitude function cp are unknown at 
this stage. In order that we have an amplifying or non-amplifying wave, we 
need to know whether c is real or imaginary. This can be done by first col
lecting all terms involving cp in (9), at all points in the interior of the 
domain between y = 1 and y = (m-1), and then writing down a matrix equation 
for cp in the form: 

(B - cD) (~) = 0 (10) 

where B and D are known functions of U, a, S and ~. We seek non-zero solu
tions for the amplitude cp. This means IB - cDI = 0. The characteristic 
values of c may now be obtained by imposing the condition for non-trivial 
solutions for the cp. This determines the M-1 complex eigenvalues for the 
phase speed c. The growth rate aci for each of the modes determines the 
scale that has the maximum growth rate. Thus one can construct a stability 
diagram with a plot of horizontal shear U' as a function of scale a. This 
approach is due to Haltiner (1963). One can also construct the eigenstruc
ture of the most unstable wave by substituting for c. in the wave equation. 

. 1 

(vi) Combined barotropic/baroclinic instability 

where \VH is 
by: 

We start from the potential vorticity equation: 

u:lt + \VH • Vp) p = 0 (1) 

the horizontal wind, and P is the potential vorticity defined 

p = 'i721jJ + f + _l_ [fo 2 :£1.) (2) 
ap a ap 

where 1jJ is the stream function and the dry static stability a is defined by: 

(J = ~ _l_ Jl,n e ; et> is the geopotential and e the potential ap ap 
temperature. We shall next carry out a perturbation analysis: 

hence 

Let P p (y,p) + P' (x,y,p,t) 

DP 
Dt ~ ..l... + (u + u • > 1._ + v • 1._ l P 

pt ax ay\ 0 
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The linearization of the above yields: 

(~ + U ~] p 1 +V 1 ~ p = 0 (3) 
dt ax ay 

where the basic zonal current u is a function of both y and p. We define 
the basic state potential vorticity by the relation: 

2 

'P = v2\iJ + f + ~ (~ a\i)] (4) ap a ap 

The perturbation potential vorticity is defined by: 

PI = v2~~ + JL (~2 JL w~] 
ap a ap 

where v' = aw' and - u = JL \i). ax ay 
We shall next write: 

~· w(y,p) ei(kx-nt) 

and obtain: 
ei(kx-nt) - {<ik)2 ~(y,p) + ~ w(y,p)1 

+ ei(kx-nt) JL (fo
2 

__ a '''( )al . 
ap a ap 'I' y' p J 

P' 

Substituting for P' in equation (3) gives: 

r 2 a2 
. . (fo2 

]·} (-in) le (ik) ~ + -.:-2," ~ + .1_ - ~ ~ 
. .. ay ap u ap 

+ (ik) i1 {(ik) 2~ + E_~7 W + _L (fo 2 _L ~]} 
ay ap u ap 

+ (ik)~ _L p = 0 ay 

Division by ik results in: 

- { 2 a
2 

(u-c) -kw+-::-z~+ 
ay 

where c = n/k. 

(5) 

(6) 

(7) 

(8) 

Upon multiplying equation (8) by w*, the complex conjugate of ~. we 
obtain: 

2 

k2 2 {a 
2 

a f o awl c-
1 1

2 aP' _ 
- (u - c) I~ I + ~* ::-2 lP + ap -CT- SI> I u - c) + ~ ay - 0 

ay J 
Note 

.1...(~·"' aw)- all!'"' ~ ay ay ay ay 

(9) 

(10) 
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Also note that: 
f 2 

"/( _1_ _o_ _1_ l/! = _E.._ !/!~'( 
l/! ap (]' ap 3p 

f 2 
0 

(11) --
(]' 

Upon substitution of equations (lO)and (11) in equation (9), we obtain: 

2 
- (u - c) k2 ll/J 12 + {_1_ lj!i( _1_ l/! - l.£j_l t (u - c) ay ay ay 1 

2 2 

+ (u - c) .J 2 l/J~'< ~ .£j_ - ~ lal/J 12'- + ll/J 12 ail= o L ap (]' ap u 8p ) ay 

Integration of the above equation 
assumption of rigid boundaries at y = ±d, 

- (u- c) {k
2 I~PI 2 

+ '*' 2 

over the y - p plane 
i.e., lj!(±d) = l/J*(±d) 

2 

+ ~ l.£j_/2 dy dp 
u ap 

(12) 

with the 
= 0 yields: 

2 

+ ( u - c) Jd J o aap l/J* f: ~~ dy dp + t J o ll/J 12 * dy dp 
-d Po -d ~ 

0 

(13) 

The thermodynamic energy equation may be written as: 

l__E__.£j_+ 1 w ·V.£j_=-crw 
~ at ap ~ g ap o (14) 

Upon substitution of l/J = ~ + l/J', and linearization we obtain: 

a 3 l/J' +u_1_2l/J' +V'_l___E__ ~=--~= a
0

w at ap ax ap ay ap ~ 
(15) 

We next assume, as above, a solution of the form: 

l/!, = l/!(y, p) ei(kx-nt) (l6) 

which yields: 
ei(kx-nt) [<-in) ~~ + u(ik) ~ - (ik) l/! aU] = - fa crow (17) 

ap ap apj 

If we assume w = 0 at p = Ib , and p = 0, then at the top and the bottom of 
a - - ) alj! the atmosphere we can_set l/J ap u = (u - c ap' since n = kc. It is neces-

sary to assume that ~~ = 0 at p = p0 , p = 0, in order to proceed to obtain a 

necessary condition for instability. Such an assumption is consistent with 

the existence of a jet-like vertical profile of u. 

Therefore, with the assumption: 

2 
fo a 

!/!~'( -(]'- ap l/! dy dp 0 (18) 
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Equation (13) can now be written as: 

. 2 f 2 2 If {k2 1 ~ 1 2 + ~~~~ + ~-J*j } 
2 ap 

Jf ~~I_ 3 dy dp (19) 

We may furthermore write c = cr + i Ci, the sum of real and imaginary parts 
of the phase velocity,and hence obtain: 

If 
2 fo 2 

1~12Jdy ( k21 ~ 12 + I~~ I - u dp 

If 
I~ 12 ar,- 1~12 L I> 

a~ c dy dp - i c. J J ay 2 dy dp (20) 
(u - c) r J. (u - c) 

Since the left-hand side and the first term on the right-hand side of equa
tion (20) are real, 

d -
ci Id fb lwl a:r p d dp = 0 

(u - c) Y 
-d Po 

For amplifying waves we require that c. f 0, i.e. : 
l. 

If lwl ~; cu- c)
2 

dy dp = o 
d -which leads to ay P)yk = 0 for yk in the range - d < yk < d 

Thus the necessary condition for combined barotropic/baroclinic 
is that: 2 

(21) 

(22) 

instability 

"- "2 _ " f 0 " _ ap _ (S _ _ a_ u _ _ a __ a u) 
ay - al ap u ap 

0 somewhere in the domain, 

or 

or 

where N 2 
s 

2 
fo "2u- 2 "- " 1 --:---z- fo, aU a (a-)= 0 
u ap ap 3P 

2 
fo 2 2 

- ~ (p g ) 
Ns 

a2 - 2 2 au ap _ 
___,.- u - 2 ~ fo - 0 apL. N ap ap -

s 

g/ e ~ and l N 2 - a<jl l a e 
az 0 = ;z;:x s = 3P 8 ap 

(vii) Kinematic vertical velocity for a triangular array 

Three weather stations are located at points P, Q, and R whose 
coordinates, respectively, are x1 y1 , x2y2 , x 3y3 . 

The horizontal motion fields(u,v) are given at these three loca-
tions. 

We expand u and v as lineqr functions; 
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u ax + by + c 
(1) 

v px + qy + r 

Since u and v are known at three locations each, the six constants a, b, c, 
p, q and r can therefore be expressed as functions of u1 , v1 , u2 , v 2 , u 3 , v3 . 
The divergence at each level is given by: 

au + av 
ax ay a+ q (2) 

A correction ensuring that the vertically integrated divergence vanishes 
over the atmospheric depth can easily be made by assuming that the error 
in divergence is proportional to the magnitude of the divergence. 

I 
i · e · ' 11 • \V corrected = V ·\V uncorrected + E I V ·\V I uncorrected such that 

V ' \V corrected dp = 0 

E =- rev •\V)uncorrected dp 

Jlv • Vluncorrected dp 

Vanishing of the vertically integrated mass divergence is essential for 
budget studies. 

(3) 

It is also important that velocities, i.e. u, vJare accordingly 
corrected at all levels consistent with the divergence correction. Here 
it is convenient to assume that the directional error is small and most of 
the error in the divergence is due to the speed of the wind. 

If e tan-l v/u, we state that: 

V uncorrected 

uuncorrected 

V corrected 
·u.corrected 

Furthermore, the correction in u and v should be made by correcting the 
coefficients a and q since they define the divergent part of the wind. We 
have the corrected values of a + q, i.e. 

1 
a"~~ + q* = a known quantity. 

Using the relation: 
px + q"~~y + r 
B.*x + by + c 

px + qy + r 
ax +by+ c 

we have two equations for the two unknowns a* and q* which can now be deter
mined. Thus u and v at each level can be corrected. This is very useful 
for obtaining better estimates of -\V • VAin budget equations. 

(viii) The Ekman vertical velocity 

The total mass transport along the isobars is to a first approx-
imation proportional to the geostrophic transport, and will therefore be 
approximately non-divergent. Mass transport across the isobars may be 
written: 

D 
H 
f F lk x P o\V go (Charney and Eliassen, 1949) (1) 

where F sin 2a ~ and\Vgo is the geostrophic wind in the friction 
layer. /2' 
Hence, D sin 2a {!; Jk x p0 \V 0 where H is the thickness of the boundary g 
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layer, F is the frictional force per unit mass of air, p is the density of 
air at the surface, f is the Coriolis parameter, K is the coefficient of 
friction and a is angle of inclination of the flow to the isobars. 

Flow across the isobars in the friction layer produces compensating 
currents across isobars aloft since there is no net accumulation or reduction 
of mass in the friction layer. So, .to a good approximation: 

di v ID + p0 W 0 = 0 

where Po = density at the top of the friction layer; Wo 
at the top of the friction layer. 

vertical velocity 

Thus, from equation (1): 

W0 = 1/Po div ID ~ ~ F l;g 0 

hence 
- pg (~] 1/2 

..<..I.Q (sin 2a) l:;go 

(ix) Explanation of terms in the energy equations 

In Chapter 17 we presented the energy equations (see equations 
17.3 to 17.6). First one notes that in the absence of generation, dissipa
tion or boundary flux terms, the total energy, i.e. (P + P' + K + K') is an 
invariant. 

(P · K) - ~. r) 

<p . P) - (P•· P) 

(P ' · K ~ = - (K' • P ~ 

<K · K') 

denotes the generation of zonal kinetic energy by 
Hadley type overturning. If warm air ascends in 
certain latitudes and relatively colder air descends 
over other latitudes, this term would contribute to 
a generation of zonal kinetic energy. 

This term denotes a generation of eddy available 
potential energy. If eddy heat flux is directed 
down the gradient of the zonally averaged tempera
ture field, then this term is positive and gives 
rise to a conversion of energy from zonal to eddy 
available potential energy. 

denotes a generation of eddy kinetic energy from 
eddy available potential energy. If on the scale 
of the eddies warmer air ascends and relatively 
colder air descends, a generation of eddy kinetic 
energy results. This term is important in many con
vectively driven disturbances over the tropics. 

generally signifies barotropic generation of eddy 
kinetic energy from zonal kinetic energy. This is 
a very important process in the tropics, being gen
erally large when convergence of eddy flux of east
erly (or westerly) momentum occurs in a region of 
westerly (or easterly) jets. 
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denotes a generation of zonal available potential 
energy by heating. This is usually positive when 
the zonally averaged temperatures are positively 
correlated with a heating function. The tropical 
Hadley cell is an example where G tends to be posi
tive. 

denotes a generation of eddy available potential 
energy. This again is positive if the heating 
occurs in regions of warmer anomalies and cooling 
occurs in relatively cold regions. This term is 
fairly important in the tropics and heating functions 
such as convective heating, sensible heating, radi
ative processes and large-scale condensation can 
contribute to the increase or decrease of eddy 
kinetic energy. 
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